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Abstract

The Taupō Volcanic Zone (TVZ) is the southern extent of the Tonga-Kermadec volcanic
arc, forming a rifted arc due to its interaction with the nearby Hikurangi Subduction
Zone. The TVZ aligns closely with the Taupō Rift, with the two structures accommo-
dating extension in the region via magmatic and tectonic processes. Rates of seismicity
are high in this area, especially around Taupō Volcano in the central TVZ. A swarm
of earthquakes occurring between January and June 2001 contrasts with other periods
of increased seismicity, occurring slightly north of the volcano within the Taupō Fault
Belt. We have analysed this swarm of earthquakes to investigate potential interaction
between the tectonic and magmatic systems at Taupō.

We obtained data from two temporary seismic arrays deployed at the time of the
swarm and processed the data using non-linear location, matched-filter detection and
differential relocation to yield over 2000 more earthquakes than initially detected by
GeoNet. The relocated events indicated that earthquakes occurring within the fault
belt formed vertical clusters near small, unidentified faults. Prior to seismicity within
the Taupō Fault Belt, a large earthquake cluster was located beneath Lake Taupō’s
Western Bay, previously thought to be aseismic. Focal mechanisms calculated for six
of the eight largest magnitude earthquakes within the swarm are consistent with a
rotation of the maximum compressive stress axes to horizontal during the swarm.

We interpret the earthquakes detected beneath the Western Bay as signalling unrest
from an intruding, possibly mafic, magma body, such as have been identified at numer-
ous other calderas. Fluids and increased horizontal stress from this intrusion triggered
the resulting seismicity in the Taupō Fault Belt, which display vertical clustering and
small-scale propagation to support this. Increased horizontal pressure from the in-
trusion rotated the axis of maximum compressive stress, indicated by strike-slip focal
mechanisms and mirroring the same process in other caldera settings. This is a further
example of volcano-tectonic interactions in the central TVZ, involving a previously
unexplored area beneath Lake Taupō’s Western Bay.
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2.1 Map of seismometer arrays used for data acquisition. . . . . . . . . . . 28

2.2 Deployment dates of seismometer stations in the CNIPSE array. . . . . 30

2.3 A simplified workflow diagram outlining the data processing methodol-
ogy and calculation of focal mechanisms. . . . . . . . . . . . . . . . . . 35

2.4 An example of one of a template event, picked in Snuffler for use in
matched-filter detection. . . . . . . . . . . . . . . . . . . . . . . . . . . 36

2.5 Frequency of earthquakes detected by GeoNet . . . . . . . . . . . . . . 37

2.6 Example of NonLinLoc hypocentre location outputs. . . . . . . . . . . 43

2.7 Examples of the 2.5D velocity model used by NonLinLoc and the 1D
alternative model. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 46

2.8 Comparison of travel time grids from the 2.5D velocity model and the
alternative 1D velocity model. . . . . . . . . . . . . . . . . . . . . . . . 47

2.9 Comparison plot of different GrowClust relocation outputs using varying
rmin values . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 52

2.10 Histogram of earthquake magnitude distribution. . . . . . . . . . . . . 55

2.11 Example of focal mechanism result plots . . . . . . . . . . . . . . . . . 58

3.1 Histogram of the absolute horizontal and depth error distributions cal-
culated by NonLinLoc . . . . . . . . . . . . . . . . . . . . . . . . . . . 62

3.2 Histogram of the relative horizontal and depth error distributions cal-
culated by GrowClust . . . . . . . . . . . . . . . . . . . . . . . . . . . . 62

xiii



List of Figures

3.3 Map of template earthquakes, picked in snuffler and located by NonLinLoc 64

3.4 Map of swarm earthquakes as relocated by GrowClust. . . . . . . . . . 66

3.5 Cross-section of earthquakes occurring in the northwestern Taupō Fault
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Chapter 1

Introduction

1.1 Research objectives and motivation

1.1.1 Why Taupō?

Lake Taupō occupies the caldera of Taupō Volcano (Figure 1.1), which dominates the
southern portion of the central Taupō Volcanic Zone in New Zealand. Taupō Volcano is
one of two currently active volcanic calderas in the central Taupō Volcanic Zone, along
with Okataina Volcano, and has erupted 25 times in the last 12,000 years (Barker et al.,
2015, 2021). The eruption deposits from these events show little correlation between
their size and the time separating them, highlighting the unpredictable nature of the
volcano (Wilson, 1993).

The lack of correlation is likely due to the proposed interplay of three independent
factors: the rhyolitic magma reservoir beneath Lake Taupō, the mafic magma feeder
system, and tectonic stresses around Taupō (Rowland et al., 2010). Understanding this
complex three-way coupling mechanism is key to eruption hazard forecasting at Taupō.
This important considering its close proximity to Taupō and Kinloch townships (Fig-
ure 1.1) as well as several geothermal power plants. Recent geophysical studies, such
as seismic imaging and relocation of earthquakes beneath Lake Taupō have provided
insight into subduction-related flux melting and how it is fuelling the current silicic
magma reservoir beneath Taupō (Stern & Benson, 2011; Barker et al., 2021; Illsley-
Kemp et al., 2021). The presence of a shallow magma reservoir was further indicated
by seismic anisotropy analysis, which highlighted a zone of stress deviation around the
lake (Illsley-Kemp et al., 2019).
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Chapter 1. Introduction

Figure 1.1: Map of Taupō area, showing the locations of the Taupō caldera
and the Taupō Fault Belt to the north. The western bay of Lake Taupō has
been identified as it is relevant. Four major faults within the fault belt have
been labelled. The black star represents the Horomatangi Reefs volcanic
vent site. The two triangles designate local townships (green: Kinloch,
purple: Taupō).
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1.1. Research objectives and motivation

Taupō Volcano is closely aligned with the Taupō Rift, prominently expressed as the
Taupō Fault Belt (Rowland et al., 2010) on Lake Taupō’s northern shore (Figure 1.1).
The Taupō Fault Belt is comprised of multiple northeast-striking faults, including
four prominent ones controlling the topography of the belt. These are the Kaiapo,
Whakaipo, Ngangiho and Whangamata faults (Figure 1.1), which have all been as-
sociated with either confirmed or inferred surface cracking during documented unrest
periods (Hull & Grindley, 1984; Otway et al., 1984; Potter et al., 2015). Differentiating
earthquakes of tectonic and magmatic origin around Taupō can be extremely challeng-
ing, but determining whether there is unrest within the magma reservoir is important
for eruption forecasting in addition to government and private business forward plan-
ning (Charlton et al., 2020). Furthermore, seismicity is a valuable tool for aiding the
understanding of factors influencing Taupō Volcano, with numerous periods of unrest
within the caldera being used to demarcate possible future eruption sites and the extent
of the modern magma reservoir (Potter et al., 2015; Illsley-Kemp et al., 2021).

Understanding of Taupō’s magma reservoir has improved in recent years, in large part
due to the work of the ECLIPSE (Eruption or Catastrophe: Learning to Implement
Preparedness for future Supervolcano Eruptions) research program. The ECLIPSE
program is aiming to further understand what causes switches between dormancy, un-
rest and eruption at New Zealand volcanoes, while also determining mitigation strate-
gies for future eruptions. At Taupō, ECLIPSE is aiming to improve earthquake detec-
tion and location while also producing direct seismic imaging of the Taupō magmatic
system (Barker et al., 2021). However, quantifying how this reservoir interacts with
the Taupō Rift is less clear. There is evidence that tectonic processes are responsible
for triggering past eruptions at Taupō and the tectonic stress state around the volcano
is inferred to be a key factor in whether an eruptible melt body can form (Rowland et
al., 2010; Allan et al., 2012).

The primary objective of this thesis is to investigate the interaction between Taupō’s
magma reservoir and the local tectonic system, specifically the Taupō Fault Belt.
Studying the potential interaction between these structures on a refined scale will help
to build on the current understanding of the factors influencing Taupō Volcano’s activ-
ity. Ideally, this research can be further used to inform hazard management planning,
for both seismic and volcanic hazards, around Taupō.
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Chapter 1. Introduction

1.1.2 Why Focus on 2001?

To investigate the potential effects of the tectonic system upon Taupō’s magma reser-
voir, and vice versa, we will be utilising earthquakes occurring in the region. A period
of unrest occurs when seismicity rises above a constant low threshold exhibited by
many volcanoes (Potter et al., 2014; Potter et al., 2015). This threshold will vary rel-
ative to each volcano. Utilising the "Volcanic Unrest Index" (VUI) Potter et al. (2015)
have defined moderate unrest at Taupō Volcano as having the following characteristics:
earthquakes swarms lasting between 90 days and 6 months, earthquakes occurring be-
tween 4–8 km depth within the caldera, more than 30 magnitude > 4 earthquakes per
month and/or a ground deformation rate of more than 100 mm/year from a source at
4–8 km depth. Four of these ‘moderate’ unrest periods were identified in 1887, 1922,
1964 and 1983 (Potter et al., 2015), although these were all prior to the deployment
of seismometers around the lake in 1985. Instead we are focused on the four peri-
ods of minor unrest which have occurred since instrument deployment. These periods
are as follows: 1996-99, 2001, 2008 and 2019 (Peltier et al., 2009; Potter et al., 2015;
Illsley-Kemp et al., 2021). The accuracy of earthquake locations within these periods
increases with time, however there are clear parallels between the 1996-99, 2008 and
2019 swarms. In all, seismicity occurred beneath the lake, within the bounds of the
Taupō caldera and show little evidence of fluid motion or slip on any surrounding faults
(Potter et al., 2015; Barker et al., 2021). While some of these unrest periods provide
valuable information about the magma reservoir (Illsley-Kemp et al., 2021), they tell
us little about the local tectonic system.

This leaves the minor unrest which occurred in 2001, primarily within the Taupō Fault
Belt. The initial location of this seismic swarm and the apparent linear distribution of
earthquakes are in stark contrast to other seismic swarms recorded around Taupō. The
GeoNet locations for these events constrain them outside the bounds of Taupō caldera
and align them with the prominent Kaiapo Fault. Given unrest beneath the caldera
has been attributed to the underlying magma reservoir (Illsley-Kemp et al., 2021), this
suggests the 2001 swarm may be the result of slip on faults within the belt.

This thesis will focus on analysing the temporal and spatial distributions of the relo-
cated events that occurred during the 2001 swarm, aiming to interpret patterns in these
distributions. This approach will uncover any interaction between the faults within
the Taupō Fault Belt, as well as the direction in which earthquakes are propagating.
Further understanding the dynamics of the Taupō Fault Belt and any interaction it
may have with the underlying magmatic system will help shed light on the large-scale

4



1.1. Research objectives and motivation

magma-tectonic processes at play in the central Taupō Volcanic Zone.

Given the 2001 earthquake swarm’s contrasting distribution to others in the area, it is
imperative to utilise the recorded earthquake data and process it to achieve increased
resolution. Analysing these events will help interpret the faults within the Taupō
Fault Belt and the wider tectonic system at Taupō. Determining the state of any
interaction these faults may have with Taupō Volcano may also be critical for future
hazard modelling in the region.

1.1.3 Research objectives

The research objectives of this thesis can be summarised as below:

1. To identify and accurately locate earthquakes that occurred during the 2001
unrest period in the Taupō Fault Belt.

2. To determine, through the distribution of earthquakes and by calculating focal
mechanisms, whether these events are the result of tectonic or magmatic pro-
cesses.

3. To analyse the spatial and temporal distribution of the located events, with the
goal of identifying fault planes and propagation patterns

4. To investigate any interaction between the faults in the Taupō Fault Belt and
Taupō Volcano. This will serve a broader objective of furthering understanding
of the interplay between the tectonic and magmatic regimes in the central Taupō
Volcanic Zone

5. To identify possible hazards that further motion on the accommodating faults in
the Taupō Fault Belt may pose. This will encompass both the fault related haz-
ards and the potential for any volcanic hazards that may result from interaction
between the Taupō Fault Belt and Taupō Volcano.

5



Chapter 1. Introduction

1.2 Geological background

1.2.1 The Taupō Volcanic Zone

The Taupō Volcanic Zone (TVZ) is the southernmost stretch of the ∼2800 km Tonga-
Kermadec volcanic arc (Figure 1.2), with its ∼300 km continental extension dominating
New Zealand’s central North Island (Cole & Lewis, 1981). However the TVZ does not
share the typical front to back-arc configuration of the Kermadec arc and is instead
defined as a rifted arc (Wilson et al., 1995, 2009). This is because the TVZ is the
onshore product of the adjacent Hikurangi Subduction Zone (Figure 1.2), where the
Pacific plate is being obliquely subducted west beneath the Australian plate (Wright
& Ballance, 1993; Parson & Wright, 1996; Wallace et al., 2007; Villamor et al., 2017).
This convergent margin ultimately drives heat flow in the TVZ, with volcanism fu-
elled by basaltic magma originating from partial melt on the subducted mantle wedge
(Eberhart-Phillips et al., 2020). These basaltic intrusions act to recharge the shallow
silicic system in the central TVZ through a complex mechanism of sills and crystal mush
zones (Barker et al., 2020). The TVZ shows strong segmentation based on magmatic
composition, with andesitic volcanism dominating its southern and northern regions
(Wilson et al., 1995, 2009). The central TVZ is rhyolitic in composition and houses
as many as eight caldera systems (Wilson et al., 2009). Present-day heat flow is an
order of magnitude less and the average magma eruption rates are significantly lower
in both the northern and southern TVZ when compared to its central segment (Cole
et al., 2000).

The central TVZ is broadly analogous to other large caldera systems such as Yellow-
stone in Wyoming, leaving a similar geographic footprint with even higher eruption
rates (Wilson et al., 1984, 2009; Wilson & Charlier, 2016). These calderas each have
prominent hydrothermal systems and regular unrest despite not producing any erup-
tions on a human timescale (Acocella et al., 2015). Felsic calderas (e.g. Rabual caldera
in Papua New Guinea) are more complex than their mafic counterparts (e.g. Taal
caldera in the Philippines), which are characterised by repeated cycles of unrest and
inflation, typically followed by eruption (Acocella et al., 2015). By contrast, felsic
calderas experience numerous unrest periods without an ensuing eruption, with mag-
matic injections possibly buffered by large magma chambers or hydrothermal systems
(Acocella et al., 2015). In addition, calderas analogous to those in the central TVZ are
judged to have semi-plugged conduits, with magmatic intrusions resulting in resurgence
in the surrounding area. This semi-plugged state allows larger magmatic systems to
sufficiently de-gas to stave off eruption, accommodating magmatic intrusions as melt
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1.2. Geological background

Figure 1.2: A map view of New Zealand’s central North Island. The modern
Taupō Volcanic Zone (red) has been adapted from Rowland et al. (2010).
The two active caldera systems are Taupō and Okataina (purple outlines).
The axis of the Taupō Rift, which aligns closely with the Taupō Volcanic
Zone, is shown with a dark blue line. Active faults are shown in black. The
wider tectonic setting, outlining the Hikurangi Subduction Zone (HSZ) and
the opposing senses of subduction, is inset bottom-right.
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bodies (Acocella et al., 2015).

There are currently two active caldera volcanoes in the TVZ (Figures 1.2 & 1.3). The
first is Taupō, which last erupted in ∼232CE (Hogg et al., 2012, 2019) and which
defines the southern portion of the central TVZ with its overlying Lake Taupō (Wilson
& Walker, 1985; Davy & Caldwell, 1998). The Oruanui super-eruption, which occurred
∼25.5 ka, and collapse of the resulting caldera also contributed significantly to the
structure of Lake Taupō (Davy & Caldwell, 1998). The southern terminus of Taupō
Volcano is marked by the Maunganamu and Kuharua rhyodacite domes (Wilson et al.,
1986; Sutton et al., 1995).

The second caldera currently active is Okataina Volcano, which sits at the northern end
of the central TVZ (Wilson et al., 1995, 2009). Okataina Volcano is situated within
the Okatain Caldera Complex (Cole et al., 2005; Cole & Spinks, 2009). The most
recent rhyolitic and basaltic eruptions at Okataina occurred in 1314AD and 1886AD
respectively (Nairn et al., 2001; Sable et al., 2006). These two caldera volcanoes have
produced more than 770 km3 of rhyolitic magma combined over the past 60 kyrs
(Wilson et al., 2009).

1.2.2 Evolution of the Taupō Volcanic Zone

The chronology of the TVZ can be separated into three phases: Old, Young and Mod-
ern. The Old TVZ spans from 2 Ma to 350 ka (Wilson & Rowland, 2016). During
this phase, the TVZ is believed to have begun with andesitic volcanism before being
overridden by large volumes of rhyolitic volcanism around 1.6 Ma, which has persisted
since (Houghton et al., 1995; Briggs et al., 2005). A detailed stratigraphic and chrono-
logical record is yet to be defined for the Old TVZ, as most early eruption deposits
were lost to erosion or burial (Wilson & Rowland, 2016). However, some information
has been recovered using a combination of drill-core data (Gravley et al., 2006) and
outcropping in coeval sedimentary basins (Shane & Froggatt, 1991).

The transition from the Old to Young TVZ is marked by widespread fall and ignimbrite
deposits from the Whakamaru super eruption (Leonard et al., 2010). This acts as a
marker for the base of the Young TVZ, which spans from ∼350 ka until the Rotoiti
eruption at ∼55 ka (Barker et al., 2021). During this phase, the major structural
controls of the TVZ were established, controlling the position and nature of heat sources
and geothermal systems in the area (Wilson & Rowland, 2016). While this period was
dominated by silicic magma, there were some instances of basaltic volcanism from
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Figure 1.3: This figure consists of a two-panel plot, showing high resolu-
tion maps of the Taupō Volcanic Zone (TVZ, left) and Taupō Rift (right)
separately. The TVZ subplot has active caldera systems labelled and out-
lined in red, with inactive calderas outlined in black. Andesite volcanoes in
the southern TVZ were designated with purple triangles and labelled. The
Taupō Rift plot outlines the changing axis of the rift in red lines and active
faults in black.The Taupō Fault Belt is outlined with a blue box.
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200 ka onwards (Houghton et al., 1987). The alignment of these basaltic deposits with
NNE-SSW faults suggests they resulted from dike intrusions, originating from the mafic
feeder zone beneath the TVZ. Constructing a complete record of the Young TVZ is
challenging (Wilson & Rowland, 2016). The eruption record for this period is more
complete than the Old TVZ, especially for large eruptions, but smaller events remain
obscured (Manning, 1996; Wilson et al., 2009). This provides a good idea of general
volcanism, but leaves more nuanced trends unclear.

The Modern TVZ is defined as encompassing all deposits following the tephra deposits
from the Rotoiti eruption, dated at 54 ka based on argon dating and marine terrace
chronology (Berryman, 1992; Barker et al., 2016; Wilson & Rowland, 2016). This
eruption occurred from the Okataina caldera and its deposits are regionally extensive,
making it an effective marker deposit (Nairn, 1972). The Rotoiti eruption also marked
the onset of increased explosive activity from Taupō Volcano, which is a hallmark of
the Modern TVZ (Nairn, 1972). The Young and Modern TVZ are separated based
on the quality of their stratigraphic and chronological record. Following the Rotoiti
event, the eruption record for the central TVZ is considered complete (Vucetich &
Howorth, 1976). The Modern TVZ can be further subdivided based on multiple large
scale rhyolitic eruptions within this stage.

In the 20 kyrs following the Rotoiti eruption, volcanism was characterised by a wide
spread of eruption vents and a mixture of effusive and explosive styles (Barker et al.,
2021). These eruptions were typically separated by long periods of quiescence, with
a thick layer of undisturbed paleosoil around Lake Taupō suggesting up to 12 kyrs
without an eruption (Barker et al., 2021). The eruptive deposits produced during
this 20 kyr stretch are categorised into ‘Oruanui Type’ and ‘NE-dome Type’ magmas
(Sutton et al., 1995; Wilson & Charlier, 2009). The ‘Oruanui Type’ magmas primarily
erupted from vents in Lake Taupō and share overlapping major and trace element
compositions with magmas from the more recent Oruanui super-eruption (Wilson &
Charlier, 2009). In contrast, the ‘NE-dome Type’ magmas generally erupted northeast
of Lake Taupō (Sutton et al., 1995). Geographic separation in addition to contrasting
composition and zircon age spectra indicates two independent magmatic systems were
operating in the TVZ between the Rotoiti and Oruanui events (Charlier et al., 2005;
Wilson & Charlier, 2009).

The Oruanui super-eruption (∼25.5 ka) erupted over 1100 km3 of pyroclastic material
including 530 km3 of rhyolitic magma through ten phases (Allan et al., 2012, 2013).
This event was not only the largest phreatomagmatic eruption globally documented,
but also the youngest known supereruption (Self, 1983; Wilson & Walker, 1985). The

10



1.2. Geological background

dominant magma produced during the Oruanui eruption was a high-SiO2 rhyolite (Wil-
son et al., 2006; Allan et al., 2017). Two minor magma types also erupted, a low-SiO2

rhyolite magma and a biotite bearing rhyolitic magma (Allan et al., 2012; Myers et
al., 2019). The low-SiO2 magma was inferred as the less evolved magma feeding the
high-SiO2 magma, while the biotite rich magma was believed to feed into the Oruanui
chamber from the independent ‘NE-Dome’ system (Allan et al., 2012). This hints at
the complex interplay between the tectonic and magmatic processes occurring in the
TVZ.

Despite the size of the Oruanui eruption, only 5000 years passed before the next event
occurred at Taupō (Barker et al., 2021). This indicates the speed of recharge in the
reservoir beneath Taupō, reiterated by the 28 different eruptions which followed (Wil-
son, 1993). While some of the earlier eruptions were dacitic in composition, the remain-
ing 25 events, occurring solely in the last 12 kyrs were rhyolitic (Wilson & Charlier,
2009). This 12 kyr period at Taupō displayed wide varieties in eruptive volume, re-
pose time and vent locations (Wilson, 1993). This variation in eruptive behaviour is
inferred to have not occurred prior to Oruanui, with the addition of dacitic deposits
especially notable (Barker et al., 2014, 2015). This heterogeneous composition of de-
posits suggests the TVZ magma system was reset post-Oruanui, with a deeper mafic
source reinvigorating the shallower silicic system responsible for volcanism (Charlier et
al., 2010; Barker et al., 2015).

The Taupō eruption in 232CE marks the most recent development in the evolution of
the TVZ, with one eruption phase described as the most powerful Plinian outburst yet
documented (Wilson & Walker, 1985). This eruption occurred in the north-eastern
corner of the caldera created by the Oruanui super-eruption (Figure 1.4) and formed
the present shape of Lake Taupō (Davy & Caldwell, 1998). Similarly to Oruanui, the
Taupō eruption can be divided into seven distinct phases based on eruption intensity,
the amount of magma-water interaction and the location of the erupting vents. The
erupting vents migrated parallel to the strike of the TVZ (Healy, 1964; Froggatt, 1981).
This event is considered unique to the other post-Oruanui eruptions, given it produced
five times the amount of eruptive material (Davy & Caldwell, 1998). The pyroclastic
density current devastated approximately 20,000 km2, indicating the power present in
the current magmatic system (Wilson, 1985).
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Figure 1.4: Map of the Taupō region, outlining the different calderas be-
neath Lake Taupō. The Taupō caldera is shown in red, the Oruanui struc-
tural caldera in orange and the Oruanui collapse collar is depicted as a
yellow region with a dashed border. Horomatangi Reefs is represented
with a black star. Figure adapted from Illsley-Kemp et al. (2021).
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1.2.3 The Taupō Rift

The Taupō Rift is closely associated with the TVZ, currently widening at rates of 7
mm/yr in its southern region and 15 mm/yr to the north (Wilson & Rowland, 2016).
Rifting commonly occurs at divergent and intra-continental settings, such as the Afar
and Main Ethiopian Rifts (Ayele et al., 2007; Villamor et al., 2017). The Taupō Rift
is a product of the Hikurangi Subduction Zone, with variation in the angle of the
subducting slab producing the diverse expansion rates seen along the rift (Parson &
Wright, 1996; Seebeck et al., 2014). This convergent setting and association with
active volcanism, defines the Taupō rift as an intra-arc rift (Villamor et al., 2017).
Melting of the mantle is a fundamental control in rifting mechanics, as the rising of
mafic magma is an effective method to accommodate extensional strain (Rowland et
al., 2010). This control is provided by flux melting on the subducting slab beneath the
central North Island. The rift displays three primary mechanisms of rifting: narrowing,
lateral migration and along strike propagation (Villamor et al., 2017).

The evolution of the Taupō rift can be subdivided into ‘Old’ (2 Ma-350 ka), ‘Young’
(350 ka-25 ka) and ‘Modern’ (25 ka-recent), similarly to the TVZ. However, these ages
are based on relative dating of fault structures rather than absolute dating of eruptive
deposits and are subject to inconsistency (Villamor et al., 2017). Issues arise here due
to the dominance of volcanic deposits in the Taupō Rift, which are poorly cohesive
and less likely to preserve evidence of extensional structures than other deposit types
(Rowland et al., 2010). Additionally, as deposits from each eruption do not span the
entirety of the rift, constraining faulting in different regions of the rift can be challenging
(Villamor et al., 2017).

The ‘Old’ rift (2 Ma-350 ka) has a largely incomplete record, in large part due to
rapid subsidence of rifted areas as well as large scale eruptions at 550 ka and 350
ka which have buried much of the faulting evidence (Villamor & Berryman, 2006b,a;
Chambefort et al., 2014; Downs et al., 2014; Mouslopoulou et al., 2008). Hence it
is difficult to determine the age of rift initiation, instead inferred as coeval with the
TVZ at ∼ 2 Ma (Wilson et al., 2009; Cole & Spinks, 2009; Chambefort et al., 2014).
The first confirmation of rift faulting in the region is a shift in the tectonic regime
from strike-slip to extensional, identified from geothermal borehole stratigraphy in the
northern TVZ (Milicich et al., 2013). The width of the old Taupō rift is ∼ 70 km,
as indicated by steep negative gravity contours from buried bounding faults (Figure
1.5 (Seebeck et al., 2014; Wilson & Rowland, 2016; Stagpoole et al., 2021)). These
anomalies indicate significant displacement on the ‘Old’ boundary faults, suggesting
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Figure 1.5: Conceptual model of the evolution of the Taupō Rift, adapted
from Villamor et al. (2017).
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most early extension was accommodated through tectonic rifting prior to the emergence
of volcanism (Villamor et al., 2017).

During this stage of rifting, the western boundary shifted significantly eastward (Fig-
ure 1.5), as reflected by small, disconnected gravity anomalies on this edge (Villamor
et al., 2017; Stagpoole et al., 2021). These contours step eastward, connected by per-
pendicular accommodation zones in a pattern not shared by the eastern boundary
(Villamor et al., 2017). Thus the narrowing of the rift during this stage was largely
asymmetrical. The eastern bounding faults migrated later, triggered by rollback in the
subducting slab (Stern et al., 2006).

The Young Taupō Rift (350 ka–25.5 ka) shows significantly faster evolution, likely
associated with an increase in shallow silicic volcanism (Figure 1.5). The Young Rift
is bounded by super eruptions, displacing units following and prior to the Whakamaru
and Oruanui super-eruptions respectively (Villamor et al., 2017). For example, the
Pokuru fault in the central rift displaces older Maroa volcanic domes (∼140-250 ka)
but not the Oruanui ignimbrite (Villamor et al., 2017).

During this period there is significant narrowing of the rift as extension becomes more
constrained (Villamor et al., 2017). The majority of total rift narrowing and extension
occurred during this stage, as the western margin continued to migrate inwards in
the central and northern rift (Figure 1.5). The narrowing that occurred during this
phase would require ∼ 5 Myrs of extension at current values, more than the full rift
timespan (Svartman Dias et al., 2015). This lack of extension is accommodated in part
by tectonic structure, with the inherited basement structure of the rift trending sub-
parallel to its strike (Seebeck et al., 2014). This has been inferred to increase the rate
of narrowing in the area, as extension is accommodated by these favourable faulting
conditions (Seebeck et al., 2014).

Volcanism was another key factor in the increased narrowing of the Young Rift, evi-
denced by a lack of subsidence, as the rift remained elevated due to consistent magmatic
re-invigoration (Rowland et al., 2010). The evolution to a magma-assisted rift (Vil-
lamor et al., 2011), also allowed extension to occur at lower stress levels than mechanical
faulting (Corti et al., 2003; Buck, 2004). The large volumes of silicic volcanism and
shallow magma chambers that coincided with the Young Rift reduced the strength and
thickness of the crust within the rift (Villamor et al., 2017). This prompted the inward
migration of faulting towards the central nuclei, narrowing the rift as a whole (Corti
et al., 2013; Zwaan et al., 2016).

In addition to significant narrowing in the central and northern sections, the Young Rift
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experienced southward propagation along strike (Figure 1.5). The southern portion of
the rift had an initial width of ∼40 km, approximately 30 km narrower than the Old
Rift boundaries (Villamor et al., 2017). This affirms that southward propagation of the
rift occurred after narrowing of the central and northern regions during the Old Rift
stage. This narrowing concentrated stress at the southern tip of the rift, encouraging
propagation along strike (Villamor et al., 2017).

The Hikurangi Subduction Zone is also a strong control on rift orientation and was
migrating south at rates of ∼33 km/Myr (Wallace et al., 2007). This is believed to
have led the southward propagation of the rift. However, the propagation rates in the
southern rift are up to 10 times faster than the migration of the Hikurangi Subduction
Zone (Wallace et al., 2007). This indicates propagation was unlikely the result of purely
structural controls, with the influx of silicic volcanism also coinciding with southward
propagation (Villamor & Berryman, 2006a). Massive ignimbrite eruptions during this
phase in the Central TVZ are inferred to have cause rotations in the principal stress
orientations in the rift, aiding southward propagation (Ellis et al., 2014).

The Modern Rift (<25.5 ka) is approximately 20km wide, displaying approximately
50 km of narrowing over two million years (Ellis et al., 2014), (Figure 1.5). This
substantial thinning of the crust, with cumulative vertical slip rates on faults around
Taupō of ∼4–5 mm/yr should have produced around 10 mm/yr of subsidence along
the rift (Rowland & Sibson, 2001; Villamor & Berryman, 2001). Approximately 100
m of expected subsidence should be reflected in paleo-shorelines around Lake Taupō,
formed due to rising water levels following the Oruanui super-eruption (Manville et al.,
1999; Manville, 2002; Barker et al., 2021). However, no net subsidence is visible. This
suggests that during the modern rift, the emplacement of large silicic magma bodies
nullified the subsidence caused by faulting (Manville & Wilson, 2003).

The central and northern regions of the Modern Rift show substantial narrowing and
crustal thinning compared to the south (Figure 1.5), but these areas are heterogeneous
in maturity. As rifts mature, more extension is accommodated by magma (Buck, 2004;
Buck et al., 2006; Villamor et al., 2017), evidenced by the volcanic centres in the central
and northern rift. However, in the regions separating the two active caldera volcanoes,
most extension is accommodated by faulting (Seebeck & Nicol, 2009; Rowland et al.,
2010; Villamor et al., 2011; Allan et al., 2012). It is inferred that some areas in the
central and northern rift have undergone evolutionary reversal, having once matured
to magma-dominated rifting but have since regressed to tectonic accommodation of
extensional stress (Villamor et al., 2017). One example is the region separating the
Taupō and Maroa Volcanic Centres. This zone housed multiple eruptions during the
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young stage of the rift, but in the modern stage only accommodates extension via
faulting (Rowland & Sibson, 2001; Seebeck et al., 2014). By contrast, the southern
section of the rift has experienced little modern magmatic extension and has no silicic
volcanic centres (Villamor et al., 2017), (Figure 1.5). Instead, most extension here is
purely mechanical and largely accommodated by motion on the eastern boundary fault
(Villamor & Berryman, 2006b; Cassidy et al., 2009).

The evolution of the Taupō rift has been notably faster than in intracontinental rifts.
Most intracontinental arcs take a minimum of 10 million years to evolve from a purely
extensional regime to a magma-dominated setting (Wolfenden et al., 2005). In these
settings, volcanism requires sufficient thinning of the crust to initiate, which can take
up to 10 million years through faulting (Villamor et al., 2017). By contrast, the Taupō
Rift was coeval with the emergence of the TVZ and became magma-dominated within
2 million years. The presence of the Hikurangi Subduction Zone meant that large scale
volcanism was present during the rift’s initiation, accelerating its evolution (Villamor
et al., 2017). This reduces the influence of tectonic faulting, meaning bounding faults
in the Taupō rift are less prominent than in intracontinental rifts (Avni et al., 2012;
Bosworth & McClay, 2001).

1.3 Taupō and magma-tectonic interaction

1.3.1 Current conditions at Taupō

Holocene volcanism (12 ka – present) has provided insight into the modern state of
Taupō’s magma reservoir, which is important to understand when regarding the risk
Taupō Volcano currently poses (Barker et al., 2021). Eruptive products from the
25 Holocene eruptions at Taupō show little compositional variation and are crystal-
poor, despite a range of vent sites and eruptive volumes (Barker et al., 2015). This
suggests rather than a long-lived magma chamber beneath Taupō, crystal poor rhyolitic
melts are being mobilised from a deeper crystal mush (O. Bachmann & Huber, 2016;
Illsley-Kemp et al., 2021). This modern system evolved rapidly following the Oruanui
super-eruption, as the resulting decompression prompted a large influx of mafic magma
to reset the mush system (Barker et al., 2015). Holocene eruptive products indicate
two key factors. Firstly, uniform mineralogy through eruptions suggests that rhyolitic
melts were being assembled as large melt bodies prior to eruption (Dunbar et al., 1989;
Sutton et al., 1995; Barker et al., 2015). Secondly, diffusion ages from the deposits
suggested these eruptible melt bodies were assembled on decadal timescales (Barker et
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al., 2016). This gives a strong indication that conditions at Taupō Volcano can change
in a time-frame relevant to current hazard monitoring.

A lack of pre-eruptive zoning in Holocene eruptive deposits also implies these rhyolites
were erupted shortly after being extracted and assembled at 5–8 km depth, based on
melt inclusion H20/CO2 contents (Dunbar et al., 1989; Barker et al., 2015; Myers et al.,
2018, 2019). This places the shallow rhyolitic system within these depth boundaries.
A first order estimate of a 250–1000 km3 mush zone was made based on combining this
depth estimate with vent spacing (Barker et al., 2015).

This estimate was further refined following analysis of seismic unrest beneath Lake
Taupō in 2019. The earthquakes during this unrest were located to the northeast and
southwest of the Horomatangi Reefs (Figure 1.4), the vent area within the lake deemed
the most likely location for a future eruption (Otway, 1986; Webb et al., 1986; Wilson,
1993; Illsley-Kemp et al., 2021). This gap in seismicity around Horomatangi Reefs
defines the width of the modern reservoir, highlighting the brittle-ductile transition as
its edges (Illsley-Kemp et al., 2021). Based on this distribution of earthquakes and
inferring the eastern boundary based on vent positions, a minimum volume estimate
of 80 km3 was determined (Illsley-Kemp et al., 2021). However, the maximum area
exceeds 250 km3, as the lack of seismicity to the northwest could indicate the reservoir
extending further in this direction.

The heating and renewal of the modern mush system, which can be divided into shal-
low (5–8 km) and deep (8–12 km) portions, is driven by mafic intrusions from the
mantle (Barker et al., 2015). Holocene melt inclusions indicate variation between man-
tle melting regimes beneath and between calderas (Barker et al., 2020). The melt
inclusions highlight subduction-related flux melting beneath calderas, whereas inter-
caldera melting is driven by decompression (Barker et al., 2020). This variable melting
is supported by seismic imaging, revealing large spatial discontinuities consistent with
variable fluid-flux emanating from the subducting slab (Eberhart-Phillips et al., 2020).
Based off their volcanic and geothermal outputs, four to ten times as much mafic melt
is intruding beneath TVZ calderas, sustaining the large silicic reservoirs (Barker et al.,
2020).

Evidence of mafic recharge is reflected in the distribution of the 2019 seismicity, which
occurred between 7–9 km and 11 km depth (Illsley-Kemp et al., 2021). These distribu-
tions are likely reflecting magma ponding, caused by the density contrasts between the
two mush zones (Bain et al., 2013; Illsley-Kemp et al., 2021). The lineations of earth-
quakes are therefore defining the intersection of the two mush zones and the intersection
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of the lower mush zone with the deep mafic feeder zone.

1.3.2 Magma-tectonic interactions at Taupō

Faulting and other dynamic stress changes are common around calderas, having the
potential to interact with their complex magmatic systems and impact on eruptive
behaviour (Buck et al., 2006; Baer et al., 2008; Biggs et al., 2011). An example of
this is Long Valley caldera in California, where favourable stress conditions created
by shallow normal faulting allowed eruption to occur in 1350 AD (Mastin & Pollard,
1988; Bursik et al., 2003). Additionally, sequential tapping of separate magma bodies
during the 2.1 Ma eruption at Yellowstone caldera also suggests a potential tectonic
trigger (Myers et al., 2016). Volcanic triggering is also seen at the Afar Rift in Ethiopia,
with regular dike intrusions occurring every 1–9 months depending on changes in the
regional stress regime (Belachew et al., 2011).

Major eruptions at Taupō caldera similarly display evidence of tectonic interaction, par-
ticularly the Oruanui supereruption. Pumice clasts sampled from Oruanui fall deposits
are split into biotite-free and biotite-bearing, with the biotite-bearing clasts depleted
in Zirconium and Hafnium (Allan et al., 2012). These depletions match biotite bearing
clasts from NE-dome magma erupted 1 kyr prior, with trace element concentrations
from amphibole crystals further confirming this (Sutton et al., 1995; Wilson & Charlier,
2009; Allan et al., 2012). It is suggested the biotite-free and biotite-bearing magmas
were united when magma from the NE-dome reservoir was intruded laterally through
diking (Allan et al., 2012). This suggests that the Oruanui eruption was immediately
preceded and initiated by a tectonic event. These controls further impacted on the
Oruanui eruption phases, with the stress drop caused by the initiating dike temporar-
ily closing the erupting vent (Allan et al., 2012). Phase two deposits mirror the first
phase, suggesting another rift-related dike restarted the eruption once sufficient stress
rebuilt (Costa et al., 2011). This indicates the regional stresses in the Taupō Rift
exerted strong controls over the Oruanui eruption.

While evidence for regional tectonics driving eruptions is most clear during the Oruanui
eruption, it can be inferred for other Holocene eruptions in the TVZ. Following the
Oruanui eruption, rhyolitic eruptions in the TVZ vary significantly in eruptive volume,
with no significant correlation to the repose time between events (Wilson, 1993). This
indicates that the steady accumulation of magma within the silicic system is not solely
responsible for eruptions, suggesting a more complex triggering mechanism.
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Understanding of this interplay is limited and is a key concept investigated in this
research. Determining the likelihood of Taupō erupting is of paramount importance
and based on previous eruptions can be determined by three independent factors.
These are: the potency of the deep mafic feeder system, the potency of the shallow
silicic system and the tectonic stress state around calderas in the central TVZ (Rowland
et al., 2010). The three factors can be quantified by mafic magma-static pressure, the
tendency for a percentage of the silicic system to undergo partial melting and crustal
differential stress (Rowland et al., 2010).

The interplay and intensity of these factors is critical to the activity and outcome of
unrest at Taupō Volcano. High levels of all three stresses would likely result in a large-
scale caldera eruption, although such scenarios are rare as the factors are co-dependent
(Rowland et al., 2010). For example, mafic magma pressure limits local differential
stress by accommodating extension without faulting (Buck et al., 2006; Rowland et al.,
2010). However, this can then increase pressure on the silicic system, which can induce
inflation-based faulting (Simakin & Ghassemi, 2010). The nature of the silicic system
is heavily influential, with inflation of the magma reservoir or the encapsulation of
intruding dikes often resulting in changes in the differential stress fields on surrounding
faults (Rowland et al., 2010; Simakin & Ghassemi, 2010). It has also been demonstrated
that the motion on normal faults or stress changes due to rifting can impact the activity
of the silicic system (Acocella et al., 2015).

1.4 Unrest at Taupō

Seismicity is common at Taupō, and primarily occurs as swarms of low magnitude
(M<0–2.5) earthquakes, which forego a typical foreshock-aftershock pattern. Despite
this pattern, larger events are also known to occur at Taupō, such as the M 5.3 event
on the 4th of September in 2019 (Illsley-Kemp et al., 2021). Determining the origin of
these swarms as magmatic or tectonic is key, as the former can be used to infer inflation
or migration of the magma reservoir below (Charlton et al., 2020). With this goal in
mind, reviewing the history of unrest in the Taupō area is imperative. Seismicity at
Taupō can be separated into before and after 1985, when seismometer coverage around
the lake began to improve. In addition to poor instrument coverage, the ignimbrite
deposits covering the region are poorly consolidated and tend to enhance attenuation
of seismic signals (Henrys & Hochstein, 1990; Bannister, 1992; Dowrick, 2007; Rowland
et al., 2010). As a result, earthquake locations prior to 1985 lack confidence (Sherburn,
1992a,b; Otway & Sherburn, 1994).
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1.4.1 Pre-1985

The earliest felt reports in the region date back to 1895 with a swarm of earthquakes
lasting approximately 6 weeks (Eiby, 1966). The largest event produced a level of
surface fracturing which suggested a magnitude of 6–7.5 (Eiby, 1966; Grindley, 1986).
It is unclear whether this event was of tectonic or magmatic origin, but the inferred
magnitude suggests the potential for significant unrest in this region.

This was followed by the 1922 seismic earthquake swarm, which is the earliest recorded
seismic earthquake swarm in New Zealand (Eiby, 1966). Seismicity during this period
began approximately 50 km northeast of Taupō and migrated south, accompanied by
ground shaking and normal faulting (Potter et al., 2015). Deformation was widespread
throughout the Taupō Fault Belt, with ruptures up to 3 km in length observed on
the Kaiapo, Whakaipo and Whangamata faults (Peltier et al., 2009). Subsidence
on a metre scale was also observed and was exaggerated in the western side of the
Whakaipo fault (Hull & Grindley, 1984). While this swarm was likely due to mechanical
faulting, the large displacements relative to the small magnitudes of the events suggests
a component of aseismic magma deformation (Barker et al., 2021).

Prior to 1985, two more periods of moderate unrest were identified, the first lasting
only a month in December 1964 (Potter et al., 2015). The high frequency of volcano-
tectonic earthquakes in this swarm combined with the typically aseismic location at
Taupō’s western bay indicate this unrest was associated with magmatic activity (Potter
et al., 2015; Barker et al., 2021).

The second period of moderate unrest was between October 1982 and June 1983, with
two major swarms in February and June (Potter et al., 2015). Lake levelling studies
indicate that during this unrest Kinloch was uplifted by ∼43 mm, with a further 11 mm
of uplift recorded at the eastern lake shore (Otway, 1986). Seismicity later migrated
towards the Horomatangi Reefs, coinciding with 55mm of subsidence on the hanging-
wall of the Kaiapo Fault and 10mm of uplift on its foot-wall (Otway et al., 1984; Otway,
1986; Webb et al., 1986; Wilson, 1993). These observations together suggest a portion
of this unrest period was associated with magmatic processes (Potter et al., 2015;
Barker et al., 2021). The largest earthquakes during this period (∼M4.3) ruptured the
Kaiapo Fault in the same location as in 1922 (Hull & Grindley, 1984; Otway et al.,
1984). This shows a trend developing with both the 1922 and 1983 swarms displaying
uplift, rupturing on the Kaiapo fault followed by regional subsidence on its western side
(Grindley, 1986; Peltier et al., 2009; Potter et al., 2015). This suggests that in both
cases the Kaiapo and Whakaipo faults were accommodating the bulk of extension.
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1.4.2 1985 Onwards

In 1985 a six-station network of seismometers was deployed around Lake Taupō (Sher-
burn, 1992b; Barker et al., 2021). This greatly improved the ability to monitor un-
rest, reducing the dependence on temporary research arrays. Since deployment, four
episodes of ‘minor’ unrest (1996 – 1999, 2001, 2008 and 2019) have been recorded
(Potter et al., 2015; Illsley-Kemp et al., 2021)). In addition to these unrest periods,
in 1987 the M 6.3 Edgecumbe earthquake occurred near the Bay of Plenty (Grapes et
al., 1987; Barker et al., 2021). This event ruptured the Edgecumbe Fault and is the
largest recorded onshore earthquake associated with the Taupō Rift (Beanland et al.,
1990), indicating of the potential of the Taupō Rift to produce large tectonic events.

The first period of unrest in 1996 began with approximately 40mm of uplift at Horo-
matangi Reef, with seismicity increasing following this (Potter et al., 2015; Peltier et
al., 2009) (Figure 1.6A). This uplift was attributed to an inflating magma source be-
neath the reef (Peltier et al., 2009). There was no discrepancy in motion either side of
the Kaiapo fault as seen in 1922 and 1983 (Peltier et al., 2009).

Unrest occurred again between December 2000 and June 2001 and involved a minimum
of three hydrothermal eruptions at Wairakei Geothermal Field (Potter et al., 2015;
Barker et al., 2021). This unrest was focused in the Taupō Fault Belt (Figure 1.6B),
specifically around the Kaiapo Fault (Otway, 1980, 1989; Otway & Sherburn, 1994;
Otway et al., 2002; Peltier et al., 2009). However, earthquakes during this unrest
period have not been located accurately enough to confirm which fault they occur on,
making it unwise to attribute all activity to the Kaiapo Fault. Following this unrest,
asymmetrical deformation occurred to either of the Kaiapo Fault, with uplift to the
east and subsidence to the west (Peltier et al., 2009). However, only 67% of vertical
displacements over this period can be explained by normal motion on the Kaiapo Fault
and no ruptures were observed (Peltier et al., 2009).

Minor unrest in 2008 was recorded between Motutaiko Island and Karangahape Cliffs
(Figure 1.6C), in addition to 40–50mm of uplift observed at Horomatangi Reef (Potter
et al., 2015; Barker et al., 2021). The spatial distribution of the swarm is oriented
parallel to the Taupō rift and close to the negative gravity anomaly inferred as the
Oruanui collapsed caldera (Davy & Caldwell, 1998; Barker et al., 2021). This swam
is thought to have been triggered by a tectonic slow-slip event, however considering
its location within the caldera it is likely the magmatic system also played a strong
influencing role (Fournier et al., 2013).
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Figure 1.6: Instrument recorded periods of unrest since 1985 as identified
by Potter et al. (2015). Earthquakes are shown as red circles and are scaled
to magnitude. Where magnitude data is not available, magnitudes have
been adjusted to 1.0 although this is only an issue for the 2001 swarm. All
information was taken from GeoNet. The timeframes are A: 01/03/1996–
01/03/1999, B: 01/01/2001–01/07/2001, C: 24/03/2008–30/09/2008, D:
01/06/2019–29/09/2019. Figure adapted from Barker et al. (2021), but
plotting only earthquakes in the respective swarms.
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The most recent recorded period of unrest occurred 10 years later in 2019 (Figure 1.6D
(Illsley-Kemp et al., 2021)). This unrest was separated into seven swarms, with the
first swarm occurring beneath the southern lake and displaying focal mechanisms and
spatial distribution consistent with extensional faulting (Illsley-Kemp et al., 2021). The
second swarm, also situated in the southern Lake Taupō, showed similar characteristics
to swarms resulting from the ascent of magma or fluid along existing faults (Hayes et
al., 2004; Bannister et al., 2016; Reyners et al., 2007). The other five swarms show
little evidence of slip or fluid motion occurring on any fault planes and are distributed
between Karangahape Cliffs and Motutaiko Island (Illsley-Kemp et al., 2021). The
spatial distribution of these swarms is similar to the 2008 unrest, suggesting they are
also related to the underlying magma chamber. Additionally, most events during this
unrest period are best explained by non-double-couple focal mechanisms, which are
inferred to result from the movement of magma (Clarke et al., 2019; Illsley-Kemp et
al., 2021).

To summarise, there are two distinct patterns in the distribution of seismicity around
Taupō, although we are more confident in these for events after 1985. The majority of
recorded earthquake swarms occurred beneath Lake Taupō and were centred around
Horomatangi Reef. By contrast, the 2001 swarm is dominated by events distributed
within the Taupō Fault Belt, aligning closely with major fault lines. While this is
the only recorded swarm to have occurred in the fault belt, the 1922 swarm and the
first swarm in the 1983 unrest period resulted in rupturing of faults in this area. This
suggests that earthquakes occurring during 1922, 2001 and the early portion of 1983
are the result of slip on faults in the Taupō Fault Belt. By comparison, the unrest in
1996-99, 2008, 2019 and the latter half of 1983 were more likely associated with the
magma reservoir beneath Taupō. It should be noted that earthquake activity beneath
the lake is concentrated towards the eastern shore, with Taupō’s Western Bay being
historically aseismic (Potter et al., 2015; Barker et al., 2021).

1.5 Thesis structure

This thesis consists of four chapters, the contents of which are summarized below.

• Chapter 1: Introduction
This chapter is separated into three parts. The first section (Section 1.1) outlines
the motivations behind this research and why it centres on Taupō in 2001 before
summarising our research objectives. The second section (Section 1.2) provides a
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geological background, focusing on the evolutions of the Taupō Volcanic Zone and
the Taupō Rift. The final part of this chapter outlines the modern conditions at
Taupō (Section 1.3) and the history of recorded unrest in the area (Section 1.4).

• Chapter 2: Methods

This chapter consists of two parts, the acquisition and processing of the earth-
quake data. The first part of the chapter (Section 2.1) provides a summary of
the two research arrays used, briefly commenting on the formatting issues we
initially encountered. Then the methodology used to derive our high resolution
earthquake locations from the raw time-series data is outlined (Section 2.2). This
is separated into five parts, outlined in a flow diagram. In the first subsection we
describe the process of manually picking phase arrivals for our template events,
before detailing the technique and parameters for detecting new earthquakes
during the swarm. The third part of this chapter outlines the technique used to
derive absolute locations for these detections. The theory and program param-
eters utilised for accurately relocating the detections are detailed in the fourth
subsection, before the chapter is concluded with a description of the magnitude
and focal mechanism calculation process.

• Chapter 3: Results

Chapter 3 outlines the results of data processing. This begins with a description of
the error associated with the location and relocation process (Section 3.1) before
a brief look at the locations of the template earthquakes (Section 3.2). Following
this, the spatial and temporal distributions of the earthquakes after matched-
filter detection and GrowClust relocation are outlined (Sections 3.3 & 3.4). This
is accomplished primarily through map and cross-section representation. We also
present the focal mechanism calculations for six higher magnitude events from
the swarm (Section 3.5).

• Chapter 4: Discussion & conclusions
In the final chapter we discuss the interpretation of the results from the previous
chapter. This centres around the identification of relocated seismicity occurring
beneath Lake Taupō’s previously aseismic Western Bay (Section 4.1), which we
believe represents magmatic intrusion. We also introduce further lines of evi-
dence to support this, both from Taupō and other caldera settings (Section 4.2).
Finally, we consider how the relocation of the 2001 earthquake swarm at Taupō
is contextualised within the larger magma-tectonic interactions of the Taupō Vol-
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canic Zone before concluding on these interpretations and recommending areas
of potential future research (Sections 4.3 & 4.4).
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Methods

This chapter consists of a description of how we acquired the dataset and processed
it to obtain the desired results. This began with retrieving time-series data from two
research arrays deployed during between January and June 2001 and converting the
data into the required miniSEED format (Section 2.1). This is followed by an outline
of the methods used to process the miniSEED data for spatial, temporal, magnitude
and focal mechanism analysis of the swarm (Section 2.2).

2.1 Data acquisition

As the Taupō Fault Belt seismicity occurred in 2001, the national GeoNet seismome-
ter coverage was not as comprehensive as it is currently. Earthquake waveform data
downloaded from GeoNet is also in a triggered format. This records snippets each time
an earthquake is identified and would restrict identification of earthquakes missed by
GeoNet. Considering these constraints, we are utilising two research arrays set up as
part of academic studies. These arrays record continuous data and are better suited
for detecting new events. Using two temporary arrays produced a more comprehensive
spread of stations around the Taupō Fault Belt (Figure 2.1).

2.1.1 CNIPSE array

The CNIPSE or Central North Island Passive Seismic Experiment array (Figure 2.1,
blue) was deployed in 2001 from the 8th of January to the 27th of June (Henrys et
al., 2003). This array was part of an international effort to produce a detailed 2-D
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Figure 2.1: Station map of seismometers used for data acquisition. We used
two research arrays, the Central North Island Passive Seismic Experiment
array (CNIPSE array, blue) and the Seismic Tomography Around Ruapehu
and Tongariro array (START, purple). Problematic stations have been
circled in red. Central CNIPSE stations have been labelled.
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picture of the shear wave structure of the subducted and overlying plates in the central
North Island (Henrys et al., 2003). This study was a major collaboration between
the Institute of Geological and Nuclear Sciences, the University of Leeds and Victoria
University of Wellington (Henrys et al., 2003). Data from the CNIPSE array was later
incorporated into modelling of the crustal and upper mantle velocity structure of the
TVZ (Harrison & White, 2006).

The CNIPSE array consisted of 74 total stations (32 broadband, 42 short-period),
including a mixture of ORION and REFTEK sensors (Reyners & Stuart, 2002). A
subsection of these recorded relevant data, most notably the line of 18 stations deployed
down-dip of the subducted plate (Reyners & Stuart, 2002), Figure 2.1). Stations along
this line had a uniform spacing of 10 km and were housed in 600 mm-deep pits on
cement slabs to remain level (Reyners & Stuart, 2002). In practice these worked well,
keeping stations correctly oriented and dry (Reyners & Stuart, 2002).

The ORION recorders contained a 1 Gb data cartridge and were serviced at monthly
intervals to guard against any data loss (Reyners & Stuart, 2002). The REFTEK
stations had a larger storage capacity (4.3 Gb), which took ∼83 days to fill and were
therefore serviced less frequently (Reyners & Stuart, 2002).

The CNIPSE array was deployed concurrently with the estimated length of our earth-
quake swarm, from the 1st of January until 26th of June (Figure 2.2). This combination
of spatial and temporal proximity to the Taupō Fault Belt seismicity makes the CNIPSE
array well positioned for detecting lower magnitude earthquakes. The precise locations
of the CNIPSE stations can be seen in Table 2.1.

There were some issues with the deployment of the CNIPSE array which should be
noted. Due to the desired alignment and spacing of the down-dip line, some seismome-
ters were deployed in areas with no competent rock (Reyners & Stuart, 2002). This
is reflected in the variation in recording quality, with most stations producing good
quality data despite a few notable exceptions on the Kaingaroa Plateau (Figure 2.1,
circled stations).

Technical issues were also encountered, with some REFTEK sensors experiencing spo-
radic one second time jumps (Reyners & Stuart, 2002). This is a known issue with
older REFTEK seismometers but was not addressed prior to deployment. However,
the time jumps were easily identified and avoided when looking at the time-series data.
Additionally, padding the time series data with zeroes to fill gaps mitigated any impact
this may have on our processing.
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Figure 2.2: Gantt chart displaying the activity of seismometer stations in
the CNIPSE array.

Another issue encountered with the REFTEK seismometers was a failure to record
data, likely caused by incompatibility between older DAS’s (Data Acquisition Sys-
tems) and newer disk units (Reyners & Stuart, 2002). Unfortunately, due to the low
maintenance requirements of the seismometers, loss of recordings were not identified
rapidly, meaning this issue persisted (Reyners & Stuart, 2002). Loss of data was fur-
ther compounded by weather conditions, particularly during May. Large amounts of
fog caused reduced solar power input, exacerbating data loss during this month (Reyn-
ers & Stuart, 2002). This issue was more impactful than the sporadic time jumps,
creating some compatibility issues during the detection stage of the data processing.

2.1.2 START array

The second source of seismic data was the START (Seismic Tomography Around Ru-
apehu and Tongariro) array, which consisted of 28 seismometers shipped from the
University of Cambridge and Seis-UK (Reyners & Stuart, 2002). The START array
was deployed in 2001 from January to June around Mt Ruapehu and operated concur-
rently with the CNIPSE array (Reyners & Stuart, 2002). The aim of this research was
to investigate variations in P-wave velocity in the Tongariro Volcanic Centre, using
earthquake locations to indicate a shallowing of the brittle-ductile transition beneath
Ruapehu (Reyners & Stuart, 2002).
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The START array was installed southwest of the Taupō Fault Belt, near Mount Ru-
apehu (Figure 2.1, purple). Therefore, it is not expected for smaller magnitude earth-
quakes in the swarm to be confidently identified on these stations. However, energy
from larger magnitude earthquakes in the swarm should be visible, providing increased
coverage for our seismometer network. The accuracy of earthquake relocation can in-
crease when using additional stations, although spacing and geometry of the network
are also key considerations (Trugman & Shearer, 2017). Therefore it is likely the inclu-
sion of the START array will help increase the quality of the processing results. Unlike
the CNIPSE array, all START stations were active for the entirety of our time frame.
The precise locations of the stations in the START array can be seen in Table 2.1.

The START array suffered from the same data loss issues as the CNIPSE array. This
ranged from recordings stopping after a few hours to complete days of data being lost.
There was also variation as to which data was lost. While entire stations of data were
lost on some days, individual channels would be lost on others. As with the data from
the CNIPSE array, this complicated data processing during the detection phase.

Station Latitude (south) Longitude Elevation (m)
Central CNIPSE

YUPC 38.316 175.550 540
WAIC 38.365 175.647 340
SCHC 38.429 175.731 260
TETC 38.532 175.866 544
KIWC 38.572 175.957 626
POIC 38.631 176.034 572
TUKC 38.646 176.033 520
TAUC 38.697 176.137 551
KNGC 38.759 176.248 669
RTKC 38.821 176.320 716
LOCC 38.868 176.374 724
KARC 38.928 176.456 773
POHC 38.984 176.544 659

Other CNIPSE
KNZ 39.023 177.673 32

LDEN 38.488 175.795 451
LGDS 39.268 176.986 37
LGLS 39.101 176.755 525
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LJAI 38.610 176.750 381
LKOW 39.340 176.500 431
LMAT 39.680 176.290 524
LMAU 38.910 176.940 209
LMOW 39.410 175.750 880
LOPO 39.143 176.801 526
LPAP 39.198 176.901 198
LPOR 39.010 176.280 696
LRAN 39.480 176.040 591
LTAT 39.042 176.615 522
LWAI 38.710 177.070 609
LWTT 39.540 176.400 354
TOZ 37.733 177.502 85.0

START
S01 39.200 175.542 1145
S02 39.200 175.542 1145
S03 39.233 175.543 1496
S04 39.112 175.557 982
S05 39.136 175.541 975
S06 39.145 175.601 1215
S07 39.182 175.529 1020
S08 39.310 175.524 1553
S09 39.070 175.655 765
S10 39.272 175.674 1248
S11 39.210 175.604 1359
S12 39.264 175.730 1073
S13 39.094 175.702 833
S14 39.112 175.738 810
S15 39.178 175.760 901
S16 39.232 175.778 940
S17 39.211 175.667 1165
S18 39.160 175.679 1410
S19 39.148 175.832 568
S20 39.080 175.286 268
S21 39.187 175.280 320
S22 39.107 175.169 220
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S23 39.278 175.610 1733
S24 39.048 175.393 502
S25 39.088 175.853 556
S26 39.350 175.619 1109
S27 39.178 175.766 830
S28 39.310 175.522 1580

Table 2.1: Summary of the latitude, longitude and elevation data of the seis-
mometer stations in both the CNIPSE and START arrays. The CNIPSE
array has been divided into the central straight array (listed based on de-
ployment location) and the more widely distributed stations (listed alpha-
betically)

2.1.3 Data formatting

Waveform data from each station was acquired in 24-hour increments and originally
formatted as Seismic Analysis Code (SAC) files. SAC is a method of formatting data
developed at Lawrence Livermore National Laboratory and is designed for the study
of sequential signals, primarily time series data (Helffrich et al., 2013). Within the
SAC files large quantities of station metadata is stored, including the station network,
latitude, longitude, elevation, and depth. This information was used to map our arrays
(Figure 2.1).

Utilising the Python package Obspy (Beyreuther et al., 2010), SAC files for both the
CNIPSE and START arrays can be read and separated into traces. A loop can then be
implemented, extracting the desired information from each station in any of the given
SAC files. Identifying where each station is oriented relative to the Taupō Fault Belt
is important for accurate data processing, as stations further from the Taupō Fault
Belt should see earthquake signals arriving later. Knowing the approximate order in
which we expect to see earthquake arrivals on our stations provides a reference when
identifying earthquakes.

Following the extraction of station information from the raw data in its SAC format,
all seismic waveform data were converted into ‘miniSEED’ format. While this method
of formatting results in the loss of most information beyond time series data, it is
more readily compatible with data processing tools. This is accomplished using Obspy,
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which combines the SAC files for a given day into one miniSEED file. This allows
CNIPSE and START data to be analysed concurrently.

2.2 Data processing

There were five stages of data processing (Figure 2.3, red): identification and phase
picking of earthquakes in Snuffler (Heimann et al., 2019) to be used as templates;
matched-filter detection using templates via EQcorrscan (Chamberlain et al., 2018);
location of the resulting detections with NonLinLoc (Lomax et al., 2000); and dif-
ferential relocation of detections using GrowClust (Trugman & Shearer, 2017). This
relocation process was followed by local magnitude calculation. Aside from this pro-
cess, we also calculated focal mechanisms for six of the higher ML earthquakes which
occurred during our time frame (Figure 2.3, F1–F3).

2.2.1 Manual earthquake detection

Data processing began with identifying earthquakes in the combined miniSEED wave-
form files (Figure 2.3). This was done using the Pyrocko application Snuffler, which
functions as a seismogram workbench, allowing interactive browsing of seismogram
data (Heimann et al., 2019).

Once the miniSEED files are loaded into Snuffler, earthquakes can be identified with
an event marker. P and S phase arrivals can then be picked interactively. Each station
has three channels of varying orientation, HHN, HHE and HHZ, corresponding to
measuring north, east, and vertical motion. The P-phase arrival is taken as the first
energy arrival of the earthquake, while the S-phase arrival is determined by the change
in amplitude of the waveform as the shear-waves arrive at the seismometer (Figure 2.4).

Defining earthquake phase arrivals is crucial for determining location, as the difference
in time between each arrival at a seismometer is a function of distance and velocity.
As P-waves have a higher velocity than S-waves, earthquakes occurring at a greater
distance will have a greater lag time between their P and S arrivals. The velocity of
the rock the seismic waves are passing through will also affect how fast they travel,
making this the second key element to consider.

Given we were dealing with approximately 702.4 Gb SAC data, it was unrealistic
and inefficient to manually pick every earthquake arrival. Furthermore, closely spaced
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Figure 2.3: A workflow diagram outlining the steps requires to process
earthquake data, written in red. This outlines the methodology, as we
manually pick template earthquakes in Snuffler and use these to automat-
ically detect the rest of our earthquakes. We then locate these detections
using NonLinLoc and use the output files to further relocate as many of
these detections as possible in GrowClust. This also shows the secondary
workflow for calculating focal mechanisms, labelled F1–F3 and written in
blue.
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Figure 2.4: A template event picked on 28/02/2001. P-phase arrival picks
are shown as red dotted lines while S-phase arrival picks are shown as blue
dotted lines. The section of each waveform taken as the template is high-
lighted red. The Y-axis designates the station and channel the earthquake
has been picked on.
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Figure 2.5: Frequency plot of earthquakes occurring during the 2001 unrest
in the Taupō Fault Belt as identified by GeoNet. The maximum value was
∼98 earthquakes, recorded on 25/02/2001.

earthquake arrivals proved difficult to pick with a high level of confidence and periods
of rapid earthquake arrivals were common. Instead, we focused on developing a catalog
comprising well recorded earthquake arrivals to be later used as templates. The primary
objective when developing this catalog was to identify earthquakes spread throughout
our time frame. Increased variation in these events furthers the likelihood of identifying
other earthquakes in the upcoming automated detection (Section 2.2.2). This reduces
the possibility of missing events, which may occur if all the templates are closely related
in space and time.

Using GeoNet detections as a reference, we identified three days on which significant
seismicity occurred during our swarm: the 24th and 25th of February and the 17th of
May (Figure 2.5). Earthquakes were identified and manually picked for these days using
Snuffler. Additionally, we picked arrivals for every earthquake detected by GeoNet dur-
ing the swarm which recorded a magnitude ≥ 1. These combined strategies produced
a catalog of 529 earthquakes, varying between magnitudes of 0.5–3.5 as calculated by
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GeoNet, to be used next in the matched-filter detection process (Section 2.2.2). This
catalog comprises a minimum of three events in each month of the swarm and contains
only 32 fewer events than GeoNet detected in the entire swarm.

2.2.2 Template matched-filter detection

The second stage of data processing is the detection of new earthquakes using the
manually picked Snuffler template earthquakes (Figure 2.3). This is done with the
matched-filter detection technique using EQcorrscan (Chamberlain et al., 2018). Due
to the nature of our data, with large numbers of earthquakes occurring in quick succes-
sion, Snuffler proved unequipped for manually detecting all seismicity during our time
frame. Trying to identify events within a swarm can often be difficult due to overlap-
ping waveforms and above average amplitudes masking smaller events (Warren-Smith
et al., 2017). To overcome these issues, rather than relying on manual detection or
conventional Short Term Amplitude (STA)/Long Term Amplitude (LTA) detection,
we used matched-filter detection. Matched-filter detection is estimated to be able to
detect signals approximately 0.7 orders of magnitude lower than the smallest possible
STA/LTA detections (Gibbons & Ringdal, 2006), ideal for the magnitudes of earth-
quakes occurring in 2001.

This approach is used to detect earthquakes with similar waveforms and can be ex-
ploited to detect other events matching this waveform signature, even those below the
usual magnitude detection threshold (Gibbons & Ringdal, 2006). Events are detected
when similarity between a template and a continuous waveform stream, summed across
all channels, exceeds a correlation coefficient threshold (Warren-Smith et al., 2017). We
implemented this method using EQcorrscan, an open-source python package (Cham-
berlain et al., 2018). EQcorrscan has already been successfully applied to many studies,
including detecting aftershocks of the ML 6.0 Wanaka earthquake in New Zealand in
2015 (Warren-Smith et al., 2017). Within aftershock sequences, events can be missed
by energy-based detection due to increased average amplitudes and overlapping wave-
forms (Warren-Smith et al., 2017). Having assessed this was limiting their ability to
detect and analyse the aftershock patterns following the Wanaka event, Warren-Smith
et al. (2017) picked 100 events with clear P and S phases from the aftershock sequence
to be used as templates. These templates had a wide spatial (up to 8 km) and temporal
(up to 26 days following the mainshock) distribution to capture the evolution of the
sequence (Warren-Smith et al., 2017). This approach was successful due to the size of
the template catalogue and the high degree of waveform similarity typically present in
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aftershock sequences (Geller & Mueller, 1980; Gibbons & Ringdal, 2006; Slinkard et
al., 2013). As a result, Warren-Smith et al. (2017) were able to detect 2545 earthquakes
over the 28 days following the mainshock, 27 times the amount detected by GeoNet.

EQcorrscan gives seismologists the ability to capitalize on the parallel nature of earth-
quake detection algorithms, applying the matched-filtering technique to continuous
waveform data (Chamberlain et al., 2018). EQcorrscan computes normalised cross-
correlations between a detection and a single channel in the frequency domain. Corre-
lations for a single-channel normalised coefficient are then aligned based on the relative
delays of the template and summed across the channels it is detected on (Warren-Smith
et al., 2017). For example, a perfect detection found with a template that included five
channels would have a cross-correlation sum of 5, perfectly matching all channels. The
equation for computing normalised cross-correlations is shown below (Equation 2.1,
taken from Chamberlain et al. (2018)).

cc(y) = (∑n
x=0)(t(x) − t̄)(d(x + y) − d̄(y))√∑n

x=0(t(x) − t̄)2 ∑n
x=0(d(x + y) − d̄(y))2

(2.1)

Here ‘cc’ is the normalised cross-correlation coefficient of the sample ‘y’. Additionally,
‘t’ is the amplitude of the template data point, ‘d’ is the continuous data, ‘d̄(y)’ is the
local mean of the continuous data between the sample ‘y’ and the sample ‘y +n’, while
‘t̄’ is the mean amplitude of the template (Chamberlain et al., 2018).

EQcorrscan parameters

The workflow for this program comprises two main phases, template creation and event
detection (Chamberlain et al., 2018). Templates are comprised of trimmed, six second
Obspy stream files, with the stream window beginning one second prior to the P-wave
arrival pick. Each stream is band-pass filtered, using a low-cut of 1.5 Hz, a high-cut of
10 Hz, a sampling rate of 25 Hz and a filter order of 4. These streams, the coefficient
threshold of 8 and a second stream of waveform data to detect against are all required
for matched-filter detection (Chamberlain et al., 2018). The EQcorrscan output is
a list of detection objects, containing the time of detection and the cross-correlation
sum. These can be used in multiple Obspy functions. This use of Obspy classes within
the components of EQcorrscan make it simple for the outputs to be used for further
analysis, such as relocation (Chamberlain et al., 2018).

EQcorrscan is also able to overcome issues that arise with repeating earthquake data,
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such as detections occurring close in time. These could be detections of the same event
with different templates. Given the number of templates we are using and the congested
arrival of events, this is something we are likely to encounter. To resolve this, repeat
detections can be removed by determining which detections occur within a certain time
frame (0.5 seconds) of another and then iteratively removing the event with the lowest
cross-correlation coefficient until only the event with the strongest correlation is left
(Warren-Smith et al., 2017).

Following the matched-filtering process, we produced a catalog of 3873 earthquakes,
which were then located in the following section via NonLinLoc. This catalog includes
both the 529 templates manually picked and an additional 3344 events identified by
EQcorrscan.

Matched-filter challenges

Matched-filter detection proved to be the most time-consuming stage of data process-
ing, due to the high volumes of data involved and the compatibility issues that arose
with our data. The size of the combined CNIPSE and START data was approximately
702.4 Gb, which took approximately 30 hours to download and convert from SAC to
MiniSEED format.

Compatibility issues were also a major factor, due to the quality and age of the data.
While the data from each array were sorted into files for each day, recordings were not
uniform in their start and end points. While most streams would span approximately
midnight to midnight on each day, some stations would begin their 24 hour recording
with a delay and carry on recording into the next day. Given these were the streams
used for detection, this produced significant gaps in which possible detections could be
missed. To combat this issue, streams of data were read in groups of three, with the
target day accompanied by data from the days before and after. This meant any gaps
created from formatting issues were solved, as the three days worth of data for each
station could be trimmed to only write out the target day. This was done for every
day between 11/01/2001 and 30/06/2001.

A second issue was data loss. As mentioned in Section 2.1, stations occasionally had
large portions of data missing, sometimes entire channels of data. This produced
compatibility issues within EQcorrscan, which automatically pads smaller gaps with
zeroes to address such issues. However, this is a temporary solution for small gaps,
with the program requiring a minimum of 80% of each stream to be competent data
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(not entirely zeroes). Unfortunately, this was not the case on multiple occasions with
our data, requiring significant padding to successfully complete detection.

In cases where stations had lost an entire channel-worth of data, padding was not an
option. In these cases, the rest of the station data for that day had to be removed, as
missing full channels caused a range of input errors with EQcorrscan that could not be
resolved. Fortunately, this was not a common occurrence and was limited to stations
that were either distant from the Taupō Fault Belt or had been previously noted for
producing bad data as a result of their location (Reyners & Stuart, 2002).

2.2.3 Non-linear earthquake location

Following the detection of earthquakes using matched-filter detection, initial locations
can be calculated using NonLinLoc (Lomax et al., 2000). This process defines absolute
earthquake locations which were later improved by calculating relative locations using
GrowClust (Trugman & Shearer, 2017). Location calculation via NonLinLoc is the
third stage of data processing (Figure 2.3).

NonLinLoc methodology

NonLinLoc is based on a probabilistic hypocentre location approach, allowing detailed
estimations of location errors (Tarantola et al., 1982). The unknown variables, such as
the hypocentre coordinates and origin time, are compared with observed earthquake
arrivals assuming a theoretical relationship (Lomax et al., 2000). In the case of earth-
quake location, this relationship is the travel time between earthquake phase arrivals.
This can be represented by the following inverse problem adapted from previous works
(Equation 2.2, (Poupinet et al., 1984; Shearer, 1997; Waldhauser & Ellsworth, 2000;
Trugman & Shearer, 2017)).

minimize||rk|| = ||ttk − TTk(mi)|| (2.2)

Here, the objective is to minimise the norm of the residuals (rk) between the observed
and predicted phase arrival times (ttk and TTk respectively) from the source (mi) to
a set of seismic stations(k). The predicted arrival times (Equation 2.2) are dependent
on the velocity structure the seismic waves are travelling through and the hypocentral
location of the earthquake, which is dependent on the hypocentral position and the
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origin time (Waldhauser & Ellsworth, 2000). The velocity structure is accounted for by
an adopted velocity model. Accounting for the four parameters of hypocentral location
requires that only events that have phase arrivals picked on four or more stations can
be located in NonLinLoc.

Resulting earthquake locations can then be represented as a single, highest probabil-
ity location (Figure 2.6, green), or as a posterior probability density function (PDF,
Figure 2.6, red). These PDFs represent each event as a function of the probability
distribution over all possible hypocentre locations (Lomax et al., 2000; Latorre et al.,
2016). The significant advantage of using a non-linear location algorithm is the ability
to resolve irregular or multi-modal PDFs, due to the non-linear relationship between
hypocentre location and calculated travel times (Lomax et al., 2000).

By contrast, the solutions outlined by iterative linear programs only produce a single
point solution and all error estimations are made based on the statistics evaluated at
this point (Lomax et al., 2000). These are only a good representation if the PDF is
assumed to be a near perfect ellipsoid, which is rarely the case (Lomax et al., 2000).
This assumption brings risk considering the unique spread of the stations in our re-
search, which contributes to spatial uncertainty in the computed earthquake locations.
The alignment of the CNIPSE array produced highly skewed error distributions, with
higher location error perpendicular to the array (Figure 2.6, blue diamonds). Due to
this, possible hypocentre locations are better constrained parallel to the array than
perpendicular. Ideally, an even spread of stations around the area of seismicity could
be achieved, allowing observations to be made from all sides and constrain error.

While this network alignment is not perfect, increased resolution parallel to the CNIPSE
array is beneficial, as a focus of this research will be identifying the sources of seismicity
within the Taupō Fault Belt. Given the majority of faults within the belt strike north-
east, minimising error perpendicular to this trend will help differentiate faults. The
START array also provided some help in increasing coverage, however as mentioned
previously it is too distant for smaller ML earthquakes to be detected. The primary
function of the NonLinLoc location outputs is to be used for differential relocation (See
2.2.4).

NonLinLoc parameters

NonLinLoc operates by searching a velocity grid, which occupies the defined latitude
and longitude coordinates of our study region. This is set by inputting the coordinates
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Figure 2.6: A map view showing examples of the outputs from NonLinLoc
for a given earthquake, showing both the probability density function (red)
and the highest probability location (green). Active faults are shown in
black and nearby CNIPSE stations have been labelled.
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of the southwest corner of the grid and choosing the number and size of nodes to fill it
out. The velocity structure of the grid can then be defined, using either planar layers
of changing Vp/Vs values, or building polygons to represent areas of specific velocity
(see 2.2.3).

Following the construction of a velocity grid large enough to include all stations, a 3D
version of the Eikonal finite-difference scheme is run (Podvin & Lecomte, 1991). This
scheme computes the first arrival times of ray propagation, considering the existence
of different propagation modes and correctly accounting for sharp changes in velocity
contrasts (Podvin & Lecomte, 1991). Generally, computing first arrival times in het-
erogeneous velocity grids is difficult, as the model receives an unpredictable number of
rays at any point, leading to mixing of wavefront information and producing inadequate
solutions (Podvin & Lecomte, 1991). However, this is accounted for by NonLinLoc us-
ing an algorithm that gives stable recovery of diffracted waves near surfaces with a
strong velocity contrast, giving accurate travel times for diffracted waves (Podvin &
Lecomte, 1991).

This process creates travel time grid files between every seismic station and the centre of
each node in the search grid. This saves time during location, as travel times between
an event and any given station can be called directly instead of being calculated in
real time. Following this, locations can be determined. Events were taken from the
Snuffler pick file, which is converted to an inventory catalog in the QuakeML format.
Events from this catalog were converted into phase picks, which are compatible with
NonLinLoc and could be located using oct-tree sampling. Oct-tree sampling utilises
recursive subdivision of the velocity grid (Lomax et al., 2000). Here the 3D grid is
initially divided into cells and sampled, with the probability of an earthquake location
being within one of these cells approximated by Lomax et al. (2000), Equation 2.3).

Pi = ViPDF (xi) (2.3)

Here, Vi is the cell volume, the PDF is the Probability Density Function and xi is
the coordinates of the cell centre (Lomax et al., 2000). The resulting probability
values are listed in size order and subsequently the cell with the highest probability is
subdivided and sampled in the same process (Lomax et al., 2000). This subdividing
and sampling process repeats itself until one of two previously defined values is met;
either the minimum cell size is achieved, or the algorithm reaches the maximum number
of sampling runs without achieving the minimum cell size. The first option is more
desirable, as it indicates that a suitable resolution of the PDF was achieved. An
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advantage of the oct-tree approach is the sampling cascade will follow the highest
PDF value, meaning areas of higher location probability are more densely sampled
(Lomax et al., 2000). The sampling spread will therefore approximate the shape of the
PDF (Figure 2.6, red). The final highest value cell can also be taken as the highest
probability hypocentre (Figure 2.6, green), which can be more appropriate when dealing
with large numbers of earthquakes.

Velocity model

Earthquake location via NonLinLoc can be achieved using either a 1D or 2.5D velocity
model. A 1D model characterises velocity as a function of depth, assuming no lateral
variation (Figure 2.7, bottom). Given the complexity of the subsurface in the central
Taupō Rift and our emphasis on high resolution earthquake location, we have chosen
to construct a 2.5D model (Figure 2.7, top). This more complex model was adopted
from the results of seismic imaging in the area by Stern & Benson (2011) as part of the
Mantle of Crust (MORC) project via the North Island Geophysical Transect (NIGHT)
array.

Specific Vp values were lifted from the Stern & Benson (2011) model and used to map
out a 2D velocity model in NonLinLoc (Figure 2.7, top). This model is comprised of
21 separate polygons, each with defined Vp values and gradients from Stern & Benson
(2011), which were then assembled to form a 2D model. Having accounted accurately
for subsurface variation across the Taupō Rift, the model is projected in the Y-plane
(Venegas, 2011). This converts the 2D model into a 2.5D model. Ideally, we would not
have to assume constant velocity values parallel to the rift, but subsurface variation is
higher perpendicular to the rift and it is more important to constrain this axis.

The 2.5D velocity model is shown to be significantly more complex than the alternative
1D model (Figure 2.7). It follows a similar pattern of low Vp values (2–3 km/s)
in the upper 2 km of the crust but indicates the low-velocity portion of the central
Taupō rift (∼95-148 km, Figure 2.7, top) extends significantly deeper than in the 1D
approximation. The 2.5D model suggests that lower Vp values are more appropriate,
with a layer of 6 km/s rock extending down to approximately 35 km depth. By contrast,
no layer with a Vp of 6 km/s exceeds 15 km depth in our 1D model. Additionally, the
2.5D model does not exceed a velocity value of 8 km/s, unlike the 1D layered model,
which increases to >9 km/s below 60 km depth. These factors, combined with the
clear improvements in accounting for the velocity structure of the Taupō rift suggest
the 2.5D model is more appropriate.
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Figure 2.7: Vertical cross-sections of the 2.5D model used by NonLinLoc
and of an alternative 1D velocity model for comparison. The cross-sections
run across the Taupō Rift, adjacent to the CNIPSE array. In the 2.5D
model (top), the low velocity basin (dark blue) marks the centre of the rift
and the 7 km/s structure beneath is it the corresponding rift pillow. The
1D model (bottom) assumes no lateral variation in velocity. Values for both
models were adopted from Stern & Benson (2011).
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Figure 2.8: The two subplots both show cross-sections of travel time grids
calculated by NonLinLoc using the CNIPSE station ‘KIWC’. The top sub-
plot uses the new 2.5D velocity model we have constructed, while the bot-
tom subplot uses an alternative 1D velocity model.

The differences between the 2.5D and the 1D model are further reflected in the travel
time grid files created for each of our seismic stations. travel time plots from the
CNIPSE station KIWC (Table 2.1) indicate the 1D model shows a uniform distribution,
due to the simplicity of the layered model (Figure 2.8, bottom). The structure of the
2.5D travel time grid indicates changes in the travel time gradient around the rift pillow
structure at ∼24 km depth (Figure 2.8, top). There is also variation seen in the shallow
subsurface (0-8 km) which is not mirrored in the 1D grid.

2.2.4 Differential relocation

The absolute locations produced by NonLinLoc typically have a high degree of error
associated with them (Thurber, 1983, 1992; Thurber & Eberhart-Phillips, 1999). As
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a result, we chose to also calculate relative relocations for all detected earthquakes
(Figure 2.3). This is accomplished via GrowClust (Trugman & Shearer, 2017) and
is a necessary step to produce the high resolution earthquake locations required for
comprehensive analysis of subsurface structures.

GrowClust methodology

The locations produced by NonLinLoc, which were based on absolute phase arrival
times, are subject to error given their heavy reliance on velocity structure and accurate
phase picks. Despite the use of the 2.5D velocity model, the accuracy of NonLinLoc
locations and other location techniques will always be limited by imperfect knowledge
of 3D variations in the Earth’s structure (Thurber, 1983, 1992; Thurber & Eberhart-
Phillips, 1999). Fortunately, computational advances have produced methods that
instead work around relative earthquake relocation based primarily on differential travel
times of pairs of events observed at common stations (Trugman & Shearer, 2017). These
methods extract differential travel times with far greater precision than absolute travel
times, resulting in sharper seismicity and resolution of fine scale fault structures (Rubin
et al., 1999; Waldhauser et al., 1999; Astiz & Shearer, 2000; Shearer, 2002).

GrowClust is one of these methods of differential relocation, relying on waveform cross-
correlation techniques to resolve precise differential travel times from pairs of events as
opposed to comparing observed and predicted travel times, as with NonLinLoc (Trug-
man & Shearer, 2017). This creates a new inverse problem similar to Equation 2.2,
but instead attempting to minimise the residuals between the observed and predicted
differential travel times for a given pair of events observed at common stations (Equa-
tion 2.4, (Trugman & Shearer, 2017)). This equation can be summarised below, where
we are trying to minimise the norm of the residuals (drk) between the observed (dttij, k)
and predicted (dTTk(mi, mj)) differential travel times observed at a common station
(k). The predicted travel time must account for the sources of both events in the pair.

minimize||drk|| = ||dttij, k − dTTk(mi, mj)|| (2.4)

This method of linking event pairs via differential times allows for the joint inversion of
relative hypocentral locations, which is much less computationally expensive than phase
arrival based methods (Trugman & Shearer, 2017). This joint inversion also reduces
the error affects of unmodeled perturbations in the NonLinLoc velocity model. The
differential travel times calculated from cross-correlation can be orders of magnitude
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more precise than the absolute travel times calculated from manual arrival picking
(Trugman & Shearer, 2017).

Relative relocation is generally based on differential travel times of pairs of events ob-
served at common sites, utilising waveform cross-correlation to produce precise travel
times (Waldhauser & Ellsworth, 2000). GrowClust expands on this, inputting differen-
tial travel times and cross-correlation into a hierarchical clustering algorithm (Trugman
& Shearer, 2017). The GrowClust algorithm then groups seismic events based on wave-
form similarity and relocates them depending on the other linked events in their group
(Trugman & Shearer, 2017).

GrowClust relative relocation operates off the input of NonLinLoc hypocentre phase
files, calculating differential travel times and cross-correlation values from obspy using
functions within the GrowClust package. These are used to group waveforms based on
their similarity and weights data based on the correlation quality, creating a hierarchy
within each cluster (Trugman & Shearer, 2017).

The GrowClust clustering and relocation algorithm operates as follows. Events are
assigned to an initial starting cluster number, following which a similarity coefficient
is computed for each event pair to determine the similarity of the events (Trugman
& Shearer, 2017). This similarity coefficient is taken as the sum of cross-correlation
values observed at stations common between the two events. Events are then sorted
based on the similarity coefficient, moving down the hierarchy with the most similar
pairs relocated first (Trugman & Shearer, 2017).

For each new pair there are three circumstances the algorithm must consider. If both
events in the pair are highly correlated but members of single-event clusters, the clus-
ters are merged. Both events are then relocated to the centre of this new combined
cluster (Trugman & Shearer, 2017). If either of the events are already part of a cluster
with multiple other events, the GrowClust algorithm must determine whether to merge
the clusters and relocate every event in both clusters relative to each other. If there
are enough event pairs that link the two clusters together (the ratio of links to failed
links exceeds a pre-set threshold) then the clusters are relocated relative to the ten
strongest event pair links (Trugman & Shearer, 2017). This will create a new cluster,
with the event locations all in the same position relative to each other, but the centre
of the cluster is a combination of the previous two. Finally, if an event pair are shown
to belong to the same cluster, GrowClust moves on as these events have already been
relocated in one of the previous two scenarios (Trugman & Shearer, 2017). Cluster pro-
cessing is continued until they can no longer be merged or relocated without returning
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values below the correlation threshold.

As previously mentioned, GrowClust is just one of multiple relocation methods, the
most widely used approach being the double-difference (DD) method by Waldhauser &
Ellsworth (2000). GrowClust acts as an alternative for the double-difference method,
firstly aiming to provide a more robust misfit criteria than the L2 norm (least squares)
used in standard DD matrix inversions (Trugman & Shearer, 2017). GrowClust instead
utilises the L1 norm, which requires no explicit matrix inversion and is less sensitive
to input time outliers (Trugman & Shearer, 2017). The L1 norm has been shown in
some cases to yield improved results compared to L2-norm solutions (Shearer, 1997).
Another issue with the DD method is that inversions can become unstable if the ma-
trix representing the complete solution is not well conditioned, which can occur when
correlations between distant event pairs weigh heavily on the inversion (Trugman &
Shearer, 2017). By contrast GrowClust applies cluster ideas to decide which event
groupings are relocated and which are best left as independent locations, providing
greater weight to more highly correlated event pairs. GrowClust uses differential travel
times and cross-correlation together in its hierarchical clustering algorithm.

Finally, one of the key powers of GrowClust is the short run time. GrowClust combines
the cluster analysis and relocation steps into one process, making less computationally
expensive and more suited for large datasets (Trugman & Shearer, 2017). This speed
makes it practical to incorporate bootstrap resampling to estimate errors in the model
and relocated earthquake hypocentres (Trugman & Shearer, 2017). Previous studies
have also shown that, for sequences recorded by a network with inadequate station
coverage, locations of clusters can differ on a kilometre scale between GrowClust and
double-difference relocations (Waldhauser & Schaff, 2008; Hauksson et al., 2012; Trug-
man & Shearer, 2017). Given the seismometer coverage at Taupō in 2001, GrowClust’s
hierarchical clustering suits the research objectives better than double-difference relo-
cation.

GrowClust parameters

For GrowClust to run, the following files must be inputted prior to running the program.
Firstly the waveform data for each event to be relocated must be read in and sliced into
6 second clips, which are formatted into a dictionary. A list containing the latitude
and longitude information for each seismometer station is also inputted to calculate
differential travel times. GrowClust requires a 1D velocity model, made using values
from Stern & Benson (2011) (Figure 2.7, bottom). Taking Vp values at regular depths
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down the central node of the model produced by Stern & Benson (2011), we inputted a
laterally uniform model compatible with GrowClust. The cross-correlation information
must also be inputted, which is created using the catalog of detected earthquakes and
the dictionary of event streams. During the creation of this cross-correlation file, a
bandpass filter is applied, filtering the streams between 1 and 10 Hz. The maximum
separation for each cross-correlation pair was set to 8 km, implying that relocation
pairs further than 8 km apart are not part same cluster or fault zone. This decision
was based on the ∼30 km width of the Taupō Fault Belt and high number of faults
within this region.

In addition to inputting a number of files, there are also GrowClust algorithm param-
eters required prior to relocation. The Vp/Vs ratio is set to 2.0, as taken from Stern
& Benson (2011) and was the same value used during the NonLinLoc calculations.
The depth parameters for the travel time tables in the algorithm are defined by the
commands: tt_dep0=0 (minimum depth in km), tt_dep1=50 (maximum depth) and
tt_ddep=1 (depth spacing). These parameters need to encompass the depth range of
the swarm. The range parameters (x-axis, in km) for travel time calculations are de-
fined by: tt_del0=0 (minimum range), tt_del1=300 (maximum range) and tt_ddel=2
(range spacing). The range parameters for the width of the travel time search must
encompass all the stations in the inputted station list.

Three more GrowClust input parameters must be defined prior to running the program.
First the ‘rmin’, which is the minimum cross-correlation coefficient for differential times
used when computing the event-pair similarity coefficients (Trugman & Shearer, 2017).
We tested rmin values of 0.25, 0.36, 0.5 and 0.6 in separate GrowClust runs (Figure 2.9).

The distribution of relocated earthquakes is broadly similar across all rmin values
(Figure 2.9). All maps show separate, linear clusters of earthquakes occurring within
the fault belt accompanied by a circular cluster occurring beneath Lake Taupō. The
clusters within the fault belt show good consistency across the different runs, with only
some individual events moving short distances. The cluster occurring beneath the lake
showed the most inconsistency and is more elongated at rmin values of 0.5 and 0.25
(B & C, Figure 2.9) than in the 0.36 or 0.6 runs (A & D, Figure 2.9).

Based on these comparisons, we decided on an rmin value of 0.5. This was a high enough
correlation coefficient to successfully remove outliers and relocate events confidently.
This relocated 2729 of the 3783 detected events and was largely composed of clusters
containing less than twenty events. However, there were four clusters containing >100
events. Given there was very little spatial variation between GrowClust outputs using
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Figure 2.9: A map view of four different relocation runs from GrowClust.
Each subplot has the corresponding rmin value: A = 0.36, B = 0.25, C =
0.5, D = 0.6. In each plot, earthquake magnitudes were not included and
all events have a uniform size.
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rmin values of 0.5 and 0.6 (See results) and they relocated a similar number of events
(2729 and 2748), we have chosen the lower threshold. This is to reduce the chance of
valid events not being relocated as the result of an overly strict correlation coefficient.

The second input parameter is ‘delmax’ which is the maximum station distance used for
differential times in the event-pair similarity calculation (Trugman & Shearer, 2017).
This value was set at 150 km, which remained constant in all GrowClust runs. The
final input parameter is ‘rmsmax’, which is the maximum root-mean-square (rms)
differential time residual for a suggested cluster merger to be allowed during relocation
(Trugman & Shearer, 2017). This value was set to 1.20 and remained constant in all
GrowClust runs. The ‘rmsmax’ could have been increased if ray path lengths were
excessive or data quality was poor. However, given the close proximity of stations to
the 2001 seismicity and having taken additional steps to ensure good data quality (e.g.
building the 2.5D model), we chose not to increase the ‘rmsmax’ value.

Differential relocation resulted in 2729 of the 3873 detected earthquakes being relo-
cated. This was an encouraging statistic, meaning over 70% of the detected events
were relocated. During spatial and temporal distribution analysis, only relocated
earthquakes were used (e.g. Figures 3.4 & 3.13). This improved the precision of our
interpretation of subsurface structures. When analysing the rate of seismicity over the
course of the swarm, the full earthquake catalog of relocated and non-relocated events
was used to accurately estimate the size of the swarm (e.g. Figure 3.8).

Finally, the short run-time of GrowClust allowed the completion of an additional run
at the chosen ‘rmin’ value of 0.5. This run implemented a bootstrap resampling compo-
nent to estimate error. This resampled the data 10 times, outputting the same locations
at the original ‘rmin: 0.5’ catalog while additionally calculating error estimates in the
relative locations. The relative error estimates, along with the absolute error estimates
calculated by NonLinLoc, will be outlined in the results chapter (Section 3.1).

2.2.5 Magnitude calculation

Following differential relocation, the final step in processing the relocated catalog is the
calculation of local magnitudes (ML) for each event (Figure 2.3). Magnitudes are an
essential aspect of earthquake analysis and will help interpret the faults accommodating
slip during this swarm.

Seismic energy will attenuate at varying rates within the crust based on the presence
of partial melt, magmatic intrusions and lithologic variation (Schlotterbeck & Abers,
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2001; Carletti & Gasperini, 2003; Keir et al., 2006; Wang et al., 2009). Given the
high volumes of ignimbrite deposits in the Taupō region and the presence of the mod-
ern magma system beneath Lake Taupō, attenuation is relatively high in this region
compared to the rest of the North Island (Henrys & Hochstein, 1990; Bannister, 1992;
Dowrick, 2007; Rowland et al., 2010). This must be corrected with an attenuation
curve, which will become part of the local magnitude estimation. This involves invert-
ing maximum body-wave amplitude and hypocentral distance information to derive
an ML scale (Richter, 1935, 1958; Illsley-Kemp et al., 2017). This is shown below
(Equation 2.5).

ML = log(A) − log(A0) + C (2.5)

Here A is the maximum zero-to-peak amplitude on the seismogram, log(A0) is a dis-
tance correction term and C is a correction term for each component of the seismic
station from which the amplitude was taken. Both corrections are calculated empiri-
cally. However, Richter’s scale tended to underestimate magnitudes at stations close to
earthquake hypocentres and overestimate at more distant stations (Hutton & Boore,
1987). This led to the formation of an equation to calculate attenuation rates over
varying hypocentral distances prior to calculating the local magnitude by Hutton &
Boore (1987) (Equation 2.6). This equation is defined below.

− log(A0) = n log(r/17) + K(r − 17) + 2 (2.6)

Here, r is the hypocentral distance in kilometers and n and K are constants related
to geometrical spreading and seismic attenuation. Equation 2.6 is calculated prior to
Equation 2.5 to ensure more accurate local magnitude calculations.

The methodology employed here aims to simulate the response of the Wood-Anderson
seismometer the ML scale was defined for (Anderson & Wood, 1925; Illsley-Kemp et al.,
2017). To do this, the instrument response must be calculated for each event, convolv-
ing velocity-based seismograms into displacement (Anderson & Wood, 1925; Kanamori
& Jennings, 1978; Illsley-Kemp et al., 2017). We must then pick the maximum zero-
to-peak amplitude of each event in our final catalog of relocated and non-relocated
events. These amplitudes are limited to a three second window and filtered between 1
and 10 Hz. Distances for the hypocentre of each event is determined by a combination
of event and station locations. The calculation of local magnitude is then completed,
using the equations of Richter (1935); Hutton & Boore (1987).
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Figure 2.10: A histogram showing the magnitude distribution of earth-
quakes detected over the course of the 2001 swarm. The distribution con-
sistent with expectations, indicating we are detecting all earthquakes > ML

0–0.5.

It should be noted that for the 2001 seismicity, a full magnitude inversion was not
completed. Instead we utilised the equation of Hutton & Boore (1987) and used the
inversion parameters for Taupō previously calculated by Illsley-Kemp et al. (2021).
The distribution of magnitudes calculated for the earthquakes detected in the 2001
swarm is shown in Figure 2.10. This distribution indicates that we have a magnitude
of completeness between ML 0–0.5, suggesting we are detecting all earthquakes at or
above this magnitude threshold. Below this threshold, the frequency of detections
decreases, consistent with this proposed magnitude of completeness.

2.2.6 Focal mechanism calculation

The final stage of data processing focused on calculating focal mechanisms for a small
number of chosen events in the swarm. Focal mechanisms can be used to describe
the kinematic behaviour of seismic sources using the event’s moment tensor (Pugh
et al., 2016). This will be done using MTfit, a source inversion package developed
for Python (Pugh & White, 2018). MTfit utilises the polarity picks from the P-wave
arrivals identified in Snuffler and amplitude ratios in a Bayesian framework to estimate
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the source probability density function (PDF) for each event (Pugh & White, 2018).

When completing inversions in seismology, ordinarily Greens function’s are calculated
to perform full waveform inversions (Heimann, 2011; Duputel et al., 2012). This works
well for regional seismicity but the calculations can be difficult on smaller networks
as the velocity structure is rarely well constrained (Pugh et al., 2016). These velocity
variations significantly effect ray-paths due to the close proximity of receivers to seismic
sources (Reasenberg, 1985). Complex velocity structures and close proximity between
sources and receivers are both restricting factors for our dataset, pushing us to utilise
observational parameters such as P-wave polarities and amplitude ratios which are
more robust in these conditions (Reasenberg, 1985; Hardebeck & Shearer, 2002, 2003;
Snoke et al., 2003).

P-wave polarities and amplitude ratios are incorporated by MTfit in a Bayesian frame-
work to estimate the full source PDF for full moment tensor model spaces (Pugh &
White, 2018), allowing the production of double-couple solutions. Double-couple solu-
tions were chosen as most earthquakes in the swarm are likely due to faulting and with
the non-ideal station network distribution, it would not have been possible to constrain
non-double-couple solutions. The inversion method aims to find the best fitting model
parameters for the given data. In the case of source inversion the PDF describes the
likelihood of observing the data for a given earthquake source considering the model
(Pugh et al., 2016). However, this is dependent on the probability of the model based
on the observed data (P-wave arrivals), which is termed the posterior PDF and can be
evaluated using Bayes’ Theorem (Bayes, 1763; Laplace, 1812; Sivia & Skilling, 2006).

ρ(model|data) = ((ρ(data|model)ρ(model)) ÷ (ρ(data))) (2.7)

The two PDFs are related using previous probabilities, stemming from observational
data, by Bayes’ theorem (Equation 2.7). The likelihood of observations and uncertain-
ties for a source at each receiver are combined over a range of random moment tensor
samples to produce the likelihood for all receivers (Pugh & White, 2018). These sam-
ples correspond to the distribution of possible earthquake locations on a focal sphere
and allow the inclusion of location and model uncertainties. These samples are com-
bined, summing the locations and uncertainties to produce the marginalised location
likelihood (Sivia & Skilling, 2006; Pugh et al., 2016; Pugh & White, 2018). We chose a
limit of 100,000 samples to be combined and marginalised. If MTfit is still able to pro-
duce solutions past this limit, it rejects the focal mechanism as it cannot be adequately
constrained.
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2.2. Data processing

MTfit differs from other Bayesian inversion approaches by its focus on far-field ob-
servations such as P-wave polarities and amplitude ratios (Pugh et al., 2016). Other
methods utilise near-field observations and finite-fault models (Zollo & Bernard, 1991;
Minson et al., 2013). However, these have proven to be less stable when the velocity
structure of the research area is uncertain (Pugh et al., 2016).

The earthquakes inputted to MTfit were chosen based on their previously calculated
local magnitude (see 2.2.5). This decision was made due to higher magnitude earth-
quakes typically producing clearer signals on seismometer recordings, making it easier
to identify P-wave arrival polarities. Larger magnitude events are also more likely to
produce clear signals on both the CNIPSE and START arrays, regardless of their loca-
tion. This is advantageous events with an increased number of polarity picks are likely
to produce more well constrained focal mechanisms. Based on experience attempting
to pick polarities in Snuffler, we decided on a lower threshold of ML1.5. This was
justified, as we were able to successfully calculate moment tensors for a ML1.55 event,
but could not successfully calculate for a ML1.47 event. Other factors, such as the
location of the earthquake relative to the recording station, will affect the clarity of
phase arrivals, but these are out of our control.

Polarities on P-wave arrivals must be identified without a filter applied to the waveform
data in Snuffler. Filters, while helpful for isolating earthquakes from background noise,
can introduce phase shifts that affect the apparent polarity of the P-wave arrival.
Therefore selected events must either have sufficient magnitude, or be close enough to
the seismometer to record a clear arrival in an unfiltered stream. The other values
required for the MTfit algorithm, notably the take-off angle and azimuth for the ray in
each source-receiver pairing, are calculated when the event is located via NonLinLoc.
A focal mechanism is then calculated by MTfit, assuming the source can be constrained
within our limit of 100,000 random samples.

Because the normalised full moment tensor source is 5-D, there are several different
methods for accurately representing the source on paper (Hudson et al., 1989; Riedesel
& Jordan, 1989; Chapman & Leaney, 2012; Tape & Tape, 2012). Each focal mechanism
we outputted has three subplots: two fault plane plots and a map view of the focal
mechanism location (Figure 2.11). The full fault-plane subplot (Figure 2.11, top-left)
shows all possible fault plane orientations that could explain the arrival data, presenting
the average as green lines. The three kinematic axes, ‘Pressure’, ‘Null’ and ‘Tensile’ are
plotted as red, green and blue dots respectively. The second subplot shows the highest
probability pairing of fault plane orientations that could explain the earthquake arrival
data (Figure 2.11, top-right). In this subplot, the compressional quadrants have been
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Figure 2.11: Example of focal mechanism result plots, consisting of two fault
plane subplots from MTfit and a map of the mechanism. This example event
is the first focal mechanism result. In both fault plane subplots, dilatational
stations are white triangles and compressional stations are white circles
(legend). The left plot shows all possible pairs of fault plane orientations
that could explain the polarity data, with darker lines indicating higher
probability. The average pairing are shown as green lines. The kinematic
Pressure (P), Null (N) and Tensile (T) axes are plotted on this fault plane
subplot. The right hand plot shows the highest probability pairing of fault
plane orientations. The beach-ball focal mechanism plot is shown on the
map, showing compression in black and dilation in white.
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shaded, in addition to the inclusion of station motion data points. Regarding station
data, stations recording upward motion are shown as circles, while stations recording
downward motion are shown as triangles. The highest probability focal mechanism is
also plotted in map view, against the active faults in the Taupō region (Figure 2.11,
map).
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Chapter 3

Results

This chapter begins with a brief description of the template earthquake locations,
calculated by NonLinLoc (Section 3.2). Then outlines the results of the detection
and relocation process including analysing the spatial and temporal distributions of
relocated events (Sections 3.3 & 3.4). GrowClust managed to relocate 2729 out of the
3782 earthquakes detected by EQcorrscan, representing a 72% relocation success rate.
Given these results will be used to interpret subsurface structures, we want to ensure
only accurately relocated earthquakes are used in these sections of the results.

Finally, we present the results of MTfit’s focal mechanism calculations (Section 3.5).
This will involve the location of each event used, as relocated in GrowClust and two
fault plane plots showing the full range of possible solutions and the highest probability
solution. This section will present the results of the six successful focal mechanisms.

3.1 Location uncertainties

Before discussing the results of the location and relocation processes, the error as-
sociated with these locations must be addressed. For the locations determined by
NonLinLoc, the average horizontal and depth error estimates were 5.2 and 4.5 km,
respectively. This error is calculated for all 3782 earthquakes detected via EQcorrscan
and is based on the 68% confidence level of the PDF ellipsoid. The horizontal Non-
LinLoc error is normally distributed (Figure 3.1), with an average closer to 3–4 km
when down-weighting outliers. The NonLinLoc depth error distribution is bi-modal,
with most locations having 3–4 km of associated depth error. A second peak indicates
a large number of earthquakes have absolute depth error between 5–6 km.
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Figure 3.1: Two histograms showing the distributions of the absolute hori-
zontal and depth error associated with the locations calculated by NonLin-
Loc

There is additional error associated with the 2729 relocations completed via GrowClust,
termed the relative error. The relative error was calculated via bootstrap analysis and is
the median absolute deviation of the bootstrap event location distribution. The average
horizontal and vertical relative error estimates are 0.25 and 0.18 km, respectively.
The relative error is negatively skewed compared to the normal distribution of the
absolute NonLinLoc errors. Both the relative horizontal and depth errors display this
distribution, indicating a high weighting of low relative error values.

Figure 3.2: Two histograms showing the distributions of the relative hori-
zontal and depth error associated with the relative locations calculated by
NonLinLoc

Considering this, it is clear that the NonLinLoc located earthquakes include signifi-
cantly higher error estimates than the relocated earthquakes. This is consistent with
expectations. This means while the absolute locations or depths of the swarm earth-
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quakes may vary, the position of earthquakes relative to each other shows little variance.
Therefore, we are confident in the clusters and subsurface structures outlined by the
results of the relocation process.

3.2 NonLinLoc results

Following the identification of template earthquakes in snuffler, these events were lo-
cated in NonLinLoc as a data quality check. NonLinLoc does not output the necessary
resolution for us to make confident interpretations, but provides conformation that the
template events have been picked and located reasonably. Furthermore, these loca-
tions can aid initial interpretations, as we would expect earthquakes detected using
these templates to be located in similar areas.

The distribution of the template earthquakes shows most events occurred within the
bounds of the Taupō Fault Belt (Figure 3.3). There are some outliers which occur
beneath Lake Taupō and five events which occurred further southeast. These outlier
events show little clustering and are limited to individual, well spaced events. By con-
trast, the template events located within the Taupō Fault Belt show distinct grouping.
The most prominent of these is the northeast trending, elongated cluster of earthquakes
in the centre of the fault belt. This cluster sits between the Whangamata and Ngangiho
faults and is approximately 2 km north of the Kinloch township (See Figure 1.1 for
major fault locations). This cluster appears to be located closer to the Whangamata
Fault, but the resolution of these results is not high enough to confirm this. Template
earthquakes occurring within the Taupō Fault Belt are generally closely spaced.

3.3 Spatial distribution of relocated events

This section outlines the spatial distribution of the relocated earthquakes. These results
are based on the earthquakes in GrowClust, using an rmin value of 0.5 (C in Figure 2.9).
Detections that could not be relocated have been omitted from the spatial results
section, given the increased error associated with NonLinLoc locations.
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Figure 3.3: A map of the template events identified in snuffler and located
in NonLinLoc. Earthquakes are shown as purple circles, magnitudes were
not calculated for template events so sizes are uniform. Distance scaled in
km.
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3.3.1 Mapped results

The distribution of the relocated events shares similarities with the template events
located by NonLinLoc, both producing a large cluster closely aligned to the Whanga-
mata Fault (Figure 3.4). Several other clusters of events are also seen in close proximity
to the Whakaipo and Kaiapo faults to the southeast. The clusters, along with others
within the Taupō Fault Belt, are mostly linear in their distribution and trend parallel
to the fault belt. In some instances, specifically on the southeastern side of the Kaiapo
fault close to Taupō township, there are linear groupings of earthquakes which are not
aligned with any known faults.

Another major cluster of earthquakes occurred beneath Lake Taupō’s Western Bay.
This cluster of events is elongate in map view, trending northwest and perpendicular
to the fault belt. Isolated events also occur near beneath the northeastern lake-shore
in close proximity to Taupō township (Figure 3.4).

The majority of swarm earthquakes are low magnitude, especially the ones making up
the large clusters close to the Whangamata, Whakaipo and Kaiapo faults (Figure 3.4).
Here we see high numbers of low magnitude earthquakes (<1 ML), punctuated by more
irregular, larger magnitude (1–2.5 ML) events. The ratio of low to high magnitude
events decreases significantly in the northwestern extent of the Taupō Fault Belt, with
a larger proportion of high magnitude events (ML 1.5–2.5) occurring in this region.
The magnitudes of events occurring beneath the northeastern bay are larger and show
less variation than most in the fault belt. The major cluster beneath the Western Bay
consists primarily of <1 ML earthquakes.

3.3.2 Cross-section results

There are four separate vertical cross-sections taken through the relocated swarm data
(lines: A, B, C and D in Figure 3.4). Cross-section A covers the vertical distribu-
tion of events in the northwestern region of the Taupō Fault Belt, encompassing the
Whangamata and Ngangiho faults (Figure 3.5).

The distribution of events in cross-section A is skewed towards the centre of the fault
belt, with most events occurring between 5–9.5 km along the cross-section. This in-
cludes the large cluster of events in close proximity to the Whangamata Fault, at ∼6–6.5
km along the cross-section. This large cluster consists of multiple smaller groups trend-
ing at near vertical angles. This pattern is also seen further northwest, with another
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Figure 3.4: A map of double-difference relocated earthquakes, including de-
tections and templates, via GrowClust using an ‘rmin’ value of 0.5. Earth-
quakes are shown as green circles and active faults are black, with major
faults labelled. Four cross-section lines have been plotted, and correspond
to Figures 3.5, 3.6 & 3.7.
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Figure 3.5: Cross-section of earthquakes relocated by GrowClust. This
cross-section corresponds to the line marked A–A’ in Figure 3.4 and uses
the same magnitude scale. Depth and distance are in km, while elevation
is scaled in metres.
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Figure 3.6: Vertical cross-section corresponding to the line B–B’ in Fig-
ure 3.4, spanning the southeastern portion of the Taupō Fault Belt. Trend
of prominent cluster is projected upward with a blue line. The Whakaipo
and Kaiapo faults are shown as red dashed lines and the same magnitude
scale is used as in Figure 3.4. Elevation above 0 is measured in metres.

steeply dipping cluster of events visible at ∼3 km.

The depth distribution of events along cross-section A is relatively uniform, with most
events occurring between 2.5–5.5 km depth (Figure 3.5). There are two notable vari-
ations on this trend. Firstly, earthquakes occurred within 2 km of the surface from
0–4 km along cross-section A, including some events within the upper ∼200m, before
quickly deepening. These events consist primarily of ML ≥ 1 events and show little
magnitude variation. Secondly, at ∼6 km along the cross-section, a small cluster of
earthquakes occurs at 9 km depth, the deepest in this region of the fault belt.

The depth distribution of events in the southeastern portion of the Taupō Fault Belt
is more consistent than in the northwest, with the majority of events occurring within
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a 3–6.5 km depth range (Figure 3.6). There are outliers occurring at 9km depth and
within 2km of the surface, but these are individual events rather than clusters seen
further northwest. There are also less events occurring in this southern half of the
fault belt compared to in the northwest.

The most prominent cluster of events occurs ∼2 km along cross-section B, correspond-
ing to the cluster closely aligned to the Whakaipo Fault (Figure 3.4). This significant
grouping of earthquakes forms a steeply dipping cluster between 4–7 km depth. This
cluster dips approximately 80 degrees and displays a range of magnitudes. The major-
ity of events are relatively low magnitude, however one of the largest magnitude events
(ML > 2) in the entire swarm occurred around 5 km depth within this cluster. An-
other, less prominent cluster of events occurred approximately 7 km along cross-section
B (Figure 3.6), consisting of higher magnitude earthquakes.

There are other isolated groupings of earthquakes separating these two clusters below
the topographic rise inferred as representing the Kaiapo Fault topography. These
groupings also contain multiple ML > 1, but are not as dense as the cluster beneath the
Whakaipo Fault. Small groupings of low magnitude earthquakes also occur sporadically
throughout cross-section B.

The final two cross-sections, C and D, bisect the large cluster of events occurring
beneath Lake Taupō’s Western Bay (Figure 3.4). Cross-section C runs perpendicular
to the Taupō Fault Belt, while cross-section D is parallel (Figure 3.7).

The spatial distributions of the earthquakes in cross-sections C and D indicate the
cluster is dipping approximately 80 degrees to the northwest. The events in the cluster
are more constrained than those in the Taupō Fault Belt, forming a tight ellipsoid with
few outliers. The cluster is thickest between ∼3 and 5 km depth, before pinching out
towards its shallower and deeper regions. Two notable outliers can be seen in cross-
section D at ∼1 and 3 km along the cross-section line. Both are ML1 events occurring
between 3 and 4 km depth and occur approximately 1 km removed from the cluster.
Additional outliers can also be seen above and below the main cluster, occurring around
1 and 7 km depth respectively. These events are lower magnitude than the horizontal
outliers occurring to the north and south (Figure 3.7).

The magnitudes in these cross-sections are reduced compared to seismicity in the fault
belt, recording no events > ML 1.5 and a large number of < ML 1 events. In keeping
with the ellipsoidal spatial distribution, the majority of higher magnitude events occur
in the centre of the cluster. Generally, there is less variation in magnitude in the lake
cluster than in clusters within the Taupō Fault Belt (Figures 3.5 & 3.6). There are
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Figure 3.7: The left plot is a vertical cross-section corresponding to line ‘C’
in Figure 3.4. The right plot is a vertical cross-section corresponding to line
‘D’ in the same plot. Magnitude scales are as in Figure 3.4.
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Figure 3.8: Plot of the cumulative total earthquakes against the months
of the year. Our matched-filter (M-F) detections are shown in black. A
second line (red) has been included to show the cumulative total of events
detected by GeoNet.

also considerably fewer small magnitude earthquakes in this cluster compared to fault
belt earthquake clusters.

3.4 Temporal distribution of relocated earthquakes

3.4.1 Broad focus

Along with the spatial distribution of earthquakes that occurred during this swarm, we
are interested in their temporal distribution. Broadly, the rate of earthquake occurrence
follows a step-wise trend, with a shallow linear trend punctuated by short periods of
significant earthquake occurrence (Figure 3.8). The largest of these spikes in earthquake
activity occurred on the 24th and 25th of February, where the number of cumulative
earthquakes increases by approximately 2000. This cluster of earthquakes makes up a
significant portion of the total earthquakes count for the swarm, but smaller periods
of unrest can also be identified. An increase in the cumulative number of earthquakes
of approximately 300 occurred on the 2nd of February (Figure 3.8). A similar period of
unrest can also be identified on the 17th of May, increasing the cumulative earthquake
total by ∼200 events.

In the four months without significant (>200 events) unrest periods, multiple episodes
of minor unrest occur (Figure 3.8). This is evident in the later half of April, where
unrest can be identified on five separate occasions, but are limited to less than 100
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earthquakes each. March displays a similarly asymmetrical distribution of earthquakes,
with a few periods of minor unrest occurring at the start of the month. In both
March and April, between periods of minor unrest there is a shallow linear increase
in cumulative earthquake total of ∼200 earthquakes per month. This suggests regular
seismicity in these months, but at a frequency too small for our cumulative plot to
resolve.

The asymmetrical distribution is not seen in January and June, which have small
periods of unrest evenly distributed throughout. These minor spikes in cumulative
earthquake total help contribute to the linear trend most clearly seen in January and
June.

The step-wise pattern is mirrored in the detections made by GeoNet over this time
(Figure 3.8, red line). Small spikes occurred at the same intervals, indicating we are
detecting significantly more earthquakes during periods of increased seismicity than
GeoNet, but are generally detecting events on the same days.

The distribution of earthquakes parallel to the Taupō Rift is relatively constrained,
with the majority of swarm earthquakes occurring in a 10 km band either side of
our cross-section line (Figure 3.9, top). The primary exception to this trend occurs
during some periods of increased seismicity, seen during February, April and May.
Early swarm earthquakes at the beginning of January are tightly constrained to the
10km central band, with the only exception being a small number of earthquakes
occurring approximately 12 km to the southwest (down-rift). These events mark the
beginning of the swarm beneath Lake Taupō’s Western Bay (Figure 3.4), with more
earthquakes occurring here during February, March and April. The rift-parallel spread
of earthquakes increases in February, with high seismicity on the 1st producing events
further southwest. Another, much larger, period of seismicity occurred on the 24th and
25th of February, showing earthquakes occurring further southwest and northeast.

Few earthquakes occur within the Taupō Fault Belt in March, instead accumulating
further southwest in the Western Bay cluster (Figure 3.9). During the later half of the
swarm (April to June), the rift-parallel spread of earthquakes increases, with a greater
proportion of events occurring to the southwest of the central fault belt. This most
clear during periods of high seismicity on the 27th of April and the 17th of May.

The spatial distribution of earthquakes perpendicular to the Taupō Rift begins with a
moderate 10 km spread along the cross-section line (Figure 3.9, middle). This indicates
most January events occurred in the central fault belt but were loosely constrained.
This level of diversity disappears moving into February, with the majority of events
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Figure 3.9: Three plots relating the location and depths of earthquakes rel-
ative to their origin time, ranging from 11/01/2001–30/06/2001. All plots
show time (in months) on the x-axis. The top plot shows the distribution
of earthquakes perpendicular to the cross-section A in Figure 3.13. The
middle plot displays the distribution of earthquakes along the same cross-
section, with increasing values moving from northwest to southeast across
the fault belt. The middle plot uses a depth colour scale. The bottom plot
shows the depth of swarm earthquakes compared to origin time.
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constrained to ∼10 km along the cross-section. This places most February events as
occurring in the northwest region of the fault belt. Two exceptions to this occur on
the 1st and 25th, where a number of earthquakes are distributed further southeast and
northwest. Earthquakes occurring in March return to a tight spread, corresponding
to the cluster beneath the Western Bay. The distribution perpendicular to the rift
becomes highly variable during the latter half of the swarm, with the spread increasing
to between 10 and 27 km along the cross-section. This indicates events in April, May
and June were more heavily distributed across the central and southeast regions of the
fault belt.

The depth distribution of events over the course of the swarm shows less variation
than location (Figure 3.9, bottom). The depths of earthquakes during the swarm show
good consistency on a broad scale, with most events occurring between 3–6 km. The
main exceptions to this trend is during stretches of 1–2 days on which high volumes
of seismicity occurred in February, April and May. During this periods, variation
increases, ranging between 1 and 9 km depth on the 25th of February.

3.4.2 Periods of high seismicity

Examining the cumulative earthquake count and earthquake location relative to time
(Figures 3.8 & 3.9), we have identified three periods of increased seismicity. These are
the 1st and 24–25th of February and the 17th of May.

On the 1st of February, earthquakes occur between 15:30 and 18:30, separated by a
30 minute period of quiescence (Figure 3.10). Earthquakes share a relatively uniform
depth between 4 and 6 km. Through both periods of earthquakes there are two major
clusters of events, occurring in tightly constricted groups at 12 and 17 km along our
rift-perpendicular cross-section (Figure 3.10, middle). There is more variation in the
rift-parallel distribution, with earthquakes occurring in a 10 km range through the
central fault belt (Figure 3.10, top).

The 24th and 25th of February host approximately 2000 earthquakes (Figure 3.8). When
looking at this period of high seismicity, which lasts approximately 11 hours, we see
most of the rift-parallel distribution is constrained to a ∼4 km band near the centre
of the fault belt (Figure 3.11, top). Between 23:00 and 3:00, there are a number
of earthquakes which occur 1–5 km southwest (down-rift) of this primary cluster of
events. This trend is later reversed, as between 4:00 and 5:30 earthquakes instead
occurred further northeast (up-rift) of the large central cluster.
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Figure 3.10: Three plots relating the location and depths of earthquakes
to their origin time for events occurring between 15:00 and 19:00 on the
1st of February. Plots are as is in Figure 3.9, relating to cross-section A in
Figure 3.13.
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Figure 3.11: Three plots relating the location and depths of earthquakes to
their origin time for events occurring between 21:00 on the 24th of February
and 10:00 on the 25th of February. Plots are as is in Figure 3.9, relating to
cross-section A in Figure 3.13.
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When analysing the variation in location perpendicular to the Taupō Rift, we see the
majority of earthquakes occur ∼13 km along the cross-section (Figure 3.11, middle).
This corresponds to the cluster occurring near the Whangamata Fault (Figure 3.4),
which accumulates earthquakes for approximately four hours, followed by a 30 minute
period of quiescence before a further 90 minutes of activity. There are also three distinct
lineations occurring at 6, 7 and 9 km along the cross-section. These lineations have
durations of ∼3 hours and begin sequentially. The main cluster begins at approximately
23:00, followed by the 9km lineation at ∼23:10, the 7 km lineation at ∼23:20 and the
6 km lineation at ∼23:30. These lineations also become shallower as they move to the
northwest, as seen by the deeper colour of the 6km lineation events. Following the
period of quiescence at 3:30, activity is constrained to the largest cluster.

The depth range of events during this period of seismicity indicates most events oc-
curred between 2.5 and 6 km depth (Figure 3.11, bottom). However, a secondary
grouping of events was significantly shallower, within 1km of the surface and likely
corresponding to the northwestern clusters. There are also a small number of events
occurring deeper than the main cluster, at approximately 8–9 km depth.

Approximately 200 earthquakes occurred on the 17th of May, occurring primarily be-
tween 17:00 and 20:00 with a an hour of rapid activity around 17:45 (Figure 3.12). The
along-rift distribution of these events indicates activity begins towards the centre of
the fault belt, before progressively moving down-rift approaching 18:00 (Figure 3.12,
top). After 18:00 the distribution of earthquakes moves further northeast towards the
centre of the fault belt. The distribution of earthquakes across-rift is incredibly well
constrained, with events forming a 2 km band occurring 21 km along the cross-section
(Figure 3.12, middle). The depth distribution is slightly less uniform, with most events
occurring between 2–6 km depth. There is also a notable outlier occurring at approxi-
mately 1 km depth.

3.4.3 Mapping temporal variation

Another method of high resolution analysis is mirroring the relocation map (Figure 3.4)
and incorporating temporal data (Figure 3.13). This provides another view on the
relationship between time and location for earthquakes in the 2001 swarm, allowing
contextualisation with respect to the Taupō Fault Belt and its active faults.

Given two periods of increased seismicity occurred in the first two months of a six
month swarm, the colour scale applied has been asymmetrically divided. As a result,
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Figure 3.12: Three plots relating the location and depths of earthquakes to
their origin time for events occurring between 17:00 and 22:00 on the 17th

of May. Plots are as is in Figure 3.9.
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January and February have been divided into four colour increments. March has been
divided into two colour increments, given seismicity occurs beneath the Western Bay
throughout this month (Figure 3.9). As the majority of seismicity during each of April,
May and June occurs on a single day, a single colour for each month has been applied.
This will capture the overall temporal diversity of the 2001 seismicity while allowing
for increased resolution in months with more than one period of high seismicity.

There were approximately 300 earthquakes that occurred in January, the majority of
which occur within the Taupō Fault Belt (Figure 3.13, dark blue). Within the fault belt,
events in January are limited to the central and southeastern regions. Two groupings
of earthquakes stand out close to the Ngangiho and Kaiapo faults, both occurring
between 4 and 6 km depth. The grouping near the Kaiapo fault is larger, dips steeply
and displays high magnitude variation (Figure 3.14). The earthquakes during January
are ∼ ML 1, although some larger magnitude events can be seen near the Ngangiho
and Kaiapo faults. Generally, smaller clusters and individual events share a relatively
uniform magnitude distribution.

Earthquakes occurring in February dominate the central and northwestern Taupō Fault
Belt, showing strong clustering close to multiple active fault lines (Figure 3.13, green-
brown). The largest of these groups forms close to the Whangamata Fault, with smaller
clusters running along several unidentified active faults. There are more clusters fur-
ther northwest, which align with smaller, unidentified active faults. In the northwestern
Taupō Fault Belt February events stretch up-rift, with multiple ML > 1.5 events occur-
ring above the -38.6◦ latitude marker (Figure 3.13, map). The February events in the
central fault belt are focused between 3–5 km depth, but become shallower towards
the northwest and rise to within 1 km of the surface (Figure 3.14). There is a sig-
nificant amount of magnitude variation in these events, with February clusters in the
northwest and central Taupō Fault Belt containing a small number of ML > 1.5 events
surrounded by a tightly constrained grouping of smaller magnitude events. Earthquake
magnitudes in February become more uniform moving further northwest.

A small minority of February earthquakes occurred further southeast, interspersed with
January events around the Whakaipo Fault (Figure 3.14, teal). These events occurred
during the period of high seismicity on the 1st of February and are concentrated in
a steep cluster. Some individual events are scattered throughout the fault belt, in-
cluding one ML 2 event near the Whangamata Fault. Finally, February events can be
seen occurring in the large cluster beneath Lake Taupō’s Western Bay (Figure 3.15).
Earthquakes occurring during February make up approximately 30% of this cluster
and are largely contained within the central 2 km of its ellipsoidal shape. There is
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Figure 3.13: A map of relocated earthquakes, as in Figure 3.4, with earth-
quakes coloured according to their origin time. There are three cross-section
lines A,B and C corresponding to Figures 3.14 & 3.14. Distance and mag-
nitude scales are included. Taupō and Kinloch townships are labelled tri-
angles.
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Chapter 3. Results

Figure 3.15: Cross-sections B and C from Figure 3.13 showing the events
occurring beneath the Western Bay. A magnitude scale is included.

82



3.5. Focal mechanism results

one notable outlier, which is significantly shallower than the majority of events and
occurs at approximately 1 km depth. The February earthquakes beneath the lake are
uniformly ML 1.

In contrast to the earthquakes occurring in January and February, the earthquakes
detected during March primarily occur outside the Taupō Fault Belt in the Western
Bay cluster (Figure 3.13, brown). These events make up around half of this cluster,
including the two outliers to the south and north. Events detected in March are
uniformly ML 1, with the largest event being a ML 1.13 earthquake on the 2nd of
March.

Events occurring in April and May have similar distributions, predominantly occurring
southeast of the Kaiapo fault (Figure 3.13). The earthquakes occurring in April were
relocated in close proximity to Taupō township, although a small number are also
seen further northwest. In contrast, earthquakes occurring in May are constrained to
the up-thrown side of the Kaiapo Fault. The magnitudes of the earthquakes on the
southeastern side of the Kaiapo Fault are consistently between ML 0.5–1.5, but show
increased variation closer to the fault line. Earthquake depths in April are constrained
between 3–5 km depth, contrasting with May earthquakes occurring between 1.5–6 km
(Figure 3.14). Earthquakes occurring in April and May were also located to a lesser
degree in the central and northwestern fault belt, occurring as individual events or as
small, tightly constrained clusters. A few individual events are seen in the Western Bay
cluster, but these are a significant minority compared to February and March events
in this region (Figure 3.15).

The GrowClust relocation process relocated only 68 earthquakes the occurred in June,
making it difficult to assess their spatial or temporal distribution. A small cluster of
events was located in close proximity to the April cluster beneath Taupō township
(Figure 3.14, at 26 km). Apart from this small cluster, earthquakes during June occur
as ≤ ML 1 events individually dispersed throughout the fault belt.

3.5 Focal mechanism results

This section displays the results of the focal mechanism calculations achieved using the
software package MTfit (Pugh & White, 2018), following the picking of p-wave arrivals
for chosen events in snuffler (Heimann et al., 2019). 16 earthquakes from the swarm
were chosen based on their magnitude, from which we were able to confidently identify
p-wave polarities on multiple stations. Of these 16 earthquakes, ten produced focal
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mechanism results beneath the 100,000 sample limit. The magnitudes of these events
ranged between a 1.07 ML earthquake on the 13th of March to a 2.54 ML event on the
24th of February, with a magnitude cutoff of one. Six earthquakes occurred in February,
with the other four split between the months of January and May. The events which
occurred in May are notably smaller, recording local magnitudes approximately 3

4 the
size of the others. Six of the ten events produced well constrained focal mechanism
solutions which fit the data. The results of the six well constrained or ‘successful’ focal
mechanisms are presented below, along with an explanation of the issues limiting these
results.

3.5.1 Well constrained focal mechanisms

Two fault-plane plots have been produced for each of the ‘successful’ events. The first
of these plots shows all potential fault plane orientation pairs for the given event, with
the average pair represented by green lines. These plots also display the Kinematic
pressure, null and tensile stress axes. The second fault-plane plot shows only the
highest-probability orientations of the two possible fault planes associated with this
event.

Event 1 occurred on the 30th of January and produced a calculated local magnitude of
2.28 ML. The earthquake occurred in the northwestern region of the Taupō Fault Belt,
close to the Whangamata Fault (Figure 3.16, map). The full focal mechanism plot for
event 1 has a large majority of high probability fault plane orientations (darker lines)
forming a strike-slip solution with a small normal component, which is supported by
the average orientations. This strike-slip solution is further reinforced by the highest-
probability pairing of possible fault plane orientations, which shows no overlap between
contrasting data points (Figure 3.16, top right). These two plots suggest that strike-
slip motion on a fault dipping steeply to either the northwest or northeast best explains
the data. Based on the alignment of the focal mechanism with a NE-trending active
fault, it is likely the NW-dipping possible plane is the true nodal plane.

A small amount of moderate probability fault plane orientations suggest increased
normal motion occurred on a much shallower northwest dipping fault (Figure 3.16,
top left). However this solution is less constrained and only contains data in three
quadrants, suggesting a more strike-slip solution is appropriate. This result is con-
sidered highly reliable, as both extensional and compressional sectors are constrained,
increasing our confidence in the resulting plot.
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Figure 3.16: This figure consists of three subplots relating to the first fo-
cal mechanism result (occurring 01/02/2001). The top left subplot shows
all possible fault plane orientations, with darker lines representing higher
probability planes and the two green lines marking the average of these.
The pressure, null and tensile stress axes are shown in the legend. The top
right subplot shows the highest probability pairing of possible fault planes.
In both subplots, circles indicate upward first motion at the station, while
triangles indicate downward first motion. The bottom subplot is a map
view of the focal mechanism, with active faults shown in black.
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Event 2 occurred on the 24th of February and produced a calculated local magnitude of
2.54 ML, making it one of the largest events detected in the entire swarm. This earth-
quake occurred in the northwestern region of the Taupō Fault Belt, on the northwest
side of the Whangamata Fault (Figure 3.17, bottom). Event 2 shows reduced varia-
tion in the range of possible fault plane orientations compared to Event 1, with the
highest probability orientations suggesting a strike-slip solution with a small reverse
component best fits the data (Figure 3.17, top). The average orientation is consistent
with the highest probability fault plane orientation, both suggesting oblique strike-
slip motion on one of two moderate to steeply dipping faults, dipping either east or
south. A small number of potential fault planes suggest the motion could occur on a
westward dipping fault rather than eastward, although these are low probability orien-
tations. The higher probability solution also fits the station data available, with most
stations recording upward motion occurring in the upper left compressional quadrant.
Stations recording downward motion occur in the dilational quadrants to either side,
but no data is recorded in the lower right quadrant. This constrains the orientations
to slightly oblique rather than true strike-slip. Unlike Event 1, there is some undesir-
able overlap of stations with opposite motion occurring in the same quadrants. This
increases uncertainty in these results, however this overlap is only the case for a small
number of stations in close proximity to the nodal plane (Figure 3.17, top-right).

Event 3 is the first of four successful events to have occurred on the 25th of February,
during the period of highest seismicity rates in the swarm. Similarly to events 1
and 2, this earthquake occurred in the northwest region of the Taupō Fault Belt in
close proximity to the Whangamata Fault and recorded a local magnitude of 2.19 ML

(Figure 3.18, bottom). The average and highest probability fault-plane orientations
suggest that oblique normal motion on one of two moderately dipping fault planes, one
to the southeast and one to the west, best explains the arrival data associated with this
earthquake (Figure 3.18, top). Both fault plane orientations align with nearby active
faults so it is difficult to assess which is likely the nodal plane.

There is increased variation in Event 3, with multiple high probability potential fault
planes suggesting increasing steepness on the potential west dipping fault. This is
reflected in the contrast between the average and highest probability fault plane orien-
tations, in which the latter strongly suggests the motion is normal. Despite variation in
the west dipping fault, the southeast dipping potential fault is well constrained across
both plots. Additionally, there is increased spread in the pressure, null and tensile
stress axes compared to the other focal mechanism results (Figure 3.18, P, N and T).

Event 4 is the third focal mechanism that occurred during the late February cluster,
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Figure 3.17: This figure consists of three subplots relating to the second
focal mechanism result (occurring 24/02/2001), two fault-plane plots above
a map of the focal mechanism location. The top left subplot shows all
possible fault plane orientations, while the top right subplot shows the
highest probability pairing of possible fault planes orientations which could
be responsible for this earthquake. The legend is as in Figure 3.16.
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Figure 3.18: This figure consists of three subplots relating to focal mech-
anism results of the third focal mechanism result (occurring 25/02/2001).
Subplots and legends are as in Figures 3.16 & 3.17.
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recording a local magnitude of 2.27 ML and was located adjacent to the Whangamata
Fault in the northwestern Taupō Fault Belt (Figure 3.19, bottom). The average and
highest probability fault plane orientations are in complete agreement in this case,
suggesting that oblique reverse motion on either a moderately northeast dipping or
shallowly southwest dipping fault is the best solution for this earthquake (Figure 3.19,
top). It should be noted that there is minimal variation in possible fault plane orien-
tations in the full focal mechanism plot, with the arrangement of potential solutions
hidden beneath the average. This suggests the solution is well constrained, considering
the variation seen in our other focal mechanism results.

However, there is some overlap of station data, with stations recording both upward
and downward first motion seen in the upper left quadrant of both fault plane plots.
This indicates that the highest probability fault plane orientations still do not explain
the station data well. Furthermore, the lower-left dilational quadrant has borderline
overlap with a number of upward motion data points, with most station data here
occurring near the southwest nodal plane. This is not consistent with the expected
arrival locations, which should occur at 45◦ to the nodal planes. The distribution of
the pressure, null and tensile stress axes are also notably reduced in this event.

Event 5 is the final focal mechanism calculated earthquake to occur on the 25th of
February, recording a local magnitude of 2.12 ML. In contrast to previous events,
this earthquake was located further southeast in the Taupō Fault Belt (Figure 3.20,
map). This is one of the best constrained focal mechanisms, with both the fault plane
plots in close agreement. The kinematic axes also have a tight spread, indicating good
constraint. These plots suggest that oblique strike-slip motion with a small reverse
component on either a steeply east dipping fault or a slightly shallower south dipping
fault explains the data (Figure 3.20, top). These steep dips are expected for faults
accommodating strike-slip motion.

While this solution explains most of the arrival data well there are some exceptions,
most clearly seen in the highest probability fault plane plot (Figure 3.20, top right).
Firstly, there are two stations at which compression occurred, close to encroaching on
the bottom left dilational quadrant. There is also a single station recording downward
dilatational motion (triangle) in the lower-right compressional quadrant. Based on
experience picking events in snuffler, this is likely CNIPSE station KIWC, which often
displayed the opposite arrival polarity to other nearby CNIPSE stations. This suggests
a station error may be responsible for this overlap. Additionally, assuming the top left
and bottom right quadrants are accommodating compression, only one of the opposing
dilational quadrants actually contains stations with downward first-motion recorded
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Figure 3.19: This figure consists of three subplots relating to focal mecha-
nism results of the fourth focal mechanism result (occurring 25/02/2001).
Subplots and legends are as in Figure 3.16
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Figure 3.20: This figure consists of three subplots relating to the fifth focal
mechanism result (occurring 25/02/2001), two fault-plane plots above a
map of the earthquakes location. Subplots and legends are as in Figure 3.16.

(triangles). We would expect to see these stations in the top right quadrant of the fault
plane plots, but a lack of data points impacts our ability to constrain the solution.

Event 6 is the final focal mechanism calculation and occurred on the 17th of May,
registering a local magnitude value of 1.55 ML. This earthquake was located in the
southeast region of the Taupō Fault Belt, on the down-thrown side of the Kaiapo Fault
(Figure 3.21, map). While there is some variation, the majority of possible fault-plane
orientations suggest that oblique strike slip motion on either a moderately southeast
dipping fault or a steeply dipping northeast dipping fault best explains the arrivals
of this earthquake (Figure 3.21, top-left). It is likely the nodal plane corresponds to
the southeast dipping fault, as this plane aligns well with the trend of nearby active
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Figure 3.21: This figure consists of three subplots relating to the sixth and
final focal mechanism result (occurring 17/05/2001), two fault-plane plots
above a map of the earthquakes location. Subplots and legends are as in
Figure 3.16

faults. This is in agreement with the highest-probability fault-plane orientation but
strangely contrasts with the average, which suggests the possible southeast dipping
fault plane is notably shallower. There is a small amount of station overlap seen in the
highest probability plot (Figure 3.21, top-right), however this is only the case for two
contrasting polarities. The kinematic axes are well constrained in Event 6.

To summarise, we have confidently produced double-couple focal mechanisms for six
of the eight highest magnitude events in the swarm. Events 1, 2, 3 and 4 are all
located in close proximity, with events 2 and 4 overlapping significantly, centred near
the Whangamata Fault in the northwestern region of the Taupō Fault Belt (Figure 3.22,
map). Despite their close proximity to the Whangamata Fault, each of these events
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are also closely aligned to a number of unidentified active faults. Events 5 and 6 were
located further southeast, amongst a cluster of smaller faults bracketed by the Ngangiho
and Kaiapo faults. All focal mechanism results suggested some component of strike
slip motion could be attributed to these earthquakes. The nature of this component
varied, with events 1, 2, 5 and 6 all suggesting fault planes accommodating primarily
strike slip motion. Event 1 produced a focal mechanism closest to pure strike-slip,
with only a small component of normal motion accompanying this. Event 1 was also
the most confidently constrained focal mechanism produced, with no overlap between
opposing stations and data points located in every quadrant.

In contrast, events 3 and 4 favoured oblique dip-slip solutions. Interestingly, event 3
suggested oblique normal motion on one of its potential faults was the highest probabil-
ity solution, while event 4 was the result of oblique reverse motion. There was a small
component of strike-slip motion in both these solutions, although this was significantly
lower than the other events. Despite the contrasting senses of motion, these events
were located in close proximity to events 1 and 2 (Figure 3.22). Generally speaking,
there is less variation in potential fault planes in these two events than in the events
showing stronger strike-slip components. However, it should be noted that both events
3 and 4 display overlap in their station data, with contrasting data points appearing
in the same quadrants. This increases the uncertainty in these results relative to the
strike-slip dominated events, which display significantly less overlap. Both also show
increased variation in their kinematic axes distribution.

The depth distribution of the successful focal mechanism results is relatively consistent,
with all events occurring between 3 and 6 km depth (Figure 3.22, cross-section). The
cross-section results also indicate that events 1–4 all occur on the upthrown side of the
Whangamata fault, assuming its dip remains consistent at depth. Additionally, Events
2 and 4 are not only located at near identical latitude and longitude values, but also
occurred at remarkably close depths. Events 2 and 4 occurred approximately 2.5 hours
apart.

3.5.2 Issues with focal mechanism calculation

Of the sixteen earthquakes selected for focal mechanism calculation, only ten produced
focal mechanism results within an acceptable sample limit. Only six of these were well
constrained. This can be attributed to a number of factors, primarily resulting from
the seismometer distribution in 2001. The CNIPSE network was tightly spaced within
the Taupō Fault Belt, meaning arrival polarities were easily picked and generally were
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Figure 3.22: Map and cross-sectional view of the six focal mechanism results
in the Taupō Fault Belt, with active faults represented in black. Events 2
and 4 overlap so are offset from their original locations via purple lines.
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uniform among these stations. Arrival polarities were more difficult to pick on START
stations due to distance from the fault belt. With earthquakes of this magnitude,
filtered time-series data allows for confident P-arrival picks on START stations for lo-
cation processes. However, polarities must be determined without any filters applied,
as this can alter the waveforms and introduce error (See Section 2.2.6). Removing the
bandwidth filter made identifying earthquake first arrivals difficult and very few confi-
dent polarity picks could be made on START stations. Confident polarity picks came
from the CNIPSE array, in similar areas, and recorded the same sense of motion. A
bias towards one sense of motion in our arrival data often made it difficult to accurately
constrain the focal mechanism results.

Additionally, CNIPSE and START stations were deployed in two tight groups, perpen-
dicular to the Taupō Fault Belt and around Mt Raupehu (Figure 2.1). This means that
the takeoff angles of earthquake rays arriving at these groups of stations, which control
their distribution in the fault plane plots, are largely similar and produce clustering
of data. This means that even focal mechanisms with an adequate number of data
points leave room for further constraint (e.g. Figure 3.19). While we are still confident
in these results, especially considering these restrictions, having increased variation in
the distribution of seismometers would have likely increased the accuracy of the focal
mechanism results.

3.6 Summary of results

Matched-filter detection produced a catalog of 3782 earthquakes over six months in
2001, over 3000 more than GeoNet detected during this time. These events occurred
in a step-wise pattern, with a flat, linear trend of ∼200 earthquakes per month inter-
spersed with periods of increased seismicity (Figure 3.8). The most notable of these
periods occurred on the 1st and 25th of February and the 17th of May, adding 300,
2000 and 200 earthquakes to the cumulative total respectively. We relocated 2729 of
the 3782 detected events in GrowClust and using the relocations, were able to identify
a range of earthquake clusters occurring adjacent to active faults within the Taupō
Fault Belt. A large elliptical cluster of earthquakes was also identified beneath Taupōs
Western Bay (Figure 3.4).

Earthquake distribution in the central and northwestern regions of the fault belt were
dominated by earthquakes occurring in February, which form large clusters around
the Whangamata Fault. At depth these cluster are nearly vertical, with events ranging
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between 1–6 km depth. Interspersed are smaller clusters of events occurring in January,
April and May. In contrast to the northwestern fault belt, the southeastern region
accommodates very few February events (Figure 3.14) and is dominated by earthquakes
occurring in April and May. These events primarily form in clusters, although these
are smaller than the earlier ones to the northwest. There is also increased spread in
the distribution of April, May and June events in the southeast fault belt, showing less
constraint than earlier events to the northwest (Figure 3.9). There is a good amount
of magnitude variation in earthquakes occurring through the fault belt, although this
reduces moving to the southeast where magnitudes become more uniform. The largest
magnitude events in the swarm occur in the central and northwest regions of the fault
belt and are closely surrounded by multiple smaller magnitude events.

Events occurring outside the Taupō Fault Belt almost exclusively occur beneath Taupō’s
Western Bay (Figure 3.4). The spread of earthquakes in this cluster is elliptical and
has a depth range of 2–5.5 km (Figure 3.15). This cluster is primarily composed of
earthquakes that occurred in February and March, but accommodates a small number
of events from January and April too. The magnitude distribution of events in this
cluster is relatively consistent, with most events having uniformly ML ≤ 1 calculated
magnitudes.

We decided to look closer at the three periods of highest seismicity. On the 1st of
February, the ∼300 earthquakes form two groupings in the central fault belt, with
seismicity resuming after a 45 minute period of quiescence (Figure 3.10). The rift-
parallel distribution on this day suggests that events spread from the central fault
belt to the southwest (down-rift). The 24th and 25th of February hosted over half
the earthquakes in our swarm, with the majority of these events occurring near the
Whangamata Fault in the northwest region of the fault belt (Figures 3.13 & 3.11).
There were four clusters of seismicity, with the activity starting sequentially and events
becoming shallower as clusters become progressively further northwest. The last period
of high seismicity was the 17th of May, on which ∼200 earthquakes occurred. Here we
see earthquakes occurring in a 2 km band across-rift, in the southeast region of the fault
belt (Figure 3.12). There is also evidence in these results to suggest that earthquakes
on the 17th were propagating down-rift to the southwest over time.

Following the spatial and temporal results of our relocated earthquakes, we successfully
calculated focal mechanisms to represent the moment tensors for six earthquakes within
our swarm (Section 3.5). These events were spread throughout the Taupō Fault Belt,
with four occurring in the northwest near the Whangamata Fault, one occurring in the
centre near the Ngangiho Fault and one occurring in the southeast near the Kaiapo
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Fault (Figure 3.22). Four of the six focal mechanism results suggested that oblique
strike-slip motion on near vertical faults best explained their arrival data. The other
two results suggested oblique normal and oblique reverse motion best explained their
data. The events recording normal and reverse motion occurred in the northwestern
fault belt, near two other events which produced strike-slip focal mechanisms. The
focal mechanisms in the central and southern fault belt both produced oblique strike-
slip focal mechanisms. All the focal mechanism results occurred between 3 and 5 km
depth regardless of their position across the fault belt.
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Discussion and Conclusions

4.1 Evidence from results at Taupō

We have identified three key areas to address when considering our interpretation.
These are the spatial and temporal distribution of the relocated earthquakes and the
predominance of strike-slip focal mechanisms.

4.1.1 Western Bay seismicity

An intriguing aspect of the results is the significant number of earthquakes (>200)
located beneath Lake Taupō’s Western Bay (Figure 3.4). These differ to the majority
of swarm earthquake locations, occurring in a historically aseismic area (Potter et al.,
2015; Barker et al., 2021). This cluster of low-magnitude (ML < 1) earthquakes occurs
at 2–6 km depth and exhibits an elliptical distribution with a ∼2 km spread to the
north and south (Figure 3.15). This contrasts with the distribution of the earthquake
clusters within the Taupō Fault Belt, which are tightly constrained and aligned with
active faults. The elliptical distribution of the Western Bay cluster, it’s distance from
known active faults and close proximity to the presumed magma reservoir beneath
Lake Taupō (Barker et al., 2021; Illsley-Kemp et al., 2021), suggests magmatic unrest
may have driven this seismicity.

The Western Bay cluster commenced at the end of January, predating the majority
of seismicity occurring within the Taupō Fault Belt (Figure 3.9, top). This is con-
sistent with similar cases at multiple other caldera settings. As discussed in detail
in Section 4.2, magmatic intrusions at Yellowstone, Campi Flegrei, Italy, and Cor-
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betti caldera in the Main Ethiopian Rift each preceded nearby strike-slip seismicity
(La Rocca & Galluzzo, 2019; Lavayssière et al., 2019).

The suggestion of a magmatic intrusion between late January and April at Taupō
in 2001 is supported by the results of Peltier et al. (2009). When analysing lake
levelling data along the northern shore of Lake Taupō between December 1999 and
June 2001, Peltier et al. (2009) argued that an inflating pressure source best explained
the deformation patterns seen over this time. However, Peltier et al. (2009) observed
minor subsidence (0.005–0.02 m yr−1) along the northwestern lake shore, with their
preferred model placing the pressure source at ∼11 km beneath the northeastern lake,
offshore from the Kaiapo Fault. The lack of uplift recorded at the northwestern lake
shore is not inconsistent with our interpretation that a magmatic intrusion occurred in
this area.

Firstly, all lake levelling measurements, a proxy for deformation, were taken relative to
an origin station on the northeastern shore (Peltier et al., 2009). If this area experiences
uplift itself, as in 2001, it can mask uplift at adjacent stations (Otway et al., 2002),
possibly obscuring a deformation signal beneath Western Bay. Alternatively, it is
possible the intruding body did not produce any observable deformation. Modelling
of inflation scenarios at Taupō Volcano indicates that the lake could effectively mask
deformation amplitude signals associated with an intruding body (Ellis et al., 2007).
We were unable to estimate a volume for the proposed inflating source, but Ellis et
al. (2007) estimated that a 35 km3 intrusion would only produce centimetres of uplift.
Given this is the size of the intrusion responsible for the 1.8 ka Taupō Eruption (Ellis
et al., 2007), it is likely the suggested Western Bay intrusion was smaller. Hence, a
combination of masking by Lake Taupō and uplift in the northeastern region of the
lake may have reduced the uplift in the northwestern lake observed by (Peltier et al.,
2009). We therefore conclude that the lack of uplift recorded along the western shore
of Lake Taupō does not preclude an intrusion being the cause of observed seismicity.

The presence of the Western Bay cluster does not explicitly implicate a magmatic
intrusion as opposed to geothermal fluids, although there are no known geothermal
fields beneath the Western Bay (Bibby et al., 1995). Therefore, we consider a magmatic
intrusion more likely as the cause of the seismicity.
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4.1.2 Taupō Fault Belt kinematics and stress field implications

The focal mechanism results we calculated for six earthquakes occurring within the
Taupō Fault Belt (Section 3.5) displayed primarily strike-slip mechanisms. As the
Taupō Fault Belt is part of the larger Taupō Rift, most identified faults accommodate
regional extension through normal, dip-slip motion (Litchfield et al., 2013). This is
supported the stress inversion completed by Townend et al. (2012), which defined a
predominantly normal stress regime north of Lake Taupō (Massiot et al., 2015; McNa-
mara et al., 2019). Therefore we would expect to produce normal focal mechanisms
from earthquakes occurring in this region instead of strike-slip. As mentioned in Sec-
tion 3.5, due to the low magnitude of the earthquakes during the 2001 swarm and the
poor coverage of seismometers at this time, the focal mechanisms produced by MTfit
are not as numerous or as well constrained as hoped. Nevertheless, these focal mech-
anisms can be used to support evidence from the more robust earthquake relocation
results.

There is good consistency in the potential fault planes of the strike-slip focal mecha-
nisms, with most producing rift parallel nodal planes. Considering the alignment of
the focal mechanisms with active faults, we believe the rift-related nodal planes are the
fault planes the focal mechanism earthquakes are occurring on. The strikes of these
mechanisms are also in good agreement with the two nodal planes of the normal focal
mechanism for Event 3 (Figure 3.22), which strike roughly parallel and antiparallel to
the rift.

The type of faulting that predominantly occurs in an area depends on the orientation of
crustal stress axes. The principal stress axes, denoted σ1, σ2 and σ3, correspond to the
maximum, intermediate and least principle compressive stress directions, respectively
(Anderson, 1905, 1951; Simpson, 1997). Related but distinct geometric information
is provided by the principal axes of each focal mechanism, which are referred to as
the pressure (P, red), null (N, green) and tensile (T, blue) axes. These describe the
kinematics of each focal mechanisms, as the pressure and tensile stresses bisect the di-
lational and compressional quadrants respectively and provide some limited constraint
on the geometries of the principal stress axes (McKenzie, 1969; Townend et al., 2006;
Arnold & Townend, 2007). In five of the six focal mechanism results we have obtained,
the ‘T’ axis is sub-horizontal and trends northwest to southeast, which broadly coin-
cides with the direction of extensional strain in the Taupō Rift and the orientation
of the axis of minimum horizontal compressive stress (σ3, Townend et al., 2012). Al-
though the ‘T’ and σ3 are not equivalent, they are both consistent with the orientation
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Figure 4.1: A schematic figure showing the proposed temporary rotation
of the stress field at Taupō. This shows σ1 rotating from vertical (left) to
horizontal (right) as a result of horizontal pressure. Red arrows indicate
compressive stress.

of expected minimum stress within the Taupō Rift.

We do not have enough focal mechanism results to produce a full stress inversion of
the area (e.g., Townend et al., 2012). However, the predominance of strike-slip focal
mechanisms suggests a vertical σ2 rather than the vertical σ1 we would expect to see
in a normal stress regime (Anderson, 1905, 1951). Although strike-slip faults can be
active in a normal stress field, an alternative interpretation is that the predominance
of strike-slip focal mechanisms was the result of a localised change in the stress field,
with σ1 rotating to horizontal (Figure 4.1).

We suggest this stress change is temporal rather than spatial. A spatial change in
stress could imply that the Taupō Fault Belt consistently exhibits a locally rotated σ1,
compared to the wider rift. However, this is unlikely due to the kinematics of prominent
faults within the Taupō Fault Belt, which accommodate normal motion (Litchfield et
al., 2013). Therefore we propose the rotation of σ1, consistent with our strike-slip
focal mechanisms, is a temporal change associated with the intrusion beneath Lake
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Taupō’s Western Bay. This mirrors similar results at both Campi Flegrei and the
Main Ethiopian Rift (Section 4.2), which will be addressed later.

Event 4 (Figure 3.19) is an outlier as the strikes of the two potential fault-planes
are rift-perpendicular rather than rift-parallel. Event 4 was located overlying Event
2, matching both the location and depth. Event 2 is a strike-slip focal mechanism,
however the strikes of the nodal planes are similar. If the highest probability fault
planes in Event 4 were rotated slightly northeast and steepened, these two events would
show good agreement as oblique strike-slip focal mechanisms. Additionally, arrival
polarities show significant overlap for Event 4, reducing our confidence in the reverse
focal mechanism implied. This indicates Event 4 potentially has a larger component
of strike-slip motion and may show more consistency with the other focal mechanism
results.

To summarise, the focal mechanism results in the Taupō Fault Belt predominantly
show strike-slip faulting, consistent with a rotation of σ1 from vertical to horizontal.
The kinematics of faults in this region imply the long-term stress field has a vertical σ1,
suggesting that an external forcing created a local temporal rotation in the principle
stress axes, supporting the suggestion of a magmatic intrusion beneath Taupō’s Western
Bay, first evidenced by seismicity in this area.

4.1.3 Evidence of fluid-based faulting

The spatial and temporal distribution of relocated earthquakes within the Taupō Fault
Belt suggest evidence of potential fluid-based faulting, which may have occurred as
a product of this intrusion. Fluids can induce faulting by reducing effective normal
stress and increasing pore fluid pressure as they propagate along fault planes (Shelly et
al., 2013; Russo et al., 2020). Multiple major earthquake swarms in the past have also
been associated with fluids escaping from a lithostatically pressured ductile regime
into a hydrostatically pressured brittle region (Dzurisin et al., 1994, 2012; Waite &
Smith, 2002). Both Yellowstone and the Main Ethiopian Rift show similarities to the
proposed Western Bay intrusion and their seismicity was attributed to fluids originated
from intruded magma bodies to induce faulting (Shelly et al., 2013; Lavayssière et al.,
2019; Russo et al., 2020). These examples will be addressed in Section 4.2.

Earthquakes from 2001 within the Taupō Fault Belt form near-vertical clusters, sug-
gesting they are not representing extension on any of the major four faults. Especially
notable is the lack of motion on the Kaiapo Fault during this swarm, despite it being
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identified as a strong structural control within the fault belt by Peltier et al. (2009).
These four faults, the Whangmata, Ngangiho, Whakaipo and Kaiapo all typically dis-
play normal motion and have dips of 60 degrees at the surface (Litchfield et al., 2013).
Strike-slip motion is not optimal on dipping faults, but is seen occurring in close prox-
imity to the Whangamata Fault (Figure 3.22). However, this can occur if the dipping
fault is sufficiently weak compared to the surrounding rock (Sibson, 1990). This weak-
ening may be the result of increased pore-fluid pressure, caused by the introduction of
fluids (Sibson, 1990).

Propagation of seismicity, often indicative of fluids (Shapiro et al., 1997; Parotidis et
al., 2003; Hill & Prejean, 2005; Hainzl & Ogata, 2005; Shelly et al., 2013), may have oc-
curred on the 17th of May. Between 17:30 and 18:00, earthquakes initiated in the centre
of the Taupō Fault Belt, before moving progressively southwest towards Lake Taupō
for approximately 15–20 minutes (Figure 3.12, top). A connection can also be made
with the magnitude of these events. May events located near the northeastern portion
of the Kaiapo fault are generally ML ≤ 1, increasing to ML ≤ 2 to the southwest. Near
the southwestern terminus of the Kaiapo Fault, at the shore of Lake Taupō, are two of
the largest events in the swarm (Figure 3.13), reinforcing this trend. There are some
exceptions, with multiple ML<1 earthquakes occurring by the lake, but generally the
trend fits our data well.

To summarise, the vertical clustering of Taupō Fault Belt seismicity and alignment with
small rift-oriented faults is characteristic of the presence of fluids. This seismicity also
shows some evidence of propagation along fault planes, another indicator of possible
fluid presence. These observations are given more weight based on their similarities
with other examples of fluid based seismicity (Section 4.2).

Temporal evidence of fluid-based faulting

Sustained earthquake rates over time along with a wide spread of earthquake hypocen-
tres are both features indicative of fluid-triggered earthquakes (Sibson, 1996; Hainzl,
2004; Cox, 2005; Wibberley et al., 2008; Ingebritsen & Appold, 2012). While the earth-
quake count has a step-wise pattern, there is a shallow linear trend of approximately
200 earthquakes per month occurring outside the periods of increased seismicity (Fig-
ure 3.8). This indicates seismicity is occurring regularly throughout the first six months
of 2001. Furthermore, on days accommodating periods of increased seismicity, earth-
quakes can be occur continuously for up to 7 hours. Broadly speaking, the relocated
earthquakes occur across a large (∼ 25 × 20 km2) area, a characteristic indicative of
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fluid-triggered seismicity (Hainzl, 2004). These distribution characteristics support the
spatial evidence of fluid-based faulting.

There is a strong temporal divide either side of the Kaiapo Fault, with earthquakes
from the first and second halves of the swarm occurring to the northwest and southeast
respectively (Figure 3.14). If seismicity within the Taupō Fault Belt is partially induced
by the propagation of fluids, the Kaiapo Fault may be acting as a barrier blocking this
propagation during the first half of the swarm.

Evidence of faults acting as barriers to fluid induced seismicity in the Taupō area was
displayed in a recent study by Hopp et al. (2020). This seismicity occurred between
2012 and 2015 in the Rotokawa geothermal field, which is compartmentalised by faults
blocking inter-compartmental fluid flow (Wallis et al., 2013; Sewell et al., 2015; Addison
et al., 2017). Hopp et al. (2020) identified significant variations in calculated b-values
for earthquakes in the different ‘compartments’, with average b-values highest in the
compartment closest to the sites of fluid injection. Given pore-fluid pressure is most
elevated near the site of injection, this suggests varying amount of fluids in each com-
partment are causing the disparity in b-values (Hopp et al., 2020). Furthermore, this
implies the border faults separating the geothermal field are limiting the fluid propa-
gation into compartments further from the site of fluid injection. Another example of
this was seen at an Enhanced Geothermal Systems (EGS) borehole beneath Basel in
Switzerland, where b-values increase above 2.0 near the site of injection (C. E. Bach-
mann et al., 2012; Hopp et al., 2020). Hence, the Kaiapo Fault may be acting as a
similar barrier. It has already been identified as a strong structural control in the
Taupō Fault Belt and was involved in further deformation in the months following the
swarm (Peltier et al., 2009).

4.1.4 Faulting evidence of increased stress

In addition to evidence of fluid propagation, the period of highest seismicity in the
swarm shows evidence of stress-induced faulting. Earthquakes that occurred on the
24th and 25th of February show strong spatial segregation, in four distinct locations
across the Taupō Fault Belt. The largest cluster occurred adjacent to the Whanga-
mata Fault (Figure 3.13), with three clusters of diminishing size to the northwest
(Figure 3.11, middle). There is a clear offset in the initiation of earthquakes at these
sites. The largest, central cluster initiates at approximately 23:10, following which
seismicity begins 3–4 km northwest approximately 10 minutes later. This is followed
by two more earthquake clusters, each occurring 1 km further northwest and initiating

105



Chapter 4. Discussion and Conclusions

10 minutes after their predecessor.

This creates a progression of earthquake clusters across the fault belt, initiating se-
quentially to the northwest. The sequential nature of these clusters suggests each one
is being triggered by its predecessor. As the initial fault ruptures, stress is transferred
onto the adjacent fault, which then ruptures and continues the cycle. This does not
adhere to the hallmarks of fluid propagation, where fluids move along the strike of a
fault but rarely jump across multiple faults (Shelly et al., 2013). The four clusters
are also shallowing from ∼5 to <1 km depth moving northwest (Figure 3.11, middle),
which is significantly shallower than the majority of earthquakes occurring in the Taupō
Fault Belt. We therefore suggest that the earthquake cluster adjacent to the Whanga-
mata fault is triggering earthquakes on smaller, increasingly shallow fault planes to
the northwest. This is consistent with the mapped results of our relocated events,
which shows February earthquake clusters align closely with parallel active faults in
the northwest region of the Taupō Fault Belt (Figure 3.13).

Stress induced faulting is not unexpected. An intrusion of magma beneath the Western
Bay would apply a significant horizontal pressure, indicated by the inferred rotation
of σ1. This pressure can increase differential stress in the overlying rock and drive it
towards brittle failure (Rowland et al., 2010). Dike-induced stress changes have been
known to encourage fault slip (Rubin & Pollard, 1988). Fluid and stress triggered
seismicity can also coexist within the same swarm, both acting as primary processes
(Parotidis et al., 2005; Hainzl & Ogata, 2005; Shelly et al., 2013). We believe the spatial
distribution of earthquakes displays evidence of this coexistence of faulting mechanisms
occurring at Taupō, which is consistent with an intrusive seismicity source.

4.2 Comparing Taupō with analogous calderas

As mentioned in Section 4.1, despite occurring in the actively extending Taupō Fault
Belt (Rowland et al., 2010), we see a predominance of strike-slip focal mechanisms and
evidence of fluid-driven seismicity. Similar patterns of seismicity have been reported at
other calderas elsewhere. We have chosen to focus on periods of seismicity at three of
these analogous settings, which support the interpretations we have made for Taupō.
These periods of seismicity occur at Yellowstone caldera, Campi Flegrei caldera and
the Main Ethiopian Rift (Russo et al., 2020; La Rocca & Galluzzo, 2019; Lavayssière
et al., 2019).
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4.2.1 Yellowstone

Yellowstone is located in the western United States and is part of the Intermountain
Seismic Belt, characterized by high volcanic and seismic activity (Smith & Arabasz,
1991; Farrell et al., 2009). Crucially, seismicity commonly forms swarms showing sig-
nificant spatial and temporal clustering (Farrell et al., 2009; Massin et al., 2013). Seis-
micity recorded between 2010 and 2016, including the 2010 Madison Plateau swarm
(Figure 4.2), displayed a mixture of strike-slip and normal faulting around the edge of
the 0.63 Ma caldera (Russo et al., 2020). The presence of normal faulting is expected
here as the volcanic plateau is part of the Basin and Range Province, which is un-
dergoing tectonic extension (Christiansen, 2001). This mirrors the focal mechanisms
at Taupō, where strike-slip faulting occurred within a typically normal-faulting stress
field. However, the strike of extensional faults in this region is variable (Doser, 1985;
Eddington et al., 1986; Zoback, 1992) and does not share the uniformity of the Taupō
Rift.

The predominance of strike-slip focal mechanisms at Yellowstone was attributed to an
intruding sill, although alignment of earthquake clusters with Quaternary normal faults
indicates regional tectonics were also influential (Russo et al., 2020). The intruding
sill provided a reservoir of exsolved fluids, which accumulated in horizontal lenses,
below the brittle-ductile transition (Fournier, 1999; Smith et al., 2009). The fluids
migrated laterally (Figure 4.3), trapped by overlying low-permeability rocks, from a
near-lithostatic regime to a near-hydrostatic regime as they cross the brittle-ductile
transition (Fournier, 1999; Gudmundsson, 2011; Geshi et al., 2012). This induces
faulting by reducing normal stress and increasing pore fluid pressure, as the fluids travel
along pre-existing fault planes (Shelly et al., 2013; Russo et al., 2020). Additionally, the
fluid over-pressure induces horizontal propagation along existing fractures/faults and in
turn creates new fractures accommodating strike-slip motion (Pollard & Holzhausen,
1979; Bonafede & Olivieri, 1995; Russo et al., 2020). This fluid based solution is
supported by the diffusive pattern of earthquake distribution, with events migrating
up and down-dip from the origin (Shapiro et al., 1997; Parotidis et al., 2003; Hill
& Prejean, 2005; Hainzl & Ogata, 2005; Shelly et al., 2013). We see evidence of
similar propagation in the southeast region of the Taupō Fault Belt on the 17th of May
(Figure 3.12).

The strike-slip earthquakes from the Madison Plateau swarm in 2010 occurred in largely
vertical clusters. This is similar to the spatial distribution of seismicity occurring in
the Taupō Fault Belt, implicating fluids as a potential driver. We have interpreted
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Figure 4.2: Seismic swarms in the Yellowstone volcanic plateau. The
0.63Ma Yellowstone caldera represented in black, with active faults (Chris-
tiansen, 2001) in red and resurgent domes in blue. Earthquake catalog is
from USGS Earthquake Hazards program. This figure has been taken from
Russo et al. (2020).
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Figure 4.3: Schematic cross-section by Shelly et al. (2013) showing the
relationship between fluids and earthquake swarms adjacent to the caldera.
Shelly et al. (2013) suggest that fluids become exsolved from the intruding
sill before transitioning across the brittle-ductile transition and increasing
pore-fluid pressure in the brittle regime. This induces seismicity.
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the Western Bay cluster an intrusion, matching the sill intruded prior to the Madison
Plateau swarm which provided a source of fluids. Therefore suggest this analogue
supports the hypothesis that fluids originating from the Western Bay intrusion induced
a significant amount of seismicity in this area in 2001.

4.2.2 Campi Flegrei

Another analogue for Taupō is Campi Flegrei, a partially submerged collapse structure
located west of Naples in Italy (D’Auria et al., 2015). Campi Flegrei is situated at the
northeastern terminus of the Tyrrhenian back-arc basin, which is actively undergoing
extension (Milia et al., 2013). This back-arc basin is home to complex regional tectonic
processes, reflected in the diversity of strike distribution amongst earthquakes recorded
around Campi Flegrei (La Rocca & Galluzzo, 2019). When investigating seismicity at
Campi Flegrei between 2000 and 2019, La Rocca & Galluzzo (2019) found the majority
of earthquakes recorded either a high angle normal focal mechanism or a strike-slip
mechanism (Figure 4.4).

Earthquakes during this time frame were low magnitude (< 2.5ML) and aligned with
small faults within the central caldera as opposed to the few large identified faults
(Vitale & Isaia, 2014; La Rocca & Galluzzo, 2019). We have seen this pattern of
seismicity occurring on smaller faults in a zone of established extension in both the
long-term seismicity at Yellowstone and at Taupō in 2001. The seismicity at Campi
Flegrei was located in the area that recorded the most significant uplift, suggesting
that an inflating source is responsible for triggering seismicity on the faults in this
area (La Rocca & Galluzzo, 2019). This uplift, adjacent to the seismicity, created a
horizontal tensile stress field, increasing horizontal stresses in the area while reducing
the normal stress on high angle faults and favouring strike-slip faulting (La Rocca &
Galluzzo, 2019). Strike orientations of events at Campi Flegrei were highly variable,
showing no preferential direction (La Rocca & Galluzzo, 2019). When determining
the stress-field, the stress axes showed similar variation, although there was enough
consistency to determine that the primary compressional stress was vertical and the
average inclination of tensile stress was horizontal (La Rocca & Galluzzo, 2019). The
scattered stress field distribution and strike orientations indicate the regional stress
field at Campi Flegrei caldera does not play an important role in the production of
seismicity.
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Figure 4.4: Focal mechanism results from seismicity at Campi Flegrei by
La Rocca & Galluzzo (2019), indicating a mixture of normal and strike-
slip faulting. Seismic stations are shown in blue, while the nearby town of
Pozzuoli is circled in red. Figure taken from La Rocca & Galluzzo (2019).
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4.2.3 Main Ethiopian Rift

The final analogue for the 2001 seismicity associated with Taupō is the seismicity seen
near Corbetti Volcano in the Main Ethiopian Rift (MER). The Main Ethiopian Rift
is a magmatically active portion of the East African Rift System lying between the
Afar and Turkana depressions to the north and south, respectively (Lavayssière et al.,
2019). The MER strikes NNE-SSW and is rifting ∼6 mm/year (Saria et al., 2014;
Stamps et al., 2018), similarly to the Taupō Fault Belt (Darby et al., 2000; Wallace et
al., 2004). It is seismically active, with normal faulting occurring at border faults and
near volcanic centres such as Corbetti caldera (Lavayssière et al., 2019).

Earthquakes were detected at Corbetti volcano over an 18 month period between Febru-
ary 2016 and October 2017 (Lavayssière et al., 2019) and were located between 0–10
km depth (Figure 4.5). There was a range of strike-slip and thrust mechanisms in
events both along the caldera rim and in clusters near volcanic vents (Lavayssière et
al., 2019), in contrast to the dominant normal dip-slip regional stress. A pre-existing
fault structure cross-cuts beneath the Corbetti caldera (Gíslason et al., 2015). Seismic-
ity in the region is situated north of the structure, implicating it as an impermeable
barrier directing fluid migration north (Gíslason et al., 2015; Lloyd, Biggs, Wilks, et al.,
2018). The distribution of seismicity at Corbetti is therefore consistent with strike-slip
motion induced by pore fluid pressure changes resulting from upwelling fluids forced
north by this structure.

In addition to an increase in seismicity, the strike of earthquake clusters changes sig-
nificantly north of the cross-fault structure. It is likely that the original alignment
was the result of the rift-related stress field while progression a north-south alignment
was due to the north-ward migration of the initiating fluids (Lavayssière et al., 2019).
This change in the stress field is supported by seismic anisotropy, which shows a NS
orientation north of the cross-rift structure (Lavayssière et al., 2019). This contrast in
stress change and the dominance of strike-slip focal mechanisms at Corbetti compared
to the rest of the rift indicates that the uplift beneath the caldera was sufficient to
modify the stress field. Pressurisation or inflation of a horizontal dislocation or sill is
consistent with uplift observations and would locally increase horizontal stress above
vertical stress, changing the stress field (Lloyd, Biggs, Birhanu, et al., 2018). This
rotates σ1 to horizontal and produces strike-slip motion on faults, causing slip due
to increased pore fluid pressure resulting from fluid upwelling off the inflating source
(Lavayssière et al., 2019).

There are strong similarities between the earthquake and focal mechanism distributions
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Figure 4.5: Map and cross-sections of seismicity and focal mechanism results
from Corbetti caldera in the Main Ethiopian Rift, taken from Lavayssière
et al. (2019). Green inverted triangles are seismic stations, red triangles are
the two main volcanic centres. The black dashed line shows the cross-rift
fault structure identified by Lloyd, Biggs, Wilks, et al. (2018).
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to those observed here and at Taupō in 2001. This supports the suggestion that a
similarly intrusive source may be the result of the Taupō Fault Belt seismicity.

4.2.4 Summary

Based on the evidence at Taupō and similarities with multiple intrusion events at other
calderas, we believe the seismicity beneath Lake Taupō’s Western Bay is the result of
a magmatic intrusion (Figure 4.6). This inflating body is identified primarily by the
relocated elliptical cluster of earthquakes beneath Western Bay. The horizontal pres-
sure from this body caused a temporal rotation in the axis of maximum compressive
stress (σ1) to horizontal, favouring the onset of seismicity with strike-slip focal mecha-
nisms throughout the Taupō Fault Belt. This is consistent with magma-induced stress
changes inferred at Campi Flegrei and the Main Ethiopian Rift. At both calderas,
the large number of strike-slip focal mechanisms were attributed to a rotation of σ1

resulting from the increase in horizontal pressure from an intruding source (La Rocca
& Galluzzo, 2019; Lavayssière et al., 2019)). The focal mechanism results produced at
Taupō are consistent with this pattern.

The increased horizontal pressure from the intrusion likely combined with exsolved
fluids to induce the resulting seismicity in the Taupō Fault Belt (Figure 4.6). We
have inferred this based on the proposed intrusion and the spatial distribution of the
relocated seismicity, which forms vertical clusters aligned with small faults similarly to
those seen in fluid-induced swarms at Yellowstone and the Main Ethiopian Rift.

The majority of Taupō Fault Belt seismicity also occurred after the unrest beneath the
Western Bay. In each of the three analogous caldera settings, seismicity was preceded
by and attributed to intrusion or inflation of a horizontal magmatic body (Russo et al.,
2020; La Rocca & Galluzzo, 2019; Lavayssière et al., 2019). This supports magmatic
intrusion as the driver of fault belt seismicity at the Taupō Fault Belt in 2001. The
spatial distribution of earthquakes and propagation of seismicity both along faults and
across the fault belt are similar to patterns observed during the Madison Plateau swarm
(Shelly et al., 2013; Russo et al., 2020). This suggests that exsolved fluids from the
Western Bay intruded source likely induced some of the fault belt seismicity. Based
on the evidence from Taupō and its strong similarities to periods of well constrained,
intrusion-induced seismicity, we are confident in attributing the seismicity at Taupō in
2001 to an intrusion beneath the Western Bay (Figure 4.6).
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Figure 4.6: Schematic showing the normal stress conditions around Taupō,
including a labelled representation of the magma reservoir (top). The bot-
tom plot shows the introduction of the proposed intruding magma body,
which increases horizontal pressure and changes the stress axes. Fluids can
also be seen exsolving from the intrusion, inducing strike slip seismicity in
the fault belt.
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4.3 Magma-tectonic interaction

4.3.1 Mafic-tectonic interaction

The results of this research suggest that the Western Bay intrusion had a significant
role in triggering seismicity within the Taupō Fault Belt. Interaction between the mag-
matic and tectonic systems is not uncommon in the central Taupō Volcanic Zone. There
is evidence that stress-related diking contributed to the initiation and termination of
eruption phases during the Oruanui supereruption in 25.5 ka (Allan et al., 2012). Row-
land et al. (2010) also proposed a three-way coupling system, linking the tectonic stress
state to the silicic and mafic magmatic systems in the central Taupō Volcanic Zone.
This system depends on three variables: mafic magmastatic pressure, differential stress
in the crust and the percentage of the shallow silicic ‘hot zone’ likely to undergo partial
melting, which together control the varying methods of accommodating extension in
the TVZ (Rowland et al., 2010).

This was further expanded on by the work of Muirhead et al. (2022), who suggest the
presence or absence of eruptible melt bodies is critical in dictating the outcome of mafic
recharge or tectonic processes. Both mafic recharge and tectonic processes have the
potential to trigger the formation and eruption of a melt body within the shallow silicic
system (Leonard et al., 2002; Davis et al., 2007; Baer et al., 2008; Allan et al., 2012).
Muirhead et al. (2022) outlined six potential outcomes of volcano-tectonic interactions
at Taupō Volcano. Outcomes 2 and 5, which envision mafic bodies stalling in the crust
having either intruded within or outside the silicic system (Muirhead et al., 2022), are
applicable to our results. When a mafic intrusion occurs outside the silicic system
but no eruptible silicic melt body in place, the intrusion will result in a change in
the stress state around Taupō, unrest and faulting (Muirhead et al., 2022). Examples
of this outcome potentially include the faulting and seismicity associated with the
1922 and 1983 swarms within the Taupō Fault Belt (Otway, 1986; Potter et al., 2015;
Barker et al., 2021; Muirhead et al., 2022). Outcome 2, where a mafic intrusion occurs
within the silicic system, was likened to the 2019 seismicity near Horomatangi Reefs
beneath Lake Taupō (Illsley-Kemp et al., 2021; Muirhead et al., 2022). Based on these
interpretations, the clear difference between a mafic intrusion within and outside the
silicic system is the distribution of seismicity and change in the local stress state.

The extent of the silicic magma system is poorly constrained, ranging from 80 km3 to
upwards of 250 km3 (Barker et al., 2021; Illsley-Kemp et al., 2021). These estimates
limited by the aseismic nature of western Lake Taupō, where no seismicity occurred
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during other periods of magmatic unrest, such as the 2008 and 2019 swarms (Fournier
et al., 2013; Potter et al., 2015; Barker et al., 2021; Illsley-Kemp et al., 2021). The 2001
Taupō unrest also shows little similarity to 2019, which is a template for the expected
outcome of a mafic intrusion into the silicic system (Muirhead et al., 2022). Based on
the interpretations of Muirhead et al. (2022), it seems unlikely the intrusion beneath
the Western Bay occurred within the silicic system.

The relocation results show similarities with outcome 5, in which a mafic intrusion
occurs outside the silicic system (Muirhead et al., 2022). Seismic swarms in 1922 and
1983, which preceded seismometer coverage, both show evidence of deformation and
faulting throughout the Taupō Fault Belt and even ruptured the Kaiapo Fault at the
same location (Grindley, 1986; Peltier et al., 2009; Barker et al., 2021). This is more
consistent with the distribution of seismicity in 2001. Mafic intrusions outside the
silicic system can also interact with the tectonic system and force a change in the
stress state (Rubin & Pollard, 1988; Rowland et al., 2010; Muirhead et al., 2022). This
is consistent with the focal mechanism distribution in 2001, which infers a temporal
rotation of σ1 to horizontal (Figure 3.22). Such a stress change is unlikely to occur from
an intrusion within the silicic system, as a system as large as Taupō’s would buffer the
stress impacts of the intrusion (Muirhead et al., 2022). We believe that the Western
Bay intrusion that initiated seismicity during the 2001 swarm was of mafic origin and
occurred outside the silicic system. This is consistent with both the distribution of
earthquakes within the fault belt, the change in local stress state and the location of
the Western Bay earthquake cluster in a previously aseismic area.

If we are correct in suggesting this intrusion occurred outside the silicic magma system,
it may help constrain the westward extent of the silicic system. Considering the Western
Bay intrusion likely occurred outside the silicic reservoir, this provides a potential limit
on the reservoirs extent.

4.3.2 Magma-tectonic hazards

Seismicity has occurred at Taupō on an approximately decadal-scale since the intro-
duction of seismic monitoring stations in 1985 (Barker et al., 2021). Ground shaking
reports and surface displacements suggest that during periods of seismicity, hundreds
of < M3 earthquakes can occur everyday (Hull & Grindley, 1984). This is corroborated
by matched-filter detection, which detected 1825 earthquakes over 48 hours during our
swarm. Furthermore, during swarms associated with the Taupō Fault Belt (1922 &
1983), deformation ranging from mm to m scales can occur (Grange, 1932; Hull &
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Grindley, 1984; Otway, 1986; Peltier et al., 2009). The previously mentioned major
faults within the Taupō Fault Belt have expected recurrence intervals of less than 2000
years and the frequency of damaging earthquakes is an order of magnitude higher at
Taupō Volcanoes than eruptions (Villamor & Berryman, 2001; Villamor et al., 2015;
Stirling et al., 2012; Muirhead et al., 2022). Given these conditions, it is clear that
the main hazards at Taupō on short-term timescales are associated with earthquake
seismicity.

Considering this, the 2001 swarm at Taupō presents a rare opportunity to study the af-
fects of magmatic interactions with the Taupō Fault Belt through a hazard perspective.
Although this swarm did not include any seismicity larger than ML3, strong vertical
deformation followed the swarm along the northern shore of Lake Taupō (up to 0.2m
yr−1) (Peltier et al., 2009). This indicates the power of the interaction between the
deeper mafic magmatic system and the regional tectonic system around Taupō, imply-
ing a larger intrusion could produce higher magnitude earthquakes. This is consistent
with the potential for Taupō Rift faults to produce magnitudes in excess of ML6, indi-
cated by earthquakes sourced from the Kaingaroa and Edgecumbe faults in 1985 and
1987 (Grapes et al., 1987; Beanland et al., 1990; Villamor & Berryman, 2001; Barker
et al., 2021).

Multiple clusters were relocated adjacent to the Whangamata Fault and in close prox-
imity to the township of Kinloch on the northwestern lake shore. Should similar clus-
tering occur again with higher magnitude earthquakes, there could be some significant
ground-shaking or deformation impacts on Kinloch and potentially on Taupō town-
ship further southeast. In addition to the potential damage to residential areas, there
is significant geothermal and hydrological infrastructure around Taupō. During the
2019 seismic swarm, shaking caused the rupturing of a major sewer pipe in Taupō
township (Illsley-Kemp et al., 2021), an indication of how shaking can impact local
infrastructure. Given there are four geothermal and hydro-power stations within the
spread of earthquakes from the relocated 2001 swarm, assessing the hazards posed by
the interaction between the Western Bay intrusion and the local tectonic system is
critical.

4.4 Conclusions

Based on the results of earthquake relocation and focal mechanism calculation, we
suggest that the earthquake swarm which occurred in the Taupō Fault Belt in 2001
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was driven by the intrusion of a magmatic body. The intrusion is outlined by a large
elliptical cluster of low-magnitude earthquakes occurring beneath Lake Taupō’s West-
ern Bay, a historically aseismic area. This conclusion is supported by the dominance of
strike-slip focal mechanisms within the Taupō Fault Belt, consistent with a temporal
rotation of the maximum compressive stress axes (σ1) from subvertical to subhorizon-
tal. This is due to increasing horizontal pressure applied by the intrusion, supported
by evidence from similar scenarios at Campi Flegrei and the Main Ethiopian Rift.
Though we may have expected to see uplift in this region accompanying the intrusion,
the overlying lake can mask uplift signals of significantly larger intrusions than ours.
Therefore we believe there is strong earthquake location and focal mechanism evidence
for the presence of a magmatic intrusion beneath Lake Taupō’s Western Bay.

The spatial and temporal distributions of seismicity within the Taupō Fault Belt also
support this conclusion. The high rates of seismicity are consistent with fluid based
origins, likely exsolved from the intruding source (Dzurisin et al., 1994, 2012; Waite
& Smith, 2002; Russo et al., 2020). Furthermore, the majority of Taupō Fault Belt
seismicity occurred after the initiation of the Western Bay cluster, consistent with the
intrusion driving seismicity here. The temporal distribution of relocated events also
suggests the Kaiapo Fault may be acting as a barrier to fluid propagation, supporting
previous claims that it acts as a strong structural control within the Taupō Fault
Belt. Similar effects from faults were seen in the nearby Rotokawa geothermal field,
indicating this is not uncommon in the Taupō Volcanic Zone.

Taupō Fault Belt earthquakes primarily occurred in vertical clusters, aligned with small
rift related fault planes and show signs of both fluid propagation and stress-induced
faulting. This mirrors swarm seismicity distributions seen at Yellowstone in 2010,
which was induced by exsolved fluids source from an inflating sill beneath the caldera.
Hence the spatial earthquake distribution also supports an magmatic intrusion as the
seismicity source.

We further conclude that these results indicate the 2001 swarm is an example of a
mafic intrusion occurring outside the shallow silicic system at Taupō. The 2001 swarm
displays similar distribution characteristics to previous swarms induced via this mech-
anism. Additionally, a change in stress state appears to be a key identifier and is
reflected in our focal mechanism data, which is consistent with a horizontally rotated
σ1 axis during the time of intrusion. If a mafic intrusion did occur outside the silicic
system, then the Western Bay cluster may indicate an outer limit of the silicic system.
This is a primitive constraint, but could be used to inform more direct studies on the
extent of the shallow magma system.

119



Chapter 4. Discussion and Conclusions

We recommend additional research be undertaken on the seismic nature of Taupō’s
Western Bay. These results suggest the area is not as aseismic as previously thought
and likely had a major role in inducing nearly 4000 earthquakes over six months in
2001. Deformation relating to this intrusion was masked by the overlying lake, al-
though more comprehensive modern monitoring of the area should help mitigate this
from reoccurring. Despite low magnitude earthquakes within the Western Bay cluster,
earthquakes > ML2.5 occurred within the Taupō Fault Belt. Considering the close
proximity of both Kinloch and Taupō town to the Taupō Fault Belt and the potential
of faults within it to produce ML6 earthquakes, further understanding this relation-
ship is critical to hazard assessment at Taupō. Finally, if the Western Bay cluster has
occurred outside the silicic system as inferred, this could provide a key constraint on
the extent of the modern silicic system. This has been the focus of many geophysical
studies and we hope this research can be used to further inform this topic.
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ity anomaly compilation of the Taupō Volcanic Zone, New Zealand. New Zealand
Journal of Geology and Geophysics, 64 (2-3), 358–371.

Stamps, D. S., Saria, E., & Kreemer, C. (2018). A geodetic strain rate model for the
East African Rift System. Scientific Reports, 8 (1), 1–9.

Stern, T. A., & Benson, A. (2011). Wide-angle seismic imaging beneath an andesitic
arc: Central North Island, New Zealand. Journal of Geophysical Research: Solid
Earth, 116 (B9).

Stern, T. A., Stratford, W. R., & Salmon, M. L. (2006). Subduction at a continental
margin: kinematics and dynamics of the central North Island, New Zealand. Reviews
of Geophysics, 44 , RG4002.

Stirling, M., McVerry, G., Gerstenberger, M., Litchfield, N., Van Dissen, R., Berryman,
K., . . . others (2012). National seismic hazard model for New Zealand: 2010 update.
Bulletin of the Seismological Society of America, 102 (4), 1514–1542.

Sutton, A. N., Blake, S., & Wilson, C. J. N. (1995). An outline geochemistry of
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