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Abstract

In this thesis, controlled-source seismic data acquired during two regional-scale
experiments are analysed to determine the offshore lithospheric structure at the
Hikurangi subduction margin in New Zealand. Subduction of the ∼120 Myr old
Hikurangi Plateau occurs beneath the east coast of North Island, New Zealand.
Because the plateau is an oceanic large igneous province, where the crustal thickness
is about 50% greater than normal oceanic crust, there are different dynamics and
seismicity patterns compared to the subduction of a regular oceanic crust. On
interseismic time-scales, the plate interface in the south is locked down to depths of 30
km and experiences deep (30-45 km) slow-slip events (SSEs). In contrast, the plate
interface is creeping in the north and experiences shallow (5-10 km) SSEs. It is
important to understand the seismic velocity structure from the upper crust down to
the base of the lithosphere in order to gain insights into the observed variations in
subduction-thrust slip behaviour, SSEs and the structure of an oceanic plateau in
general. The thesis consists of three projects, each focusing on different aspects of the
lithosphere at the Hikurangi subduction margin.

Project one investigates the crustal and upper mantle structure of the subducting
Hikurangi Plateau at the southern Hikurangi margin. In this study, onshore-offshore
seismic data acquired during the Seismic Array HiKurangi Experiment (SAHKE) are
used. By forward-model raytracing the travel-times of observed refractions and
wide-angle reflections in common receiver gathers, the Hikurangi Plateau crustal
thickness is estimated to be 12±1 km. A ∼10% reduction in P-wave-speeds in the
Hikurangi Plateau crust beneath the trough is observed. Refractions provide evidence
for two upper mantle layers: an upper layer with regular upper mantle P-wave-speeds
(8.0±0.2 km/s); and a deeper layer with a high P-wave-speed (8.7±0.2 km/s) at a
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depth of 50±2 km beneath the Hikurangi trough. Similarly fast upper mantle P-wave
speeds are reported along margin-parallel azimuths under the North Island, about
100 km down-dip of the subduction zone at depths of ∼8-10 km from the Moho
suggesting that the upper mantle of the Hikurangi Plateau is characterised by
anomalously high P-wave-speeds along all azimuths. A velocity reduction of ∼10%,
similar to that in the crust, is deduced to extend down to 25±2 km in the upper
mantle beneath the trough, as a result of the formation of a low-velocity zone in the
faster upper mantle layer. It is proposed that this is due to the serpentinisation of
mantle peridotite by hydration through bending-induced normal faults and/or due to
crack porosity introduced by thermal cracking, further enhanced by bending-related
faulting. This implies that the “regular mantle” (VP∼8 km/s) is not regular, but rather
the faster upper mantle has mechanically bent, fractured and altered. The onset of
seismicity in the lower band of the double seismic zone and high upper mantle VP

under the North Island is observed at depths of ∼50 km. This is consistent with the
hypothesis that the lower band of earthquakes in a double seismic zone is due to
antigorite dehydration processes, a hydrous mineral in the low-velocity zone in the
upper mantle beneath the trough. Despite the differences in crustal thickness and
high upper mantle P-wave speeds, subduction-related upper mantle hydration and
dehydration are analogous with other margins where regular oceanic crust is
subducting.

The second project is focused on a series of long-offset, late-arriving wide-angle
seismic reflections observed in the onshore-offshore common receiver gathers from
the first project. Results from modelling these wide-angle reflections using
forward-model raytracing, amplitude versus offset modelling and synthetic waveform
modelling, are consistent with a series of reflective horizons approaching
sub-lithospheric depths of the subducting Pacific Plate. A ∼3-5 km thick, azimuthally
anisotropic layer with a P-wave anisotropy of 13-15% is proposed to exist at a depth of
70 km. A 5 km thick layer with low P-wave velocity (7.6 km/s) and a high VP/VS ratio
(>>2.5) is then required below the anisotropic layer. It is followed by another ∼3-5
km thick layer with slightly lower (7.4 km/s) or higher (7.8 km/s) P-wave velocity
and a regular VP/VS ratio (∼1.85). The higher VP/VS ratio in the upper layer indicates
that it contains either melt or volatiles, whereas the relatively low VP/VS ratio in the
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lower layer may indicate a relatively lower fluid content. These two layers comprise a
composite low VP layer with a thickness of ∼8-10 km beneath the anisotropic layer,
and is interpreted to be the lithosphere-asthenosphere boundary (LAB) channel. It is
consistent with the down-dip projected depths of the LAB channel found from an
earlier study. The most prominent discovery here is the azimuthally anisotropic layer
whose fast azimuth is subparallel to the direction of absolute plate motion
(perpendicular to the margin). Strong shearing occurring at the LAB channel due to
the differential movement of the lithosphere on top of the asthenosphere is suggested
to give the preferential alignment of olivine crystals along the direction of maximum
finite shear strain and produce the observed azimuthal anisotropy. Results from this
study show, therefore, that it is not a single low-velocity channel that makes up the
LAB, but a series of layers that make up an LAB zone. In addition, the study
highlights the key role that wide-angle reflections from controlled-sources can play in
investigating the fine-scale structure of the LAB boundary zone due to the short
wavelengths and the generation of enhanced amplitudes when the reflections
approach the critical angles (∼55◦).

The primary objective of the third research project is to estimate the VP/VS ratio of the
Hikurangi margin forearc using mode-converted seismic phases from airgun shots
recorded by an array of multi-component ocean bottom seismographs (OBS)
deployed as a part of the Seismogenesis at Hikurangi Integrated Research Experiment
(SHIRE). PPS mode-conversions at the sediment-basement interface and the top of
the subducting crust are identified. Estimated average VP/VS ratios for the topmost
sediments range from 2.5±1.0 to 6.0±2.5 and are consistent with water-saturated,
unconsolidated sediments. Average VP/VS ratios for the entire column of sediments
and sedimentary rocks above the subducting crust range from ∼1.55±0.08 to
2.20±0.08. Low-average VP/VS ratios between ∼1.55±0.08 and ∼1.78±0.12 are
estimated for a region of higher sediment thickness in the southern Hikurangi
margin. The thick sediments may result in a higher degree of compaction. The low
VP/VS ratios are also coincident with the offshore extension of the Pahau Torlesse
Terrane which consists mainly of low-porosity, highly compacted, Cretaceous
greywackes. In contrast, high VP/VS ratios between ∼1.85±0.10 and 2.22±0.08 are
observed in regions with lower sediment thickness, which may reflect effects of lower
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degree of compaction and lithology. Furthermore, the average VP/VS of the rocks and
sediments above the subducting crust show a weak correlation with the slip-rate
deficits on the subduction thrust. Shear-wave splitting results indicate an anisotropy
of ∼3.5% localised in the top layer (∼1-2 km) of sediments beneath the seafloor. Fast
polarisation directions are oriented perpendicular to the plate interface contours,
suggesting stress-aligned, fluid-filled cracks.

The work presented in this thesis provides constraints on the lithospheric structure of
the Hikurangi subduction margin, from the upper plate down to the base of the
lithosphere, using controlled-source seismology. The results provide insights on the
physical properties of the materials and their association with geodynamic processes.
The outcomes of this thesis advance our knowledge of the Hikurangi subduction
margin and contribute to our knowledge of plate tectonics in general.
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Chapter 1

Introduction

1.1 Context and Rationale

New Zealand straddles the tectonic plate boundary between the Pacific and
Australian Plates (Figure 1.1). The tectonic character of the plate boundary varies
along its course through New Zealand. In the southwestern South Island of New
Zealand is the Fiordland subduction margin, a recently initiated subduction zone
system where the Australian Plate subducts beneath the Pacific Plate. It changes from
subduction to a continental transform fault, the Alpine Fault further north in the
South Island. The Alpine Fault continues up to the northern South Island until it
translates into the Marlborough fault zone, which then merges with the Hikurangi
subduction margin offshore of the eastern North Island of New Zealand.

The subducting Pacific Plate at the Hikurangi margin contains the relatively buoyant
Hikurangi Plateau, an oceanic large igneous province [Coffin and Eldholm, 1994; Davy
et al., 2008] (Figure 1.1). There are many along-strike variations in structure and
character of the Hikurangi margin. Geodetic data reveals that the plate interface in the
southern margin is locked (has a high slip-rate deficit) during interseismic time
periods [Walcott, 1984] with deep slow-slip events (30-35 km) [Wallace et al., 2012a,b]
(Figure 1.2). The locked subduction patch here has the potential to generate a
megathrust earthquake [Wallace et al., 2004]. In the north, the subduction thrust is
observed to be creeping, with shallow slow-slip events (5-10 km) [Wallace et al., 2004,
2012a,b] (Figure 1.2). The slow-slip events in the south are of long duration (∼1 year)
and with recurrence intervals of ∼5 years. In the north, the slow-slip events are of
short duration (<1 month) and have recurrence intervals of ∼1-2 years [Wallace,
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Figure 1.1 Tectonic setting around New Zealand. Red lines indicate active plate boundaries. HSM-
Hikurangi subduction margin, AF-Alpine Fault, MFZ-Marlborough fault zone, FSM-Fiordland subduc-
tion margin, MR-McQuarie Ridge, KT-Kermadec trench. Black, dashed outline indicates the approxi-
mate extents of non-subducted portion of the Hikurangi Plateau. In the inset map of the globe, dashed
back polygon indicates the extent of the main map, and red lines indicate the present-day tectonic plate
boundaries.

2020]. The relative plate convergence obliquity changes from margin-perpendicular in
the north to nearly margin-parallel in the south. The southern segment of the
Hikurangi margin is characterised by frontal accretion whereas the northern segment
is characterised by subducting seamounts and tectonic erosion [Wallace, 2020]. These
variations in character make the Hikurangi margin an ideal location to understand the
subduction dynamics associated with an oceanic plateau and the full spectrum of
fault slip modes of a subduction thrust.

It has been challenging to explore the lithospheric structure offshore at the Hikurangi
margin using passive-source seismic methods due to the lack of long-term offshore
seismograph deployments. Recent offshore deployments of seismographs have been
conducted but are confined to the northern part of the margin [e.g. Yarce et al., 2019;
Zal et al., 2020]. Extensive seismic reflection surveys in the east coast for petroleum
exploration have examined only the shallower part of the margin, at most down to the
subduction interface [e.g. Barker et al., 2009; Bell et al., 2010].
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Figure 1.2 Tectonic setting at the Hikurangi subduction margin. Thick, black dashed line shows the
Hikurangi trough. Thin, black dashed lines indicate the elevation of the plate interface from Williams
et al. [2013]. Green lines indicate the slow-slip contours from Wallace et al. [2012a]. Slip-rate deficits are
from Wallace et al. [2012b]. The region shaded in magenta is the study area of Chapters 3 and 4. The
region shaded in yellow is the study area of Chapter 5.
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As the depths to the subduction interface are shallower due to the buoyancy of the
subducting Hikurangi Plateau and the presence of a large sub-aerial forearc region at
theHikurangimargin, a combination of controlled-source seismicmethods can be used
to image the full width of the subduction interface and the deeper velocity structure.
Wide-angle modelling of ocean bottom seismograph data and near-offset modelling of
multichannel seismic data can be performed in the submerged portion of the forearc
while wide-angle modelling of onshore-offshore seismic data can be performed in the
sub-aerial portion of the forearc.

Taking these favourable conditions for controlled-source seismology into account, two
major controlled-source seismic experiments were conducted in New Zealand
focusing on imaging the subsurface velocity structure of the Hikurangi subduction
margin. Seismic Array HiKurangi Experiment (SAHKE) was conducted in 2009-2010
in the southern Hikurangi margin. Seismogenesis at Hikurangi Integrated Research
Experiment (SHIRE) was conducted in 2017-2019 focusing on the northern Hikurangi
margin where slow-slip events are observed and along the strike of the margin. In this
thesis, controlled-source seismic data acquired in these two experiments are used to
constrain the lithospheric structure at the Hikurangi subduction margin.

The overall objectives of the thesis are: constraining the crustal and upper mantle
structure of the Hikurangi Plateau in the southern Hikurangi margin using
onshore-offshore, controlled-source seismic data (i.e. offshore airgun shots recorded
by onshore seismographs) acquired during SAHKE (magenta shaded region in Figure
1.2) and estimating the VP/VS ratio of the upper plate (i.e. accretionary wedge) in the
southern and central parts of the Hikurangi margin (yellow shaded region in Figure
1.2) using ocean bottom seismic data from SHIRE (i.e. airgun shots recorded by
seismographs at the ocean bottom).

1.2 Thesis Structure

The thesis consists of 6 chapters.

Chapter 1 - Introduction

Chapter 1 provides an introduction to the thesis and an overview of the lithospheric
structure at the Hikurangi subduction margin from previous studies. It also poses the
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research questions and the hypotheses to be tested in the research projects presented in
the thesis.

Chapter 2 - Theory and Methods

Chapter 2 provides the theoretical and methodological framework relevant to the
scope of this thesis. It provides an overview of seismic wave and ray theory,
controlled-source seismology, controlled-source seismic survey geometries used in
this thesis, modelling of controlled-source seismic data, seismic anisotropy and
synthetic seismogram generation.

Chapter 3 - Hydration of the Crust and Upper Mantle of the Hikurangi Plateau as it
Subducts at the Southern Hikurangi Margin

Chapter 3 presents the results from modelling controlled-source, onshore-offshore
seismic data across the southern Hikurangi margin. The main objective of this chapter
is to constrain the crustal and upper mantle P-wave velocity structure of the
Hikurangi Plateau.

The main research questions to be answered in this chapter are:

1. What is the crustal thickness of the Hikurangi Plateau? Is it consistent with esti-
mates from other studies nearby?

2. Is there evidence for anomalously fast upper mantle P-wave-speeds offshore
Hikurangi margin?

3. Does the bending-induced normal faulting of the subducting plate near the
Hikurangi trough result in the reduction of P-wave-speeds in the crust and the
upper mantle? What are the implications for crustal and upper mantle
hydration?

The results from this chapter provide insights into the crustal and upper mantle
P-wave velocity structure and implications for crustal and upper mantle hydration of
the subducting Hikurangi Plateau at the Hikurangi trough. This chapter has been
published in Earth and Planetary Science Letters [Herath et al., 2020], with the title
”Hydration of the crust and upper mantle of the Hikurangi Plateau as it subducts at the
southern Hikurangi margin”. I (Pasan Herath) was responsible for performing the data
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analysis, modelling and writing of the manuscript. Stuart Henrys, Tim Stern, and
Martha Savage led the SAHKE project and collected the data. All these authors, Dan
Bassett and Carolyn Boulton contributed to the interpretation of results and writing
the manuscript.

Supplementary information for this chapter is given in Appendix A.

Chapter 4 - Evidence for a Lithosphere-Asthenosphere Boundary Zone of the Pacific
Plate at the Southern Hikurangi Margin

The main objective of Chapter 4 is to investigate further the origin of a series of
enigmatic late-arriving, far-offset wide-angle reflections observed in the
onshore-offshore seismic data in Chapter 3. Initial investigations in Chapter 3 suggest
that they may be reflections from the lithosphere-asthenosphere boundary of the
Pacific Plate.

The main research questions to be answered in this chapter are:

1. Do these wide-angle reflections come from the lithosphere-asthenosphere
boundary channel?

2. If yes, what do these wide-angle reflections reveal about the
lithosphere-asthenosphere boundary?

3. What are the alternative explanations for the wide-angle reflections? Are they
plausible?

The results from this study provide insights into the fine-scale structure at the
lithosphere-asthenosphere boundary (LAB) and evidence for a more structured LAB
which we refer to as the ”LAB zone” here.

Supplementary information for this chapter is given in Appendix B.

Chapter 5 - VP/VS Ratio, Material and Slip-rate Deficit Variations along Hikurangi
Margin Forearc

Chapter 5 focuses on the identification of mode-converted seismic waves from airgun
shots captured by an array of ocean bottom seismographs along the Hikurangi margin
to estimate the compressional- to shear-wave velocity ratio (VP/VS) of the sediments
and rocks above the subducting slab.
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With this, we expect to answer the following questions.

1. How does the VP/VS ratio of the sediments and rocks above the subducting crust
vary along the Hikurangi margin forearc? Does it show any relationship with the
crustal composition and the subduction thrust slip behaviour?

2. How does the anisotropy of the sediments and rocks above the subducting crust
vary along the forearc? Are the VP/VS ratios affected by anisotropy?

It provides insights into the relationships between VP/VS ratio, thickness and
composition of the overriding crust, and the slip-rate deficits along the strike of the
Hikurangi margin. It also provides insights into the seismic anisotropy of the
Hikurangi margin forearc.

Supplementary information for this chapter is given in Appendix C.

Chapter 6 - Thesis Summary

Chapter 6 is provides a synthesis of the findings presented in the thesis and the
answers to the research questions and the hypotheses tested in Chapters 3, 4 and 5. It
also outlines their key findings, contributions, drawbacks and directions for future
research.

The individual projects presented in Chapters 3, 4 and 5 have been undertaken by
myself (Pasan Herath) under the supervision of Prof. Tim Stern and Prof. Martha
Savage from Victoria University of Wellington and Dr. Dan Bassett and Dr. Stuart
Henrys from GNS Science. These chapters have been compiled in a form appropriate
for publication in peer-reviewed journals with their own abstracts, introductions,
methods, results, discussion and conclusions sections. Thus, they have been written in
first-person plural (”we”), which is the common standard for publications with more
than one author. In addition, some repetition between Chapter 1 and these three
chapters can be expected.

1.3 Previous Studies on the Lithospheric Structure at the Hikurangi Margin

Lithospheric structure at the Hikurangi margin has been explored using both
passive-source and active-source seismic methods both onshore [e.g. Eberhart-Phillips
et al., 2020; Henrys et al., 2013; Savage et al., 2007; Stern et al., 2015] and offshore [e.g.
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Barker et al., 2009; Bell et al., 2010; Henrys et al., 2006; Mochizuki et al., 2019; Yarce et al.,
2019]. Onshore studies have provided constraints on seismic velocity and interface
structure of different components of the lithosphere, from the forearc wedge of the
Australian Plate down to the base of the subducting Pacific Plate. Offshore studies
have provided constraints from the seafloor down to the top of the upper mantle
beneath the Moho.

The following sections provide an overview of the lithospheric structure at the
Hikurangi margin determined from these studies.

1.3.1 Hikurangi Margin Forearc

The Hikurangi margin forearc takes up the region from the volcanic arc to the trough
of the overriding Australian Plate. The forearc wedge is built against a Mesozoic
basement backstop of Torlesse Terrane greywackes [Barnes et al., 2010; Mountjoy and
Barnes, 2011]. It consists of three major components (1) an inner foundation of Late
Cretaceous and Paleogene, pre-subduction rocks; (2) an outer wedge of late Cenozoic
accreted trench-fill turbidites; and a deforming cover sequence of Miocene to Recent
shelf and slope basin sediments [Barnes et al., 2010]. The accretionary wedge of the
forearc is characterised by long (∼100 km) thrust ridges and slope basins and major
thrust faults, many of which splay from the plate interface to the surface [Wallace et al.,
2009, and references therein].

Frontal accretion is observed to dominate in the southern Hikurangi margin,
reflecting the high sediment supply in the region. The accretionary wedge here is
characterised by contraction indicated by folding and the presence of Torlesse
Supergroup greywackes from the fossil Gondwana subduction margin [Bland et al.,
2015; Mortimer, 2004]. In contrast, the central and northern segments of the margin
are characterised by backarc extension, less sediment accretion due to lower sediment
supply and subducting seamounts [Barker et al., 2009; Bell et al., 2010].

The width of the accretionary wedge of the Hikurangi margin varies along the margin
(Figure 1.2), with a maximum of about 70 km in the central part of the margin. The
accretionary wedge narrows towards the southwest from ∼41◦S and towards the
northeast of Hawke Bay (Figure 1.2). The forearc wedge at the coastline is about 12-14
km thick except at Hawke’s Bay (Figure 1.2), based on the plate interface model of
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Williams et al. [2013]. From onshore-offshore seismic data, Bassett et al. [2014]
constrain average forearc P-wave velocities of 5.0 km/s for the southern Hikurangi
margin and 3.5-4.5 km/s for the northern Hikurangi margin. This along-strike
variation in P-wave velocities is further verified from modelling ocean bottom
seismograph data [Bassett et al., 2018].

A layer of low-velocity sediments is reported to exist between the overriding Australian
Plate crust and the subducting Hikurangi Plateau crust [e.g. Chadwick, 1997; Henrys
et al., 2013; Tozer, 2013], and is defined as a layer of subducting sediments.

1.3.2 Hikurangi Plateau

The subducting Pacific Plate at the Hikurangi margin contains the Hikurangi Plateau,
an oceanic large igneous province [Coffin and Eldholm, 1994]. The Hikurangi,
Ontong-Java and Manihiki Plateaus are considered to have formed together as a single
super-plateau, the Ontong Java-Manihiki-Hikurangi Plateau, based on their similar
formation ages, chemical composition, velocity structure and submarine emplacement
[Taylor, 2006]. It is thought to have originated in the Lower Jurassic-Early Cretaceous
as part of an oceanic spreading centre overlying a hotspot plume head [Hoernle et al.,
2010]. The three plateaus, Ontong-Java, Manihiki and Hikurangi rifted apart from
each other in the Early Cretaceous and were brought to their present positions by
tectonic plate motions [Davy et al., 2008; Hochmuth et al., 2015; Taylor, 2006].

Oceanic plateaus have undergone extensivemelting andmodification after formation at
amid-oceanic ridge [Coffin and Eldholm, 1994]. Usually, themelting is thought to be due
to the interaction with a mantle plume . However, alternative phenomena including
melting due to a collision structure or large scale Rayleigh-Taylor instability [Tanton and
Hager, 2000] and decompression melting of buoyant mantle that was removed from a
cratonic root by subduction [Mochizuki et al., 2019] are also proposed as mechanisms
facilitating the melting. As a result of the melting, mantle peridotite becomes depleted
and the thickness of the overlying oceanic crust increases. Tectonic and geophysical
implications of this process are: the plateau becomes more buoyant, because of both
thickened crust and depleted mantle; and the P-wave-speeds increase in the depleted
mantle [Jordan, 1978].
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1.3.2.1 Crustal Structure

Gravity modelling estimates the crustal thickness of the Hikurangi Plateau to be ∼10
km in the northern Hikurangi margin and ∼15 km in the southern Hikurangi margin
[Davy and Wood, 1994]. Recent, controlled-source seismic data reveal a ∼10 km thick
Hikurangi Plateau crust under the southwestern North Island [Henrys et al., 2013; Tozer
et al., 2017] and ∼10 km thick crust overlain by a ∼1-2 km thick volcanoclastic layer
offshore of the east coast of southern North Island [Mochizuki et al., 2019]. These crustal
thickness estimates are supported by receiver function studies [Savage et al., 2007]. In
theHawkes Bay region, Bannister [1988] estimates a crustal thickness of 11-12 km, based
on relocated earthquake hypocentres. Reyners et al. [2011], based on the distribution of
seismicity suggests that the crust of the Hikurangi Plateau is ∼35 km thick. Thus the
higher thickness of the oceanic crust of the Hikurangi Plateau compared to the regular
oceanic crust (∼7 km thick) is significant.

Controlled-source seismic data reveal P-wave velocities with varying gradients with a
minimum of ∼5 km/s at the top and a maximum of ∼7.5 km/s at the bottom of the
subducting Hikurangi Plateau crust in the southern Hikurangi margin [Henrys et al.,
2013; Mochizuki et al., 2019; Tozer et al., 2017]. These estimates on P-wave velocities are
supported by passive-source tomographic studies [Eberhart-Phillips et al., 2010, 2020].

1.3.2.2 Lithospheric Mantle Structure

Passive-source seismic studies on the eastern North Island along northeast-southwest
oriented raypaths reveal high P-wave-speeds of 8.50-9.00 km/s within the mantle
lithosphere of the Hikurangi Plateau [e.g. Bannister, 1988; Galea, 1992; Haines, 1979;
Kayal and Smith, 1984]. A controlled-source, wide-angle reflection and refraction
experiment in the eastern North Island, also oriented northeast-southwest, confirms
the presence of a fast upper mantle layer with P-wave-speeds of 8.70-8.80 km/s, and
indicates that it is not directly below the Moho, but underlies a regular mantle layer of
thickness ∼8-10 km and P-wave-speeds of 8.10-8.20 km/s [Chadwick, 1997]. All these
studies measure upper mantle P-wave-speeds in the margin-parallel direction. One
explanation for the high upper-mantle P-wave-speeds is that they are a result of
anisotropy created by flow-induced orientation of mantle olivine crystals [Brisbourne
and Stuart, 1998; Galea, 1992; Robinson, 1986]. Shear-wave splitting of SKS phases have
also yielded margin-parallel fast directions in this region [Marson-Pidgeon and Savage,
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2004], but SKS phases cannot distinguish well what depths correspond to the
anisotropy. A few passive-source seismic studies [Chong, 1982; Eberhart-Phillips et al.,
2010; Robinson, 1986] and a controlled-source seismic study [Mochizuki et al., 2019]
conducted along margin-perpendicular directions have also found the existence of
fast upper mantle P-wave-speeds. Stern et al. [2020] also found the existence of fast
upper mantle P-wave-speeds of up to 8.7 km/s. Reyners [2012] suggests that the lower
crust of the proposed ∼35 km thick Hikurangi Plateau crust (Section 1.3.2.1) is
transformed to eclogite to explain the high P-wave-speeds (>8.5 km/s). However,
estimates from recent studies on the Hikurangi Plateau (Section 1.3.2.1) show the
crustal thickness is about 10-12 km. Another recently proposed explanation for the
unusually high upper mantle P-wave-speeds is radial anisotropy created by a fabric
specific to the gravitational collapse of a plume head [Stern et al., 2020]. This
argument is supported by a similarly high upper mantle P-wave-speeds found in parts
of the now dispersed Ontong-Java Plateau. Regardless of interpretation, the upper
mantle of the Hikurangi Plateau has unusually high P-wave-speeds, and these
wave-speeds are azimuthally isotropic.

Under the southernNorth Island, the thickness of the Pacific Plate is estimated to be∼73
km [Stern et al., 2015], suggesting a thickness of 60-63 km for the mantle lithosphere.
A ∼10 km thick, low-velocity, sheared, melt-rich channel is proposed to exist at the
base of the Pacific Plate under the North Island, and is interpreted as the lithosphere-
asthenosphere boundary channel of the subducting Pacific Plate [Stern et al., 2015].
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Chapter 2

Theory and Methods

2.1 Summary

Chapter 2 outlines the theoretical and methodological framework relevant to the
thesis. The chapter begins from an introduction to seismic waves and rays. A
description on controlled-source seismology with an overview of controlled-source
seismic surveys and survey geometries utilised in this thesis is given. Finally, a
summary on raytracing-based travel-time modelling, seismic anisotropy, shear-wave
splitting and synthetic seismogram generation using seismic wave propagation
simulations adopted in the thesis is given.

2.2 Seismic Waves and Rays

Seismic waves are parcels of elastic strain energy that propagate outwards from a
seismic source such as an earthquake or an explosion [Kearey et al., 2002] (Figure 2.1).
There are two broad categories of seismic waves, namely body waves and surface
waves. Body waves travel through the interior of the Earth. Surface waves propagate
along the surface of the Earth.

In controlled-source seismology, the main focus is the use of body waves. There are
two types of body waves, compressional or primary (P-) and shear or secondary (S-
) waves. Propagation velocities of body waves depend on the elastic moduli of the
material, with P-waves being faster than S-waves. In P-waves, the direction of particle
motion is along the direction of wave propagation. In S-waves, the direction of particle
motion is perpendicular to the direction of propagation. There are two types of S-waves:
SV which is polarised in the vertical plane and SH which is polarised in the horizontal
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plane. P- and SV-waves are coupled with each other when they interact with horizontal
boundaries, whereas SH waves remain separate [Stein and Wysession, 2003].

In a homogeneous and isotropic medium, seismic body waves generated by a point
source travel at the same velocity (as defined by the elastic properties of the medium)
in all directions. At a given time, the propagation of the seismic waves can be
approximated by a spherical wavefront, defined as the locus of all points which the
pulse has reached at a particular time. Seismic rays are defined as thin pencils of
seismic energy travelling along ray paths that, in isotropic media, are everywhere
perpendicular to wavefronts [Kearey et al., 2002] (Figure 2.1).

Figure 2.1 A wavefront generated from a point source. Raypaths are perpendicular to wavefronts at any
instance in isotropic media.

Upon reaching an interface with another medium with different seismic velocities, the
wavefronts reflect and refract and also undergo mode conversion (P to S and vice
versa). This can be represented by raypaths (Figure 2.2). Refraction and reflection
angles obey Snell’s Law, which states that along a ray, the ray parameter (p) remains
constant, where p = sin(i)/v. Here, i is the inclination of the ray, and v is the velocity.

The displacement coefficients as a function of incidence angles for a planewave incident
on an interface can be calculated using Zoeprittz equations [Aki and Richards, 2002].

Seismographs record the ground displacement, velocity or acceleration induced by
the incoming reflected and refracted wavefronts in the form of a seismogram.
Therefore, a seismogram is a convolution of the source-time function, travel-path and
receiver effects.
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Figure 2.2 Schematic diagram showing the partitioning of an obliquely incident P-wave at an interface.

2.3 Controlled-source Seismology

Controlled-source seismology is based on the use of artificial sources to generate
seismic waves and recording them by an array of seismographs. As the origin location
and time of the sources can be known precisely with the use of GPS clocks, the
uncertainties in model parameter determination from modelling controlled-source
seismic data are lower when compared with those from modelling passive-source
seismic data. The capability to have a densely spaced sources and/or receivers and
repeat the same source signature are also advantages of controlled-source seismology.
However, these advantages come at a cost, in terms of the funding required and
difficulties in handling the logistics for regional scale experiments.

Artificial sources used in controlled-source seismology include explosives detonated in
boreholes, ground impact fromvibrations andhammersmounted on trucks andmarine
airgun arrays. The choice of a particular source depends onwhere the seismic survey is
carried out and also other aspects like the required depth of penetration and the degree
of resolution of the subsurface structures imaged. The widely used controlled-sources
for experiments that focus on imaging the deep interior of the Earth (>10 km deep) are
explosive blasts (e.g. dynamite) [e.g. Bean and Jacob, 1990; Stern et al., 2015] and airgun
shots [e.g. Henrys et al., 2013; Van Avendonk et al., 2011]. The depth of penetration and
the resolution of the imaged subsurface structures can be increased by improving the
source parameters, i.e. the weight of explosives used in the case of dynamite or the
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airgun volume and charging pressure in the case of airgun shots. Increasing the source
parameters results in higher source energy and a wide spectrum of frequencies.

The recorders which record the seismic energy are known as seismographs.
Seismographs typically consist of geophones that record the ground motion velocity
by measuring the voltage generated by a metallic mass suspended inside a magnetic
field. Most of the controlled-source experiments on land focus on using P-waves to
model the subsurface structures and velocities. These experiments tend to use
seismographs with a vertical geophone to record the incoming P-waves. In
experiments which focus on recording both P- and S-waves, two more horizontal
geophones that are orthogonal to each other are included in the seismograph to
capture ground motion from S-waves.

In a controlled-source experiment, an array of seismographs is stationed at increasing
offsets from the source (Figure 2.3). The array of seismographs record the reflected and
refracted waves from the controlled-source in the subsurface which are used to derive
the velocity structure underneath.

Multichannel seismic reflection surveys and wide-angle reflection and refraction
surveys are two categories of controlled-source seismic surveys. The main differences
between the two categories are in the survey geometry and the processing of the data.
Although they differ from each other, multichannel seismic reflection surveys
complement wide-angle surveys by providing constraints on the near surface velocity
structure.

2.3.1 Multichannel Seismic Reflection Surveying

Multichannel seismic (MCS) surveys are conducted both onshore and offshore. Most
modern onshore MCS surveys use explosives, Vibroseis or hammer impacts as the
seismic source recorded by long arrays of geophones. In offshore MCS surveys, airgun
shots from a seismic vessel are recorded by a streamer of hydrophones towed behind
the airgun array in the same seismic vessel. These surveys provide useful information
on the variations of the subsurface structures, and indirect information on the
seismic-wave velocities (i.e. stacking velocities). This is because most of the refracted
arrivals which directly resolves the velocity structure are muted at the processing
stage [White, 2012]. Structures and seismic wave-speeds in the deeper regions of the
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Figure 2.3 Layout of a typical, on-land wide-angle seismic survey. Coloured raypaths indicate the re-
fracting waves in the upper layer (light red), in the lower layer (magenta) and the reflected wave from
the interface in between the two layers (blue).

crust and upper mantle may not be resolved due to the smaller source-receiver offsets
(≤12 km) used in these surveys [Kearey et al., 2002].

2.3.2 Wide-angle Reflection and Refraction Seismic Surveying

Wide-angle seismic surveys aimed at exploring structures and velocities in regions of
the crust and upper mantle use larger source-receiver offsets (>50-100 km) and hence
can sample deeper regions of the Earth (up to 20-30 km) or even deeper with much
larger source-receiver offsets. The seismic sources are either explosives or airguns
depending on where the target of interest is located. Since wide-angle seismic surveys
are used in crustal-scale experiments, the seismic sources are designed to contain low
frequencies because due to the longer travel paths, higher frequencies are absorbed by
the rocks [White, 2012]. In onshore surveys, both the sources and seismographs are
located on-land. In the case of offshore surveys, ocean bottom seismographs (OBS)
are widely used, and the sources are usually airgun shots from a seismic vessel. A
specialist type of wide-angle seismic survey that integrate offshore airgun shots from
a seismic vessel and onshore seismographs is known as the onshore-offshore seismic
profiling technique [Okaya et al., 2003].

Airgun shots used in ocean-bottom and onshore-offshore seismic surveys are recorded
both in hydrophones of the streamer and in the ocean-bottom/onshore seismographs,
which provide both multichannel reflection and wide-angle reflection and refraction
data. However, in crustal-scale experiments, the seismic lines are acquired twice using
a smaller shot spacing (<50 m) for multichannel seismic data and a relatively longer
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shot spacing (100-200 m) for wide-angle reflection and refraction data. Nevertheless,
this allows us to use these two different active-source seismic data, multichannel and
wide-angle, to obtain a well constrained image of the shallow and deep subsurface.

Wide-angle reflection and refraction seismic surveys are mostly conducted as
two-dimensional surveys, as it is simple to conduct, less expensive and easy to
interpret.

2.3.2.1 Onshore-offshore Seismic Surveys

The onshore-offshore seismic profiling technique is particularly useful when the target
of interest spans through the transition from ocean to land and parallel to the coastline
(e.g. plate boundary fault in a subduction zone) (Figure 2.4a). Source-receiver offsets
can be progressively increased by recording airgun shots of a seismic vessel moving
away from the coastline at the seismographs on land. Thus deeper velocity structure
and interfaces can be resolved. The closely spaced airgun sources provide high
resolution in the common receiver gathers that are generated from the continuously
recorded data in the onshore seismographs. This high resolution common receiver
gathers facilitate quick and easy identification of seismic phases.

In a single-sided onshore-offshore seismic survey, a refraction velocity versus dip
ambiguity normally arises with unidirectional shooting [Okaya et al., 2003]. However,
when many land instruments are deployed in an onshore-offshore transect, the large
number of common receiver gathers compensates for the unreversed shooting,
particularly when analysed using modern tomography and ray trace methods [Okaya
et al., 2003]. Moreover, if there are enough onshore receivers, shot-gathers can be
made, which are an effective reversal of the receiver-gathers.

The commonly observed seismic phases in a common receiver gather in a typical
onshore-offshore seismic survey at a subduction zone setting are: refraction in the
overriding continental crust (Pg); wide-angle reflection from the top of the subducting
oceanic crust (PcP); refraction in the oceanic crust (Po); wide-angle reflection from the
Moho (PmP) and the upper mantle refraction (Pn) (Figure 2.4).
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Figure 2.4 (a) Layout of an onshore-offshore seismic survey at a subduction zone setting. Raypaths
indicate the key seismic reflections and refractions. (b) Travel-times for the reflected and refractedwaves
colour-coded as in (a).

2.3.2.2 Ocean Bottom Seismic Surveys

Ocean bottom seismic surveys are conducted when the target of interest lies beneath
the ocean floor. Here, ocean bottom seismographs (OBS) are deployed on the ocean
floor at a spacing of a few kilometres. These OBSs record the direct, reflected, refracted
and waves off airgun shots from a seismic vessel (Figure 2.5a).

The commonly observed seismic phases in a vertical component common receiver
gather in a typical ocean bottom seismic survey at an oceanic lithosphere setting are:
direct water wave (Pw); refraction in the sediments overlying the oceanic crust (Psed);
wide-angle reflection from the top of the oceanic crust (PcP); refraction in the oceanic
crust (Po); wide-angle reflection from the Moho (PmP) and the upper mantle
refraction (Pn) (Figure 2.5).
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Airgun sources contain P-wave energy only. However, upon the oblique incidence at
an interface with a significant impedance contrast (e.g. ocean bottom, sediment-basalt
interface), mode-conversions could occur where P-waves convert to S-waves or vice
versa. When ocean bottom seismic experiments target such mode-conversions to
derive the shear-wave velocity structure or the seismic velocity ratio (VP/VS)
structure, the OBSs are equipped with two orthogonal horizontal geophones in
addition to the vertical component geophone as the incoming S-wave energy to the
OBSs are primarily recorded by the horizontal components. For example, in a typical
ocean bottom seismic experiment, mode-conversions can occur at the ocean bottom
(ob) for down-going waves from airgun shots (PSobSx x=[sed, o, n] phases in Figure
2.5). Mode-conversions can also occur at the Moho (m) and the top of oceanic crust
(c) for up-going waves from refractions (PPxSy where x=[o, n] and y=[m, c] in
Figure 2.5).

2.4 Processing Wide-angle Seismic Data

Seismographs record the ground motion continuously. The continuously recorded
data at each seismograph are sorted into a common receiver gather to visualise the
refracted, reflected and mode-converted arrivals as a function of source-receiver
offset. The common receiver gathers are processed further to improve the
signal-to-noise ratio to facilitate the identification of different seismic phases.

2.4.1 Common Receiver Gathers

Wide-angle, controlled-source seismic data acquired in onshore-offshore and ocean
bottom seismic surveys are usually visualised using common receiver gathers.
Common receiver gathers are produced by extracting seismograms from the
continuously recorded data at each receiver starting at the onset of each airgun shot.
The extracted seismograms are plotted against increasing and/or decreasing offsets
between the source and receiver.

Because of the reciprocal property of a seismic wave as it travels between a shot and a
receiver, a receiver gather for any given seismograph can be viewed and modelled as a
shot at the seismograph being recorded at every airgun shot point.

When the objective of the study is modelling the P-wave velocity structure, common
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Figure 2.5 (a) Layout of an ocean bottom seismic survey in an oceanic setting. Raypaths on the left half
indicate the common P-wave refractions and wide-angle reflections. Raypaths on the right half indicate
the possible P- to S- mode conversions at the seafloor for downgoing waves and at the sediment-oceanic
crust interface and Moho for upgoing waves. S- raypaths are indicated by dotted lines (b) Travel-times
for the reflected and refracted P-waves (solid lines) and for the P- to S- converted waves (dotted lines)
in (a). Travel-times are colour-coded as in (a).

receiver gathers are produced using the continuously recorded data in the vertical (Z)
component of the seismograph. However, when modelling the S-wave velocity
structure, common receiver gathers of the two horizontal components are also
produced as S-waves are easily identifiable in them.

The typical length of the time axis of a common receiver gather is 30-60 seconds as
these experiments are aimed at resolving the deeper velocity structure from
refractions and wide-angle reflections. However, such long travel-time axes usually
create visualisation issues. This is overcome by reducing the travel-time axis by the
application of a reduction velocity (Figure 2.4b, 2.5b) where the travel-time
corresponding to the offset with the reduction velocity is reduced from the true
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travel-time (Equation 2.1). Applying a reduction velocity also has advantages in
identifying different seismic phases.

Reduced Travel-time = True Travel-time− Offset
Reduction Velocity (2.1)

2.4.2 Improving Signal-to-noise Ratio

Waveforms in the common receiver gathers contain both signal and noise. Signal is
the part of the waveform which contains information related to the subsurface geology
and structures being explored. Noise could be categorised into two types, random and
coherent. Random noise is the statistically random noise usually due to environmental
factors (e.g. ground vibration due to traffic, electric wires, wind, flowing water, rain).
Coherent noise on the other hand is generated by the experiment itself (e.g. surface
waves), but is of no interest in most studies [Kearey et al., 2002].

The raw common receiver gathers are processed further before the identification of
refractions and wide-angle reflections. The processing includes the application of
different operations on the waveforms that helps increase the signal-to-noise ratio and
coherency of arrivals. In this thesis, processing of the common receiver gathers are
carried out using GLOBE™ Claritas suite of seismic processing software.

2.4.2.1 Frequency Filtering

Frequency filtering is applied when the signal and noise in the waveforms have
different frequency content. The signal in the waveform can be separated on this
basis. Different types of frequency filters can be applied to retain the required
frequencies in the waveform. Thus waveforms can be low-pass, high-pass, band-pass
and band-reject filtered depending on the requirement. Frequency range of the filter
is usually defined by four corner frequencies, with a broader taper (>1 Hz) on either
sides to avoid artefacts in the filtered output.

Common receiver gathers used in this thesis are bandpass filtered using combinations
of corner frequencies in the range 1-20 Hz using a Butterworth bandpass filter.
BUTTERFILT processor in GLOBE™ Claritas is used for this.
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2.4.2.2 Automatic Gain Control

Automatic gain control (AGC) is an amplitude scaling operationwhich can improve the
visibility ofweak and/or late-arriving events inwhich the amplitudes have decayeddue
to attenuation or spherical divergence. The mean or the median absolute amplitude of
a user-defined time window centred at each sample in the trace is calculated as the
scaling factor. The samples are multiplied by this scaling factor.

AGCprocessor inGLOBE™Claritas is employedwith time-windows ranging from5,000
to 20,000 msec in processing the common receiver gathers.

2.4.2.3 Runmixing

Runmixing replaces the central trace with a stacked trace generated by summing up
the amplitudes of an odd number of adjacent traces. Amplitudes in each trace are
multiplied by weights, usually decreasing from the central trace, before summation.
Thus the application of a runmixing operation on the waveforms results in the
constructive interference of coherent signal and destructive interference of random
noise. This is particularly useful in boosting up the amplitudes of weak, coherent
arrivals across traces.

In the thesis, the RUNMIX processor in GLOBE™ Claritas is used with 5 traces. The
traces are weighted by [0.1, 0.2, 0.4, 0.2, 0.1] tomaintain a sum of 1.0 to preserve relative
amplitudes.

2.4.2.4 Deconvolution

Deconvolution is the process that leads to compressing the basic wavelet (source
wavelet) in the seismogram, attenuating reverberations (ringiness) and short period
multiples. Therefore, it increases the temporal resolution and provides a more
realistic representation of the impulse response of the subsurface [Yilmaz, 2001].

Predictive deconvolution was applied using the DECONW processor in GLOBE™
Claritas, using variable filter and gap lengths in this thesis.

2.5 Phase Identification

Refracted phases in common receiver gathers are easily distinguishable with their
linear moveout. However, perturbations to this linear trend could be introduced by
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the effects of anisotropy, velocity gradients and lateral variations in structure [White,
2012]. When the refracting interface is horizontal, the reciprocal of the gradient of the
refraction yields the the P-wave velocitiy of the refraction. However, when the
interface is dipping, the gradient of the refracted phase in the common receiver gather
provides an apparent velocity of the refraction, which is higher than the actual
velocity when shooting up-dip and lower than the actual velocity when shooting
down-dip [Kearey et al., 2002].

Linear move-out (LMO) operators apply a reduction velocity to the travel-time axes of
the common receiver gathers, which flattens the refracted phases that have a velocity
similar to the reduction velocity. Therefore LMOs are used to estimate the apparent
velocities of refracted phases. This is particularly useful in the identification of
refractions from the crust and upper mantle, which commonly have different
velocities of ∼6 km/s and ∼8 km/s, respectively.

Wide-angle reflections appear as parabolas in common receiver gathers and are
identified based on their asymptotic relationship to a refracted phase with increasing
source-receiver offsets. For example, in Figure 2.5, PmP is observed to converge with
Po when the source-receiver offsets increase. Thus, the wide-angle reflection from the
base of a particular layer has an asymptotic relationship with the refraction in the
same layer.

Furthermore, when enigmatic phases are observed in a common receiver gather,
synthetic travel-time calculations using a simple and representative velocity model
can be used to understand their origins.

Travel-times of the identified refractions and wide-angle reflections are picked. A pick
uncertainty for each picked travel-time is assigned based on the dominant frequency of
the arrival, source-receiver offset and signal-to-noise ratio.

2.6 Travel-time Modelling

Travel-time modelling is a widely used technique with controlled-source seismic data.
Travel-time modelling based on the geometric ray theory calculates the travel-time
between a seismic source and a receiver. Calculation of the travel-time assumes
Fermat’s principle which states that, of the many possible paths between two points,
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the seismic ray follows the path that gives the shortest travel-time between the points
[Lowrie, 2007]. Travel-times of the seismic phases are calculated by integrating the
travel-time for each segment of the raypaths predicted by the geometric ray theory.
Although the geometric ray theory does not fully describe important aspects of wave
propagation, it is widely used because it often greatly simplifies the analysis and gives
the correct answer or a good approximation [Stein and Wysession, 2003]. It is also
quick and computationally cheap.

The primary objective of travel-time modelling is to develop a seismic velocity model
that can fit the observed travel-times of refractions and wide-angle reflections. This is
achieved by comparing the travel-times of the observed refracted and wide-angle
reflections with the travel-times calculated for the same seismic phases based on a
velocity model.

2.6.1 Raytrace Modelling

Raytrace modelling or raytracing is a technique used in travel-time modelling which
implements the principles of geometric ray theory. In this, a velocity model is
modified iteratively until a good fit between the observed and calculated travel-times
is obtained. A final velocity model can obtained by forward modelling or inverse
modelling. In forward modelling, the user updates the velocity model iteratively until
a good fit between the observed and calculated travel-times is obtained. This can be
time consuming and it does not provide estimates of model parameter resolution,
uncertainty and non-uniqueness. Inverse modelling based on a particular norm can
minimise the time needed for modelling and also provide estimates of model
parameter resolution, uncertainty and non-uniqueness. But this relies greatly on the
presence of a good ray coverage between the sources and receivers. In modelling
travel-times, raytrace modelling is done using computer codes. Rays between a source
and a receiver are traced though a discretised velocity model.

In this thesis, travel-time modelling in a forward model raytracing approach is carried
out using RAYINVR [Zelt and Smith, 1992]. RAYINVR model parametrisation is based
on a layered, variable-block-size representation of 2D isotropic velocity structure [Zelt
and Ellis, 1988; Zelt and Smith, 1992]. Layer boundaries in the model are defined by
nodes and velocities within each layer are defined by velocities at the top and the
bottom boundaries (Figure 2.6). A layer boundaries thus can have topography and
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velocity discontinuities across them. Within a layer, velocity gradients can be
introduced both horizontally and vertically. This is an advantage of RAYINVR, as
modelling regions of the Earth with complex structures and velocity variations often
requires such parametrisation capabilities.

In RAYINVR, rays are traced through the velocity model using zero-order asymptotic
ray theory which involves the solving of a pair of first-order ordinary differential
equations (Equations 2.2 and 2.3) efficiently by a Runge-Kutta method. Snell’s law is
applied at layer boundaries. In Equations 2.2 and 2.3, θ is the angle between the
tangent to the ray and the z-axis, v is the wave velocity, and vx and vz are partial
derivatives of the velocity with respect to x and z coordinates [Zelt and Smith, 1992].

dx

dz
= tan θ (2.2)

dθ

dz
=
vz tan θ − vx

v
(2.3)

The travel-times are computed by the discrete form of the travel-time equation (Equa-
tion 2.4).

t =
n

∑

i=1

li

vi
(2.4)

Here, t is the travel-time. li is the path length and vi is the velocity of the ith ray segment.

After the parametrisation of an initial velocity model based on available constraints
(e.g. topographic and bathymetric data, multichannel seismic reflection data),
modelling the velocity structure is carried out with a top-down approach, in which
the shallower velocity and interface structure is modelled first using seismic phases
that refract and reflect from shallower layers, and working down the model
progressively using later phases. By doing so, ambiguities and errors in the shallower
layers do not propagate into deeper layers, which otherwise would result in incorrect
velocity and depth determinations in the deeper parts of the model.
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Figure 2.6 RAYINVRmodel parametrisation (modified after Zelt and Smith [1992]). Solid rectangle indi-
cates the model domain. Black dashed lines are layer boundaries. Yellow squares are boundary nodes.
Upright blue triangles are velocity nodes at the lower boundary and inverted blue triangles triangles are
velocity nodes at the upper boundary for a particular layer.

2.6.2 Uncertainties
2.6.2.1 Uncertainties with Data

Systematic errors in modelling travel-times using raytracing methods may arise due
to (a) equipment recording errors of phase arrival times, due to timing errors within
the data recording system and/or (b) interpretation errors when picking phase arrivals
[Tozer, 2013]. In the seismic data used in this thesis, equipment timing errors were not
detected and if there had been, they had been corrected after the data collection. Errors
in picking phase arrivals in the seismic data arise as a result of the width of the wiggle
(dependant on frequency), ambiguities in picking the first break and cycle skips. Such
interpretation errors are common. This type of error in incorporated into each travel-
time pick as a pick error for each phase. It is mainly dependant on the frequency of the
arrivals, source-receiver offset and the signal-to-noise ratio.

Goodness-of-fit of the observed and calculated travel-times in raytracing ismeasured by
two statistical parameters, the root mean squared of travel-time misfits (TRMS) and χ2.
TRMS is a measure of how well the predicted travel-times match with the observations.
χ2 on the other hand takes into account howwell the predicted travel-times match with
the observations relative to their pick uncertainty. In the presence of a large number of
observed travel-time picks, normalised TRMS and χ2 are calculated based on Equations
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2.5 and 2.6. Amodel is considered to best fit the observationswhen the TRMS is minimal,
possibly less than or equal to the pick errors, or when χ2 is equal to 1. In the best-fit
model, travel-time misfits are expected to have a normal distribution with zero mean.

Normalised TRMS =

√

√

√

√

1

n

n
∑

i=1

[ticalc− tiobs]2 (2.5)

Normalised χ2 =
1

n− 1

n
∑

i=1

[

ticalc− tiobs

σi

]2

(2.6)

In Equations 2.5 and 2.6, n is the total number of rays traced, ticalc is the calculated
travel-time, tiobs is the observed travel-time and σi is the pick uncertainty.

2.6.2.2 Model Parameter Uncertainties

Non-uniqueness or the presence of a number of solutions that can explain the
observations is a key issue in geophysical modelling. For example, in travel-time
modelling, the interface from which a wide-angle reflection occurs can be shallower
or deeper depending on the velocities. This solution space can be inspected by using
perturbation and grid-search tests for multiple model parameters (e.g. depth of a
boundary node and the velocity) [e.g. Tozer et al., 2017]. This is particularly important
when a forward model raytracing approach is implemented as it cannot provide
estimates of model parameter uncertainties and/or non-uniqueness.

In addition, ray density plots are computed by calculating the number of rays travelling
through a grid of cells in the model domain. Ray density plots provide insights on ray
coverage and thus indicate which parts of the model are well constrained by raytrace
modelling.

2.7 Seismic Anisotropy

In seismology, it is often assumed that the Earth is composed of isotropic material, in
which the elastic properties do not change with direction. The stiffness tensor [Stein
and Wysession, 2003] that defines the elastic constants of the material, (i.e. seismic
wave velocities) can be explained by the Lame parameters λ and µ. In matrix form, the
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stiffness tensor for an isotropic material is given in Equation 2.7.
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The isotropic P- and S-wave velocities, Vp and Vs, respectively are related to the Lame
parameters as in Equations 2.8 and 2.9, where ρ is the density of the material.

Vp =

√

λ+ 2µ

ρ
(2.8)

Vs =

√

µ

ρ
(2.9)

However, there is increasing evidence that the assumption of isotropy in seismology
in many parts of the Earth is an oversimplification. Therefore, we have to consider the
effects of anisotropy, where seismic wave velocities change with direction. Anisotropy
in the Earth can occur due to effects of deformation on cracks and minerals that are
intrinsically anisotropic.

In the most general anisotropic case, to define the stiffness tensor of an anisotropic
material, 21 independent elastic constants are required (Equation 2.10). The stiffness
tensor (Equation 2.10) is symmetric where C12=C21, C23=C23 ..., C56=C65, and thus
has only 21 independent elastic constants.
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The number of independent elastic parameters reduces further with increasing degree
of symmetry of thematerial. For example, plagioclase feldspar (monoclinic symmetry)
requires all 21 elastic constants, olivine (orthorhombic symmetry) requires 9 elastic
constant and quartz (hexagonal symmetry) requires 6 independent elastic constants.

The degree of anisotropy is given by the coefficient of anisotropy k (Equation 2.11)
[Stein and Wysession, 2003].

k =
Vmax − Vmin

Vmean

(2.11)

In the Earth, seismic anisotropy can occur at various depths with varying length scales;
thus, it can originate due to a number of reasons.

Anisotropy in the crust is mainly suggested to be due to differential stresses
(stress-induced anisotropy) or the presence of structures (structure-controlled
anisotropy). Symmetric combination of materials such as horizontally layered
sedimentary rocks, sediments overlying layers of basalt and gabbro [Stein and
Wysession, 2003] yields transverse anisotropy, with a vertically oriented axis of
symmetry. This is also referred to as radial anisotropy where similar wave-speeds are
observed along all azimuths in the horizontal plane and typically there is a slower
wave speed along the vertical. Anisotropy in the crust can also occur as a result of the
preferential closing of fluid-filled microcracks due to differential horizontal stresses
[Babuška and Cara, 1991]. This can result in azimuthal anisotropy where seismic
wave-speeds differ with azimuth.

Seismic anisotropy in the mantle is primarily due to the lattice preferred orientation
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(LPO) of intrinsically anisotropic minerals (e.g. olivine). Flow processes related to
plate spreading can reorient olivine crystals parallel to the spreading direction, by slip
along their [100] axes (Figure 2.7). P-wave propagation speed in olivine is fastest along
this direction. Thus Pn waves propagating along the spreading direction will show
strong azimuthal anisotropy. Plate cooling with age will result in the freezing of the
fabric responsible for this anisotropy and can be used to determine paleo-spreading
directions of plates.

However, LPO of olivine crystals also depends on the pressure and temperature
conditions and the presence of water [e.g. Jung and Karato, 2001; Karato et al., 2008].
Thus, the [100] axes of olivine crystals will not always be aligned along the direction
of maximum shear stress. Several different types of olivine fabrics can be generated in
response to these different conditions. In type-A fabric, the olivine [100] axis is
subparallel to the shear direction and the (010) plane is subparallel to the shear plane.
It typically occurs at low-stress and water-poor conditions. It is considered to be the
cause of anisotropy in the oceanic lithosphere generated by stresses due to tectonic
plate movement or stresses within the lithosphere [Karato et al., 2008]. Type-B fabric,
where the olivine [001] axis is subparallel to the shear direction and the (010) plane is
subparallel to the shear plane, occurs at high-stress (>300 MPa) and water-rich
conditions such as at the corner of the mantle wedge in subduction zones. In type-C
olivine fabric, the [001] axis is subparallel to the shear direction and the (100) plane is
subparallel to the shear plane, and it occurs at low-stress and water-rich conditions
[Karato et al., 2008]. Type-D and type-E olivine fabrics are similar to type-A, where the
[100] axis subparallels the shear direction [Jung and Karato, 2001; Katayama et al.,
2004]. Type-D fabric occurs in water-poor and high-stress conditions [Jung and Karato,
2001]. Type-E fabric occurs at moderate water content and low stress conditions
[Katayama et al., 2004].

2.7.1 Shear-wave Splitting

Shear-wave splitting, also known as seismic birefringence, is a widely used technique
to assess seismic anisotropy in the Earth [Savage, 1999]. It is based on the observation
that when a shear-wave enters an anisotropicmedium, it splits into two separate waves,
one which travels faster and the other slower [Savage, 1999; Stein and Wysession, 2003].
The faster wave is polarised parallel to the fast direction and leads the orthogonal slow
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Figure 2.7 P- and S-wave velocities in km/s along different crystallographic directions for olivine. P-
wave velocities are along the directions of green dashed lines. S-wave velocities are along the two sets of
perpendicular lines (black arrows) to the green dashed lines. Modified after Stein and Wysession [2003].

wave (Figure 2.8). Shear-wave splitting techniques can be used to calculate the fast
polarisation direction (φ) and the delay time (dt) (Figure 2.8), which can then be used
to infer tectonic processes, such as deformation or state of stresses in the region.

Shear-wave splitting has been widely used with SKS phases of teleseismic earthquakes
[Stein andWysession, 2003] to assess the anisotropic nature of the uppermantle [Gledhill
and Gubbins, 1996; Savage, 1999; Silver and Chan, 1988]. Crustal anisotropy has also been
assessed in a variety of tectonic settings using S-waves from local earthquakes [e.g.
Crampin, 1990; Graham et al., 2020; Savage et al., 2010; Zal et al., 2020].

Shear-wave splitting has also been used to measure anisotropy with PPS-type mode-
converted phases in controlled-source seismic data in active margins [e.g. Kandilarov
et al., 2015; Peacock et al., 2010; Pulford et al., 2003; Tsuji et al., 2011].

2.8 Synthetic Waveform Modelling

Although the geometric ray theory and modern raytracing techniques like RAYINVR
provide convenient means of calculating travel-times of seismic waves between a
source and a receiver to produce a velocity model, they do not use much of the
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Figure 2.8 Schematic of shear wave splitting when a shear (S-) wave propagates through an anisotropic
medium. δt is the time delay accumulated between the fast and the slow S-waves due to the propagation
through the anisotropic medium. Modified after Wüstefeld et al. [2008].

information carried inside the waveforms (e.g. frequency, amplitude). In wide-angle
reflection and refraction modelling, it can sometimes be a challenge to explain some
seismic phases purely from a travel-time point of view, as these arrivals can be rather
enigmatic. Therefore, synthetic waveform modelling may be required to test different
velocity models that can explain such phase arrivals. Furthermore, synthetic
waveform modelling can be used to validate velocity models obtained from
travel-time modelling.

In synthetic seismogram modelling, seismic wave propagation simulations are
conducted based on an Earth model. In this, the seismic wave equation (Equation
2.12) is solved on a discretised Earth model. Ground displacements (u) due to the
propagation of the seismic waves from a source at receiver locations are calculated.

∇
2u =

1

V 2

∂2u

∂t2
(2.12)

Here,∇2 = ∂2

∂x2 +
∂2

∂y2
+ ∂2

∂z2
, u is the seismic wave-field, V is the seismic wave velocity of

the medium and t is time.

A number of methods are available to calculate synthetic seismograms. They differ
from each other on how the seismic wave equation is solved on the discretised earth
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model. These include the finite-difference method, pseudospectral method,
finite-element method, finite-volume method and spectral-element method. Igel
[2017] provides an overview on the theory, implementation and usage of these
techniques.

The most widely used, conventional method is the finite-difference method which
solves the strong form of the seismic wave equation (in differential form). However, it
suffers difficulties in accurately modelling complex model boundaries (e.g. free
surface) [Komatitsch and Tromp, 1999], and when incorporating anisotropy into the
Earth models. Pseudospectral methods also suffer difficulties in handling free-surface
boundary conditions and are limited to models with smooth variations [Komatitsch
and Tromp, 1999]. Finite-element method can bypass some of the limitations in these
methods as it can incorporate complex structures like surface topography or internal
structures [Igel, 2017], but requires greater computational power to solve large
systems of linear equations [Komatitsch and Tromp, 1999].

The spectral-element method, at present, is one of the widely applied numerical tech-
niques for seismic wave propagation simulations which surpasses much of the limita-
tions in the previously mentioned techniques.

2.8.1 Spectral-element Method

The spectral-element method is based on the finite-element method. It solves the
weak form of the seismic wave equation (in integral form), on meshes of
quadrangular elements in two-dimensional models or hexahedral elements in
three-dimensional models, adapted to the free surface and to the main interfaces
within the model [Komatitsch and Tromp, 1999]. In the weak form of the seismic wave
equation, the stress-free boundary condition is naturally satisfied and does not need
to be imposed explicitly. Anisotropy strain components can also be conveniently
defined on the mesh element [Chen and Tromp, 2007]. The seismic wavefield on the
elements is discretised using high-degree Lagrange interpolants, and integration over
an element is accomplished based upon the Gauss-Lobatto-Legendre integration rule
[Komatitsch and Tromp, 1999].

Free and open source codes which implement the spectral-element technique for
seismic wave propagation simulations are the SES3D package
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(https://cos.ethz.ch/software/production/ses3d.html) and the SPECFEM
package (https://github.com/SPECFEM). The SPECFEM package has been
implemented as SPECFEM2D for two-dimensional seismic wave propagation
simulation, SPECFEM3D Cartesian for three-dimensional seismic wave propagation
simulation in regional scales and SPECFEM3D Globe for global scale seismic-wave
propagation simulation in three-dimensions.

In this thesis, seismic wave propagation simulations are carried out using the
SPECFEM2D package [Tromp et al., 2008].

2.8.2 SPECFEM2D

Since SPECFEM2D implements a spectral-element method, it can handle topography
for layer boundaries (including the free-surface). It is also optimised to run in parallel
using many CPUs in high performance computer systems, and in graphical
processing units (GPUs) which cuts down the simulation time significantly
[Komatitsch et al., 2010]. Most importantly, realistic velocity models which can include
acoustic, elastic, anisotropic, poroelastic layers, or tomographic velocity models and
attenuation can be used for the simulations. In addition, it can accurately simulate the
amplitudes and phases of the reflections at the critical angle.

The user-manual, example input files for simulations and the source code of
SPECFEM2D can be obtained from the COMPUTATIONAL INFRASTRUCTURE for
GEODYNAMICS (CIG) community website
(https://geodynamics.org/cig/software/specfem2d/).

2.8.2.1 Mesh Generation

Before, a seismic wave propagation simulation is carried out, the Earth model needs to
be discretised. This is referred to as ”meshing”. Meshing creates a grid of spectral
elements for the desired Earth model, honouring the free surface and the main
interfaces in the model [Komatitsch and Tromp, 1999]. The size of a mesh element
depends on several factors including the number of points per wavelength in the
seismogram, P- and S- wave velocities in elastic media and P-wave velocity in acoustic
media, and the dominant source frequency. Typically, for an accurate seismogram, ∼6
points per wavelength is required. With SPECFEM, the number of points per
wavelength in acoustic media is ∼5.5, which is dependant on the minimum P-wave
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velocity of the medium. In elastic media, the number of points per wavelength is ∼5
and is dependant on the minimum S-wave velocity [Komatitsch and Tromp, 1999].
Based on these criteria, the maximum size of an element in a mesh can be calculated
using Equation 2.13.

Element Size =
Minimum P- or S-wave Velocity

Points per Wavelength×Dominant Source Frequency (2.13)

Meshing for SPECFEM2D can be conducted using the inbuilt mesher xmeshfem2D,
which creates a structured, quadrangular mesh based on the coordinates (x,z) of the
interfaces of the model, number of elements along the x-axis of the model and number
of elements in between interfaces along the z-axis. External meshes from third party
software like GMSH [Geuzaine and Remacle, 2009] can also be used. Special care
should be taken to avoid twisting of the elements, i.e. the elements need to have
modest curvature.

The mesh used in a simulation needs to be optimised based on the above parameters
as large mesh elements will make the simulation unstable and will also not provide
accurate results. Smaller mesh elements will make the models much larger making the
computation expensive in terms of memory and time.

2.8.2.2 Velocity and Density Model

The velocity and density model for a simulation can consist of acoustic, elastic,
poro-elastic, anisotropic and tomographic layers. To make the simulations simple and
efficient, in this thesis, combinations of acoustic (isotropic), elastic (isotropic) and
anisotropic layers are used. Acoustic layers are defined by their density and P-wave
speed. Elastic layers are defined by their density, P- and S-wave speeds. Anisotropic
layers are defined by the elastic tensor elements.

2.8.2.3 Seismic Sources and Receivers

In onshore-offshore and ocean bottom seismic experiments, a large number (>1000)
of airgun sources are recorded by onshore or ocean bottom seismographs. Generation
of synthetic waveforms for a common receiver gather at a station with such a large
number of sources is computationally expensive. Yet, generating synthetic waveforms
for a single source at multiple receiver locations is simple. Therefore, for such
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simulations, the receiver is replaced by a source, and the airgun shots (sources) are
replaced by a series of receivers as reciprocity is valid in synthetic waveform
modelling [Igel, 2017].

The source is usually a ”Ricker” point source [Shearer, 2009]. The fundamental
frequency (f 0) of the source is chosen so that the required resolution in the common
receiver gathers will be achieved. The generated synthetic waveforms after the
simulation can be convolved with the source-time function of the airgun source, so
that the synthetic gather will have similar characteristics as the real common receiver
gather.

2.8.2.4 Time Step

The time step (∆t) is the interval at which the seismicwave-field is calculated. It should
be chosen to be less than a threshold value so that the simulation will be stable and the
resulting seismograms will have adequate resolution. The threshold value depends on
the Courant number (C) [Schuberth, 2003] and the minimum ratio between the distance
(h) of neighbouring mesh points and the wave-speeds (v) in the model domain (Ω)
(Equation 2.14).

∆t < CminΩ(h/v) (2.14)

This chapter provided the basic theoretical andmethodological framework of the thesis.
In addition to these, any different approaches and/or methods adopted are explained
in Chapters 3, 4 and 5.
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Chapter 3

Hydration of the Crust and Upper Mantle of
the Hikurangi Plateau as it Subducts at the
Southern Hikurangi Margin

Abstract

Controlled-source seismic studies at most subduction zones show that bending of the
subducting plate results in reduced seismic wave-speeds in the crust and upper
mantle near the trench. Similar studies also have found unusually high P-wave-speeds
(VP) in the upper mantle under oceanic plateaus. Onshore-offshore seismic profiling
at the southern Hikurangi margin, where the ∼120 Ma old oceanic Hikurangi Plateau
is subducting, indicates that a fast (VP∼8.7±0.2 km/s) upper mantle layer lies beneath
a ∼25 km thick mantle layer with more regular wave-speeds (VP∼8.0±0.2 km/s)
under the Hikurangi trough. This is consistent with previous findings of upper
mantle VP∼8.7-9.0 km/s in the margin-parallel direction under the North Island
(∼100 km northwest of the deformation front) at depths ∼8-10 km below the Moho.
Our profiles are margin-perpendicular, thus we show that the upper mantle lid of the
subducting Pacific Plate is characterised by unusually high P-wave-speeds along all
azimuths. We find an area of lowered VP in the ∼12±1 km thick Hikurangi Plateau
crust beneath the trough. This drop in VP is ∼10%, and a similar drop in VP is
deduced to depths of 25±2 km into the upper mantle. We interpret that the increase
in thickness of the regular mantle beneath the trough results from the formation of a
low-velocity zone in the faster upper mantle layer; this zone formed from
serpentinisation by hydration through bending-induced normal faults and/or due to
crack porosity introduced by thermal cracking, further enhanced by bending-related
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faulting. Thus the “regular mantle” (VP ∼8 km/s) is not in fact regular, but rather the
high-speed mantle has mechanically bent, fractured, and altered. The absolute depth
of fast mantle VP under the Hikurangi trough is around 50 km. The onset of the lower
band of seismicity of the double seismic zone and high upper mantle VP under the
North Island is observed at similar depths. This is consistent with the hypothesis that
the lower band of earthquakes in a double seismic zone is due to antigorite
dehydration processes, a hydrous mineral formed in the low velocity zone in the
upper mantle beneath the trough. Our study on the Hikurangi margin is different, as
the subducting plate here contains a ∼120 Ma old oceanic plateau with a ∼12 km
thick crust, but the results are similar to other subduction margins where regular
oceanic crust is subducting.

3.1 Introduction

Subduction zones have the capacity to recycle water back into the mantle [Cai et al.,
2018; Ranero et al., 2003; Shillington et al., 2015] because bending of the subducting
plate at the outer rise and trench creates avenues for hydration down to ∼30 km into
the mantle [Cai et al., 2018; Emry and Wiens, 2015; Faccenda et al., 2009]. Seismic
evidence from both passive and controlled-source studies show that a low-velocity
region is created in the crust and upper mantle at the point of maximum bending in
subduction zones. Controlled-source methods give more precise determination of
wave-speed and suggest that there is a ∼10% drop in P-wave- speeds [e.g. Shillington
et al., 2015; Van Avendonk et al., 2011]. On the other hand, passive-source seismic
methods provide better depth estimates of the low-velocity region. Surface wave
inversion results from the Mariana subduction zone reveal that the low wave-speed
region is ∼30 km thick, ∼80 km long, pillow shaped, and roughly symmetrically
disposed about the trench axis [Cai et al., 2018].

The reduction in seismic wave-speeds observed in the crust could be due to hydration
and alteration of the gabbroic crust. In the upper mantle, it could be due to the
serpentinisation of mantle peridotite by hydration along normal faults [Grevemeyer
et al., 2018; Miller and Lizarralde, 2016] or the development of crack porosity further
enhanced by bending-related faulting [Korenaga, 2017], although it is difficult to
distinguish between the two. The concept of deep mantle hydration, whether by water
filled cracks or hydrated minerals, is consistent with the hypothesis of antigorite
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dehydration being the source of the lower band of earthquakes in double seismic
zones [Peacock, 2001], which are now considered a global feature for active margins
[Brudzinski et al., 2007; Florez and Prieto, 2019]. From a global correlation of double
seismic zones, a mean separation of ∼31 km is proposed to exist between the two
bands of seismicity [Brudzinski et al., 2007; Florez and Prieto, 2019]. This is consistent
with the proposition that mantle hydration due to bending can penetrate to depths of
30 km below the Moho [Cai et al., 2018; Emry and Wiens, 2015; Faccenda et al., 2009].

In this study, we present new evidence from controlled-source seismic data for a low-
speed zone in the crust and mantle of the Hikurangi Plateau, as it subducts beneath
the North Island of New Zealand at the southern Hikurangi margin. The Hikurangi
margin is different from other subduction margins where bending related hydration
of the crust and upper mantle is suggested to occur (e.g. Alaska, middle America,
Marianas, Northern Japan). The sedimentation rate at the Hikurangi margin is high,
and the plate that is being subducted contains an oceanic plateau with a thick (10-12
km) crust. Significant hydration of thick oceanic lithosphere is a good conduit to deliver
water into the deep interior of the Earth. Thus, the importance of this study is to present
a further case of plate-bending related reduced seismic wave-speeds in the subducting
oceanic lithosphere, but in a different setting and under different conditions to other
subduction zones.

3.2 Hikurangi Subduction Margin

The Hikurangi margin at the east coast of North Island, New Zealand, marks the
subduction of the Pacific Plate under the Australian Plate (Figure 3.1). The
subducting Pacific Plate here contains the oceanic Hikurangi Plateau (HP), a large
igneous province. The HP is considered to have formed together with the Ontong-Java
and Manihiki Plateaus as a single large super-plateau based on similar formation ages,
chemical composition, velocity structure and submarine emplacement [Hochmuth
et al., 2019; Taylor, 2006]. The original super-plateau, Ontong-Java-Manihiki-Hikurangi
Plateau, is thought to have originated in the Lower Jurassic-Early Cretaceous as part
of an oceanic spreading centre overlying a hotspot plume head [Hoernle et al., 2010].
In the Early Cretaceous, the Ontong-Java, Manihiki and Hikurangi plateaus rifted
apart and were brought to their present positions by tectonic plate motions [Davy
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et al., 2008; Hochmuth et al., 2015; Taylor, 2006]. While the Ontong-Java Plateau is too
buoyant to subduct [Miura et al., 2004], the HP subducts readily [Walcott, 1984].

Oceanic plateaus are a type of oceanic lithosphere that has undergone extensivemelting
and modification after formation at a mid-oceanic ridge [Coffin and Eldholm, 1994]. The
melting is thought to be due to interaction with a mantle plume, although alternative
explanations include melting due to a collision structure, large-scale Rayleigh-Taylor
instability [Tanton and Hager, 2000] or decompression melting of buoyant mantle that
was removed from a cratonic root by subduction [Mochizuki et al., 2019]. Because of
this melting, the mantle peridotite becomes depleted and the overlying oceanic crust
is thickened. Geophysical consequences of this process are that the plateau becomes
more buoyant, because of both thickened crust and depleted mantle, and that the P-
wave-speeds in the depleted mantle increase [Jordan, 1978].

An estimate of ∼15 km for the thickness of the HP crust was initially made for the
southern Hikurangi margin from gravity modelling [Wood and Davy, 1994]. Recent,
controlled-source seismic studies reveal a ∼10 km thick HP crust under the
southwestern North Island [Henrys et al., 2013; Tozer et al., 2017] and ∼10 km thick
crust overlain by a ∼1-2 km thick volcanoclastic layer offshore of the east coast of
southern North Island [Mochizuki et al., 2019]. These are supported by receiver
function studies suggesting a thickness of ∼11 km for the HP crust [Savage et al., 2007].
Bannister [1988] estimates a thickness of 11-12 km for the crust beneath Hawkes Bay
(Figure 3.1a), based on relocated earthquake hypocentres. Reyners [2012], based on
the distribution of seismicity, suggests that the crust of the HP is ∼35 km thick. Thus,
there is some variation in interpretations for the thickness of HP crust.

Earthquake travel-time studies on the eastern North Island of New Zealand along
northeast-southwest oriented raypaths infer high P-wave-speeds (VP) of 8.50-9.00
km/s within the upper mantle of the subducting plate [Bannister, 1988; Galea, 1992;
Haines, 1979; Kayal and Smith, 1984] (Figure A.1). These are all refracted waves in the
upper mantle and can be referred to as Pn [Storchak et al., 2011]. An active-source,
wide-angle reflection and refraction experiment in the eastern North Island, also
oriented northeast-southwest confirms the presence of a fast Pn (VP=8.70-8.80 km/s)
layer, and indicates that it is not directly below the Moho, but underlies a regular
mantle layer of thickness ∼8-10 km and VP of 8.10-8.20 km/s [Chadwick, 1997] (Figure
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A.1). All these studies measure Pn in the margin-parallel direction. One explanation
for the high upper-mantle VP is that they are a result of anisotropy created by
flow-induced orientation of mantle olivine crystals [Brisbourne and Stuart, 1998; Galea,
1992; Robinson, 1986]. Shear-wave splitting of SKS phases have also yielded
margin-parallel fast directions in this region [Marson-Pidgeon and Savage, 2004], but
SKS phases cannot distinguish well what depths correspond to the anisotropy. A few
passive-source seismic studies [Chong, 1982; Eberhart-Phillips et al., 2010; Robinson,
1986] and a controlled-source seismic study [Mochizuki et al., 2019] conducted along
margin-perpendicular directions have also found the existence of fast Pn speeds.
Reyners [2012] suggests that the lower crust of the ∼35 km thick HP crust is
transformed to eclogite to explain the high P-wave-speeds (>8.5 km/s). Another
recently proposed explanation is radial anisotropy created by a fabric specific to the
gravitational collapse of a plume head [Stern et al., 2020]. Regardless of interpretation,
the upper mantle of the HP has unusually high VP, and these wave-speeds are
azimuthally isotropic.

3.3 Data

During the Seismic Array HiKurangi Experiment (SAHKE) [Henrys et al., 2013], two
transects of temporary seismographs were deployed north of the main SAHKE
transect to record wide-angle reflections and refractions from the airgun shots of
PEGASUS23 and PEGASUS25 offshore multi-channel seismic (MCS) lines (Figure
3.1b). The temporary seismographs (PEG1-PEG13) included L4 and L28
short-period, three-component geophone sensors connected to Reftek RT130 data
loggers [Seward et al., 2010]. M/V Reflect Resolution acquired the PEGASUS and
SAHKE MCS lines with a 10 km long streamer. The airgun source for PEGASUS lines
had a capacity of 5,400 cubic inches and was shot every 37.5 m. Both parameters were
increased to 6,000 cubic inches and 100 m, respectively, for SAHKE lines. The source
was towed at a depth of 6±1 m. The two transects are identified as PEGASUS23 and
PEGASUS25 transects in this paper. Their onshore segments are defined by extending
the two MCS lines towards the northwest along their azimuths (Section A.1.1 and
Figure A.2). Origins of the model distance (x-axis) of the two transects are at the
perpendicularly projected locations of the permanent seismic station MRZ and PRWZ
(Figure 3.1b), respectively, to the two transects. Wide-angle reflections and refractions
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of the same airgun shots recorded on the permanent stations of the GeoNet and
Regional seismic networks are also used in this study. Details about the seismographs
used are given in Table A.1.

Larger source-receiver offsets are obtained by using the data recorded on the temporary
and permanent stations with the airgun shots of the SAHKE01 line. SAHKE01 line
deviates 10◦ from the PEGASUS23 and 15◦ from the PEGASUS25 transects. An implicit
assumption in interpreting these gathers, in terms of a 2D model, is that the crustal
structure does not vary laterally beneath the triangular region defined by the shot line
and all the direct raypaths to the onshore station (Figure 3.1b). We minimise this 3D
to 2D projection issue by only using the shots that have source-receiver offsets greater
than 150 km for MRZ, 100 km for PEG3, and 130 km for BFZ. The maximum error in
velocity estimation due to this projection is∼0.05 km/s (Section A.1.2 and Figure A.3).

The main objective of using this onshore-offshore dataset is to constrain the velocity
structure of the subducting Hikurangi Plateau. Offshore airgun source to onshore
receiver raypaths traverse the crust and upper mantle across the Hikurangi trough.
We focus on modelling travel-times of the observed refractions and wide-angle
reflections to understand how the seismic velocities of the subducting oceanic crust
and upper mantle are affected by bending of the plate near the trough.

3.4 Velocity Modelling

3.4.1 Onshore-offshore Common Receiver Gathers

Common receiver gathers at onshore seismographs were generated by extracting
seismograms using GPS-based airgun shot times, from the continuously recorded
data of the vertical component at each seismometer and plotting against shot offset.
Twelve common receiver gathers were produced from the airgun shots of PEGASUS23
line (Figures 3.2a, A.4a-A.14a). Six receiver gathers were produced from the airgun
shots of the PEGASUS25 line (Figures 3.3a, A.15a-A.19a). Three receiver gathers were
produced from the airgun shots of the SAHKE01 line (Figures 3.4a, 3.5a, and A.20a).
Bandpass filtering at 2-4-8-12 Hz corner frequencies and automatic gain control were
applied to all the gathers. Finally, a reduction velocity was applied to distinguish
between refracted seismic phases.

The identified seismic phases in the processed receiver gathers were:
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Figure 3.1 (a) Tectonic setting around New Zealand. HSM - Hikurangi Subduction Margin, AF - Alpine
Fault, FSM - Fiordland SubductionMargin. Light green rectangle indicates the extent of (b). (b)Map of
the study area. Black lines are multi-channel seismic (MCS) lines. Red triangles are temporary seismic
stations. Blue triangles are permanent seismic stations. Dark red, dashed line is the Hikurangi trough.
Orange dashed lines are extended onshore-offshore transects. Pink dashed lines connect airgun shots
from the SAHKE01 line to MRZ, PEG3 and BFZ stations that have source-receiver offsets of 150, 100 and
160 km, respectively. Only the shots with offsets greater than these source-receiver offsets (southeast of
the intersection with the SAHKE01 line) have been used in the study.
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Figure 3.2 (a) Common receiver gather at PEG3 station with airgun shots of PEGASUS23 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.

46
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Figure 3.3 (a) Common receiver gather at PEG6 station with airgun shots of PEGASUS25 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure 3.4 (a) Common receiver gather at MRZ station with airgun shots of SAHKE01 line. Different
seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b) Ob-
served travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of an
observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b) are
reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure 3.5 (a) Common receiver gather at BFZ station with airgun shots of SAHKE01 line. Different
seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b) Ob-
served travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of an
observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b) are
reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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• Pg - refraction in the crust of the overriding Australian Plate

• PintP- reflection from the plate interface that separates the overlying Australian
Plate from the top of subducting sediments

• Po - refraction in the subducting HP crust

• Pm1P - reflection from the Moho

• Pn1 - refraction from the mantle beneath the Moho

• Pn2 -refraction from deeper upper mantle layer beneath the Moho of HP

In addition, we note three wide-angle reflections, R0 , R1 and R2 (Figures 3.4a, 3.5a and
A.14a), with two-way travel-times ∼35-40 sec.

3.4.2 Initial Models

A crucial step in this type of single-sided, onshore-offshore seismic surveys is to
incorporate constraints for the near-surface seismic velocities in the onshore region
because very low seismic velocities at the surface can propagate large travel-time
misfits that will be compensated by the deeper structure.

Seismic [Cape et al., 1990; Chadwick, 1997] and gravity [Pancha, 1994] studies in the
eastern Wairarapa region indicate the presence of low VP (∼2.5 km/s) and thick (∼1
km) sediments at the surface. We incorporated these constraints into the onshore
sections of the initial velocity models for the two transects. Topography of the onshore
sections of the models was obtained from [Mitchell et al., 2012].

In the offshore regions of the two transects, initial velocity models were constrained
using MCS reflection data [Bland et al., 2015]. On the PEGASUS23 transect, MCS
reflection data constrain the bathymetry between ∼70 and ∼190 km model distances
(Figure A.21). The top of a thin layer of low-velocity subducted sediments and the top
of the Hikurangi Plateau crust are constrained between ∼130 and ∼190 km model
distances (Figure A.21). In the PEGASUS25 transect, the MCS data constrained the
same layers between ∼60 and ∼180 km and ∼120 and ∼180 km model distances
respectively (Figure A.22). These reflectors were picked in the time-domain and were
depth converted using the stacking velocities (Figures A.21 and A.22).
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P-wave velocities of the initial velocity models used stacking velocities derived from
the processing of MCS data (courtesy of Crown Minerals). The derivation of stacking
velocities from MCS data assumes that the reflectors are horizontal. However, in the
case of anMCS line along the dip of a subduction zonewhere the reflectors are dipping,
velocity analysis may result in anomalous and unrealistic velocities. Accordingly, we
use stacking velocities only from locations with dips <2◦.

In extending the two transects to accommodate the long-offset data from the
SAHKE01 line, the tops of both the subducting sediments and the oceanic crust
observed on the SAHKE01 MCS line (Figure A.23) and on the cross lines PEGASUS 2,
4, 6, 8 and 10 (Figure 3.1b) were picked and were converted to depths using the
stacking velocities of those lines. Thereafter, these depths were linearly interpolated
into the southeast extensions of the two transects. P-wave-speeds were directly
projected from the stacking velocities of SAHKE01 (Figure A.23) to these extensions.
Bathymetry of the extensions was obtained from Mitchell et al. [2012].

These constraintswere incorporated to build initial velocitymodels for the two transects
in RAYINVR [Zelt and Smith, 1992] format. RAYINVRvelocitymodels are parametrised
by layer boundaries defined by boundary nodes and the velocities within each layer
are specified by upper and lower velocity nodes. This parametrisation conveniently
introduces both vertical and horizontal velocity gradients in the velocity model.

The accuracy of the initial RAYINVRmodels was tested against theMCS reflection data
by comparing the observed two-way travel-times of the prominent reflections in MCS
data (Figures A.21 and A.22) with the calculated two-way travel-times for the same
reflections in the RAYINVR models. The overall RMS of travel-time residuals for the
two-way travel-times between the initial velocity model and the actual MCS data were
∼50 msec and ∼70 msec for the PEGASUS23 and PEGASUS25 transects, respectively.

3.4.3 Forward-model Raytracing

The travel-times of the observed phases were picked. Travel-time pick errors were
assigned for each phase based on their dominant frequency, source-receiver offset and
signal-to-noise ratio (Table 3.1).

The observed phases were raytraced using RAYINVR [Zelt and Smith, 1992] in a
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Table 3.1 Observed seismic phases in the common receiver gathers along PEGASUS23 and PEGASUS25
transects

Phase
PEGASUS23 PEGASUS25

N Av. Unc. TRMS χ2 N Av. Unc. TRMS χ2

Pg 677 0.102 0.132 1.628 325 0.100 0.105 1.103
PintP 417 0.112 0.137 1.613 138 0.125 0.205 2.705
Po 724 0.125 0.146 1.466 597 0.126 0.164 1.783
Pm1P 195 0.143 0.223 3.246 152 0.150 0.217 2.104
Pn1 210 0.152 0.145 0.927 na na na na
Pn2 118 0.200 0.137 0.473 33 0.200 0.047 0.056
R0 na na na na 137 0.200 0.122 0.374
R1 165 0.200 0.134 0.450 122 0.200 0.084 0.177
R2 225 0.200 0.179 0.808 100 0.200 0.128 0.413
Overall 2731 na 0.150 1.452 1604 na 0.155 1.463
N = Number of travel-time picks.
Av. Unc. = Average uncertainty in travel-time picks of a phase in seconds.
TRMS = Normalised root mean square of travel-time misfits in seconds.

forward modelling approach to minimise the travel-time residuals. A forward
modelling approach was favoured because of (1) the asymmetric source-receiver
geometry of the onshore-offshore technique; (2) the sparse ray coverage in some areas
of the models and (3) the ability to include constraints on wave-speeds and interface
depths from previous studies [e.g. Tozer et al., 2017]. The top layers were modelled
first using phases that sample them, and the deeper layers were modelled sequentially
using latter phases to minimise the propagation of errors and ambiguities into the
deeper layers.

3.4.4 Model Parameter Uncertainties

Perturbation tests were carried out sequentially from the top to the bottom of the
model to assess the uncertainties in the determined velocities and thicknesses of each
layer in the final preferred models (Figure 3.6). For a layer, depth nodes of the lower
boundary and the velocity nodes at the top and/or bottom of the layer were perturbed
at regular intervals with both positive and negative perturbations around the
preferred values (Table 3.2). TRMS for the depth, velocity perturbation pair was
obtained from RAYINVR and was plotted against the two parameters being perturbed
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(Figure 3.7). Model parameters that can trace the greatest number of observed
travel-time picks with minimum TRMS were considered to best fit the actual model.

Variations in pick error are ignored and the errors (tobserved–tcalculated) are assumed to be
independent and to have a normal distribution with zero mean and common variance
σ2. The minimum TRMS2 is then an estimate of σ2 and non-optimal TRMS2/minimum
TRMS2 has approximately a χ2/df distribution, with df being the degrees of freedom (df
= no. of travel-time picks – no.of model parameters) [Stern and Benson, 2011]. The
test with the lowest number of travel-time picks (Figure 3.7c, d) used 118 travel-time
picks and 2 model parameters (df = 116). We calculate the TRMS contour within which
there is a 95% probability for the model parameter combination to fit the observations.
This contour is referred as the 95% confidence interval (TRMS,95) and is calculated using
Equation 3.1.

TRMS,95 = TRMS,min

√

χ2(0.95)
df

(3.1)

We employed two parameter perturbation tests to estimate the uncertainties in the (1)
thickness of the overriding Australian Plate crust and VP at its base (i.e. at the plate
interface) (Figure A.24a), (2) VP at the base of the Australian Plate crust and in the
dip of the plate interface (Figure A.24b), (3) thickness and VP of the Hikurangi
Plateau crust (Figure 3.7a) and (4) thickness and VP of the regular mantle (Figure
3.7b). Also, uncertainties in the depth to the faster upper mantle layer and its VP have
been estimated using a grid-search approach similar to perturbation tests mentioned
earlier (Figure 3.7c, d). We used a three-parameter grid-search test to estimate the
trade-offs between the VP at the base of the regular mantle layer, depth and VP of the
faster upper mantle layer (Figure A.25). All model parameter uncertainties are given
in Table 3.2.

Furthermore, we applied a sensitivity test to check the robustness of VP determination
of the oceanic crust with offset (Figure 3.7e).

3.5 Results

Both PEGASUS23 and PEGASUS25 transects exhibit a similar crustal and upper
mantle structure in the region sampled by the seismic waves (Figure 3.6). The root
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Table 3.2 Details of perturbation and grid-search tests to estimate model parameter uncertainties

Test Type
(Figure)

Model Parameter Preferred Value Min./Max./Inc. Uncertainty

Perturbation
(Figure 3.7a)

Thickness of HP crust 12 km -5/5/0.1 km ±1 km
VP of HP crust Variable -0.5/0.5/0.1 km/s ±0.1 km/s

Perturbation
(Figure 3.7b)

Thickness of HP regular mantle 25 km -20/10/1 km ±2 km
VP of regular mantle 8.0 km/s -0.5/0.5/0.05 km/s ±0.2 km/s

Grid-search
(Figure 3.7c)

Depth to faster upper mantle from Moho 25 km 0/45/1 km ±2 km
VP at the top of faster mantle layer 8.7 km/s 8.2/9.2/0.05 km/s ±0.2 km/s

Perturbation
(Figure A.24a)

Thickness of Aus. plate cont. crust Variable -2/2/0.1 km ±1 km
Base VP of Aus. Plate cont. crust Variable -0.5/0.5/0.05 km/s ±0.1 km/s

Perturbation
(Figure A.24b)

Dip of the plate interface 4◦ -2.2◦/2.2◦/0.04◦ ±1◦

Base VP of Aus. Plate cont. crust Variable -0.5/0.5/0.05 km/s ±0.1 km/s

Grid-search
(Figure A.25)

VP at the base of regular mantle 8.0 km/s 7.8/9.0/0.1 km/s ±0.2 km/s
Depth to faster upper mantle from Moho 25 km 0/40/1 km ±2 km
VP at the top of faster mantle 8.7 km/s 8.0/9.2/0.1 km/s ±0.2 km/s

mean squared travel-time misfits (TRMS) and the χ2 statistics for the final preferred
velocity models are given in Table 3.1. Travel-time misfits with model distance and
histograms of travel-time misfits for the two transects are shown in Figures A.26 and
A.27, respectively. Figures A.28 and A.29 show the ray density along the two transects.

3.5.1 Crustal Structure of Overriding Australian Plate

A P-wave-speed of ∼5.5 km/s just below the weathering layer (Figure 3.6c) in the
onshore crustal regions reflects the presence of consolidated sediments and
Cretaceous basement greywacke in this region [Hines et al., 2013]. The speed increases
to ∼6.0±0.1 km/s at a depth of ∼18 km. At shallow depths (∼7 km), an abrupt lateral
change in VP from ∼5 km/s to ∼4 km/s can be observed at ∼ 70 km model distance
(Figure 3.6), marking the transition from the greywackes to Cenozoic sediments. The
depth to the plate interface at the coastline (∼60 km PEGASUS23 model distances) is
∼13 km and it reduces to ∼5 km at the Hikurangi trough (Figure 3.6a). The velocities
along the base of the Australian Plate crust (i.e. at the plate interface) have been
determined within ±0.1 km/s (Figure A.24a). The dip of the plate interface is ∼ 4◦±1◦

towards the west (Figure A.24b). Along PEGASUS23 transect, within its ray coverage,
the plate interface is comparable to that of Williams et al. [2013], who derived the plate
interface model by interpolating the upper envelope of relocated earthquakes in the
subducting slab and the plate interface identified by active-source seismic surveys
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Figure 3.6 Final velocity models along (a) PEGASUS23 transect and (b) PEGASUS25 transect. Note
that in (a), station symbols for TMWZ and PEG3 cannot be distinguished as they are very close to each
other. Continuous black lines are confirmed layer boundaries. Dashed black lines are inferred layer
boundaries. Grey shading indicates areas in the velocity model without ray coverage. White numbers
with black outline are P-wave-speeds at those locations in km/s. Red dots indicate the perpendicularly
projected earthquake hypocentres within 50 km from each transect. Hypocentre relocations are from
Eberhart-Phillips et al. [2017]; Evanzia et al. [2018]; Reyners et al. [2011]; Zhang and Thurber [2006]. AUS.
PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure 3.7 (a) Perturbation test to estimate the uncertainties in the determined thickness and velocities
within the oceanic crust (O.C.). (b) Perturbation test to estimate the uncertainties in the determined
thickness and velocities within the regular mantle (R.M.). (c) Grid-search test to estimate the uncer-
tainties in the determined depth from the Moho and velocity of the faster upper mantle layer (Pn2). (d)
Number of travel-time picks traced for depth-velocity pairs in (c). White contour in (a)-(d) indicates
the 95% confidence interval. Yellow stars with red outline indicate the preferred values for velocity and
depth in (c) and (d). (e) Sensitivity test to assess the robustness of the velocity determination of the
crust with offset using the refracted phase (Po) in the oceanic crust at PEG3 station with the shots of
PEGASUS23 line. Black lines with error bars are the observed travel-times. Purple dots are calculated
travel-times with the P-wave-speed reduction in the oceanic crust as in the preferred velocity model. Or-
ange dots are calculated travel-times without the P-wave-speed reduction in the oceanic crust. (f) Plot of
velocity contours (white) indicating the drop in P-wave-speed resolved in the crust and the upper man-
tle of Hikurangi Plateau beneath the Hikurangi trough along PEGASUS23 transect. Contour interval is
0.1 km/s. This is superimposed on density of rays turning exclusively in the Hikurangi Plateau crust.
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(Figure A.30). In the PEGASUS25 transect, it is the top of the oceanic crust that aligns
well with the plate interface of Williams et al. [2013] (Figure A.31). This is within the
depth accuracy of 2 km suggested by Williams et al. [2013] for the hypocentral depths,
which were primarily used to define the plate interface beneath the North Island.

3.5.2 Crustal Structure of Subducting Pacific Plate

The layer of subducting sediments (Figure 3.6) is a poorly resolved feature in the
velocity models presented here. Its thickness in the offshore region with MCS
coverage is ∼2 km (Figures A.21-A.23). In the refraction data, there is no direct
evidence for its existence under the onshore regions, because a low-velocity layer is
incapable of producing first arrivals. However, towards the south of the two transects,
along the onshore portion of the SAHKE01 transect beneath the North Island, its
thickness is consistently found from reflection data to be ∼2 km [Henrys et al., 2013;
Tozer et al., 2017]. We therefore model the subducting sediments as a ∼2 km thick
layer (VP∼4.5-5 km/s), with some variation in the PEGASUS23 transect towards the
northwestern end (0-40 km PEGASUS23 transect model distances) to fit the
travel-times.

The velocity structure of the HP crust is modelled as two layers, a ∼2 km-thick layer
with a steep velocity gradient (VP∼5.5-6.2 km/s) underlain by a ∼10 km-thick layer
with a gentle velocity gradient. Thus, the combined thickness of the HP crust is 12±1
km throughout (Figures 3.6, 3.7a and Table 3.2). The highest VP resolved at the base of
the HP crust is estimated to be ∼7.1±0.1 km/s, based on long-offset refracted phases
in the crust (Po) and reflections from the Moho (Pm1P). This is similar to the highest
VP of 7.25±0.35 km/s reported for the HP crust along SAHKE01 line [Mochizuki et al.,
2019]. P-wave-speed along the upper boundary of the ∼10 km thick layer of the crust
for both transects is generally∼6.6±0.1 km/s but reduces to∼6.2±0.1 km/s beneath the
central part of the transects (90-180 km model distances along PEGASUS23 transect)
in the vicinity of the Hikurangi trough (Figure 3.6a). Similarly, VP of 7.1±0.1 km/s at
the base of the crust reduces to ∼6.6±0.1 km/s in the same region. Refracted waves
in the crust sample much of the low-velocity zone beneath the trough (Figure 3.7f).
The low-velocity zone in the crust is resolved better in the PEGASUS23 compared to
the PEGASUS25 transect, as the rays in the former traverse across much of the trough
region (Figure A.28 versus A.29).
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Perturbation test results indicate uncertainties of ±0.05 km/s for VP within, and ±0.5
km for the thickness of the crust at the 95% confidence interval (Figure 3.7a). However,
conservatively we suggest uncertainties of ±0.1 km/s for VP and ±1 km for thickness.

3.5.3 Upper Mantle Structure of Subducting Pacific Plate

We identify two upper mantle layers with distinct P-wave-speeds (Figure 3.6); (1) in
the top 25 km of the mantle, a regular upper mantle with a VP of ∼7.8-8.2±0.2 km/s
and (2) a faster and deeper upper mantle layer with a VP of ∼8.7±0.2 km/s. However,
using refracted arrivals in ocean bottom seismometers along the SAHKE01 line (Figure
3.1b) about ∼30 km south of the PEGASUS23 transect, Mochizuki et al. [2019] report a
VP of 8.30±0.25 km/s in the upper mantle beneath the Moho (Figure A.1).

The upper mantle layer is 25±2 km thick and indicates regular mantle P-wave-speeds
of 8.0±0.2 km/s (Figure 3.6). In the PEGASUS23 transect, similar to the reduction in
wave-speeds in the oceanic crust beneath the trough, the mantle here (∼120-180 km
model distances) also requires a reduction in VP down to 7.8±0.2 km/s (Figure 3.6a)
to better fit and explain all the travel-time picks of Pn1 phase. This reduction in VP is
not well resolved due to lower ray coverage further to the east from Pn1 phase. The
maximum permissible VP at the base of this∼25 km thick layer is 8.2±0.2 km/s (Figure
A.25). Perturbation test results indicate uncertainties of ±0.05 km/s for VP within and
±0.5 km for the thickness of the regular mantle at the 95% confidence interval (Figure
3.7b). However, we suggest conservative uncertainties of ±0.2 km/s for VP and ±2 km
for the thickness.

P-wave-speeds of 8.7±0.2 km/s in the faster, deeper upper mantle layer were recorded
as first arrivals on three gathers with lengths of ∼35 km, ∼15 km and ∼20 km (Pn2

phase in Figures 3.4a, 3.5a and A.20a). The depth to the faster upper mantle layer is
∼50 km from the surface (25±2 km from the Moho) (Figures 3.6, A.24c, d and A.25).
The rays sample a maximum lateral section of ∼70 km of the refracting boundary of
the fast, upper mantle under the Hikurangi trough. This boundary is confirmed only
between 105-175 km model distances along PEGASUS23 transect (Figure 3.6a). This
refracting boundary has been extended parallel to the Moho towards either ends of
the two transects for simplicity. According to the grid-search test (Figure 3.7c, d),
there is a trade-off of ±2 km with the depth to the layer, and the speed is determined
to ±0.2 km/s. The depth to the Moho under the western Chatham Rise in the region
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east of the Chatham Islands is estimated to be ∼25 km with a ∼12 km HP crust
[Grobys et al., 2008; Riefstahl et al., 2020]. Taking this into account, the Moho depth at
model distances >150 km (Figure 3.4c) is very likely to follow the unconfirmed Moho
in the model. A jump in Moho depth could be expected at about 200 km from the 150
km model distance (350 km model distance if the model were to be extended
eastwards), where the sediments of the Chatham Rise are thicker. Therefore, the effect
of the unresolved Moho in the determination of the depth to this faster upper mantle
layer is not significant. Furthermore, to assess the effect of the velocity structure of the
HP crust at model distances >150 km, in the determination of the depths to the
deeper upper mantle layers, delay times between the final preferred model and after
applying velocities of 6.60-7.20 km/s for the base of the HP crust at model distances
>150 km for Pn2 , R1 and R2 phases were calculated (Figure A.32). The maximum
delay times of ∼0.13 sec are within the pick uncertainties of these phases (Table 3.1).
Therefore, the velocity structure of HP at model distances >150 km has negligible
effect on the determination of the depths of the deeper upper mantle layers.

The interfaces from which R0, R1 and R2 reflections occur can be placed at depths of
∼65-80 km in the mantle from raytracing (Figures 3.4c, 3.5c and A.14c).

3.6 Discussion

3.6.1 Oceanic Crustal Thickness of Hikurangi Plateau

Well-constrained refracted and reflected phases indicate that the Hikurangi Plateau
crust (including the ∼2 km thick overlying low VP volcanoclastic layer) is 12±1 km
thick. This is consistent with previous inversions of earthquake data [Bannister, 1988;
Brisbourne and Stuart, 1998; Galea, 1992; Savage et al., 2007] and controlled-source
studies from the SAHKE transect [Henrys et al., 2013; Mochizuki et al., 2019; Tozer et al.,
2017]. We suggest that the very large estimate of 35 km [Reyners, 2012] is because the
double seismic zone was used to represent the subducting crust. Nevertheless, even a
12 km thickness is ∼70% greater than the regular oceanic crustal thickness of ∼7 km
[White et al., 1992] and thus represents a significant buoyancy anomaly [Mochizuki
et al., 2019]. At 12 km thick, the crust is only one third of the maximum crustal
thickness of the Ontong-Java Plateau [Coffin and Eldholm, 1994], but it is consistent
with the western margin of the Manihiki Plateau [Hochmuth et al., 2019], which also
was a part of the original much larger Ontong-Java-Manihiki-Hikurangi Plateau
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[Taylor, 2006]. The lower buoyancy induced by the thinner crust of the HP compared
to that of the thicker crust of Ontong-Java Plateau explains why the former readily
subducts and the latter resists subduction.

Oceanic plateaus have thicker crust than regular oceanic crust. Most of them are
considerably thicker than the HP. Kerguelen Plateau crust in the southern Indian
ocean is ∼17 km thick [Charvis et al., 1995]. Ninety East Ridge crust has a maximum
thickness of ∼24 km [Grevemeyer et al., 2001]. Caribbean Plateau crust is 8-15 km thick
[Kerr, 2014]. Rio Grande Rise off eastern South America has a maximum crustal
thickness of ∼25 km [Garcia et al., 2019]. Thus, when compared with most other
oceanic plateaus, the HP crust is thinner. Such variations in crustal thickness of this
order are possible for an oceanic plateau because crustal thickness is a function of
mantle temperature and spreading rate [e.g. White et al., 1992].

3.6.2 High Upper Mantle P-wave-speeds of Hikurangi Plateau

P-wave-speeds of 8.5-9.0 km/s are documented at sub-Moho depths within the HP
just east of and beneath the North Island (Figure A.1). These high speeds were first
detected 35 years ago along a northeast-southwest azimuth from earthquake
travel-times [Kayal and Smith, 1984], and the prevailing interpretation was that the
high speeds result from anisotropy created by flow-induced orientation of mantle
olivine crystals [Brisbourne and Stuart, 1998; Chadwick, 1997; Galea, 1993]. Chadwick
[1997] also reports a high-speed mantle of VP=8.7 km/s beneath a regular mantle of
VP=8.2 km/s under the eastern North Island. In Chadwick’s [1997] profile (Figure
A.1), the high-speed layer is ∼8-10 km below the Moho beneath the eastern North
Island (Figure A.33). Similar wave-speeds within the upper mantle measured along
two northwest-southeast azimuths are also obtained from a well-located earthquake
recorded by the ∼900 channel onshore array of SAHKE [Stern et al., 2018]. In addition,
Chong [1982]; Eberhart-Phillips et al. [2010]; Robinson [1986] reveal P-wave-speeds of
8.6-9.0 km/s for the upper mantle in margin-oblique azimuths (Figure A.1). Thus, the
higher wave-speeds in the upper mantle of the HP are well documented.

The presence of similar wave-speeds in mutually perpendicular directions requires
revision to the previous interpretation of an azimuthally anisotropic mantle. One
interpretation is that the high speeds are due to the presence of eclogite [Love et al.,
2015]. However, the shallowest depth at which we observe these high speeds is ∼32
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km along Chadwick’s [1997] profile (Figure A.1), and eclogite only becomes stable at
depths >44 km and temperatures >500◦C [Hacker, 1996]. Moreover, the wave-speeds
are too high for eclogite (7.0-8.2 km/s) [Kobussen et al., 2006]. An alternative
explanation is that the high wave-speeds are due to a distinct fabric with radial
anisotropy developed in a plume setting [Stern et al., 2020]. This fabric has a low
wave-speed in the vertical direction and can therefore be described as radially
anisotropic, yet azimuthally isotropic.

3.6.3 Hydration and Dehydration of the Subducting Slab

P-wave-speeds in the HP crust and upper mantle show a reduction beneath the
trough (Figures 3.6, 3.7e, f), where plate bending-induced normal faults occur.
Similar reductions in crustal and upper mantle P-wave-speeds have been reported for
most subduction zones (e.g. Middle America [Grevemeyer et al., 2007]; Van Avendonk
et al. [2011]; North Chile [Ranero and Sallarès, 2004]; Alaska [Shillington et al., 2015];
Kermadec [Bassett et al., 2016]; Northern Japan [Fujie et al., 2018]).

Bending-induced normal faults provide fluid migration pathways and can result in
hydration of the subducting slab. For water to infiltrate into the slab, strong negative
pressure gradients are required to overcome the lithostatic pressure. From numerical
modelling, Faccenda et al. [2009] suggest that sub-hydrostatic or even negative
pressure gradients could exist, which result in downward pumping of fluids along the
normal faults into the upper mantle. However, Korenaga [2017] argues that the
magnitudes of such pressure gradients are insufficient to overcome the confining
pressure and suggests that development of crack porosity by thermal cracking,
further enhanced by bending-related faulting is enough to explain the
bending-related velocity anomalies in the subducting crust and upper mantle. On the
other hand, Naif et al. [2015] show highly conductive normal faults within the
subducting crust at the middle America trench, suggesting percolation of water into
the crust. Furthermore, Miller and Lizarralde [2016] suggest that serpentinised normal
faults within the upper mantle are capable, on their own, of reducing wave
propagation speed from the background mantle wave-speeds.

The presence of normal faults in the oceanic crust is evident from seismic reflection
images along SAHKE01 line [Bland et al., 2015]. Further evidence for normal faults
within the subducting oceanic crust comes from seismic reflection data, which
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indicate that reactivated normal faults facilitate kinking of the subducting oceanic
crust under the central North Island [Henrys et al., 2006]. Du et al. [2004] also correlate
northeast-striking and westerly dipping linear seismic features from a relocated
earthquake catalogue in the Wellington region with normal faults within the
subducting Pacific Plate. Although these normal faults lie beneath the North Island,
westward of the Hikurangi trough, they are likely to have originated by bending of
the slab in the outer rise region. Furthermore, a recent relocated earthquake catalogue
in the region shows that the subducting slab in the eastern part of the southern North
Island is under extension oblique to the margin, resulting in normal faults, and under
compression parallel to the margin, resulting in strike-slip faults [Evanzia et al., 2017].
A radius of curvature of 149 km for the subducting slab under the southern North
Island [Evanzia et al., 2018], results in a ∼10% increase in length (extension) of the
subducting slab due to bending, causing normal faulting. Normal faults that originate
at the top of the oceanic crust by bending can potentially extend as deep as 25 km into
the upper mantle of the subducting slab [Emry and Wiens, 2015; Faccenda et al., 2009]
and nearly up to half of the plate thickness [Garcia et al., 2019].

Previous seismic studies that detected the high VP (>8.5 km/s) upper mantle layer
under the North Island (Figure A.1) also found that it started at depths down to 15
km below the Moho [Brisbourne and Stuart, 1998; Chadwick, 1997; Galea, 1992; Robinson,
1986]. We interpret the increase in thickness of the lower wave-speed (∼8 km/s)
mantle beneath the trough to reflect the presence of a down-warped low-velocity
zone, similar to the zone of reduced low-velocity zone in the crust. The ∼10%
reduction in VP in both crust and upper mantle observed here can be explained in two
ways. First, it could result from the hydration of the crust and the upper mantle
through bending-induced normal faults. This leads to the formation of hydrous
minerals in the crust (e.g. hornblende, chlorite) and in the mantle (e.g. antigorite). A
∼10% reduction in VP would result from ∼40 wt% alteration of the gabbroic crust
(∼0.5 wt% water) and ∼20 wt% serpentinisation of mantle peridotite (∼3 wt% water)
[Korenaga, 2017]. This is the most widely reported explanation for similar
observations at other subduction zones [e.g. Ranero and Sallarès, 2004; Shillington et al.,
2015; Van Avendonk et al., 2011]. Thus, the ∼25 km thick “regular mantle” (VP∼8
km/s) here is not in fact regular, but rather the high VP mantle has mechanically bent,
deformed and hydrated. Further evidence for deformation of the low-velocity zone is
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the observation of a “shadow zone” between Pn1 and Pn2 phases in Figures 3.4a
(140-220 km offsets) and A.20a (100-160 km offsets), implying attenuation due to
cracking and/or water. Therefore, we do not see any arrivals at these offsets.
Alternatively, the ∼10% reduction in VP could be due to the development of crack
porosity by thermal cracking [Korenaga, 2017]. For the ∼120 Ma old HP, cracks as
deep as 20-30 km can be expected to form with an interval of a few tens of kilometres
[Korenaga, 2017]. In contrast to the tensional normal faults, if the thermal cracks are
open, downward water pumping is possible and this would result in rapid
serpentinisation of the thermal cracks. As the plate starts to subduct, normal faults
would further enhance the porosity introduced by thermal cracking.

The upper mantle velocities of 8.30 ± 0.25 km/s beneath the Moho near the Hikurangi
trough along the SAHKE01 transect reported by Mochizuki et al. [2019] are relatively
faster than those reported in this study, but still slower than the faster upper mantle
velocities >8.5 km/s reported in the region. This could be indicative of a lower degree
of hydration due to serpentinisation and/or water filled cracks or the seismic waves
sampling the fractures at a slightly different angle, along the SAHKE01 line.

Double seismic zones in the subducting slab have been identified for almost all the
subduction zones in the world [Brudzinski et al., 2007]. The upper and lower bands of
double seismic zones are separated vertically by an aseismic or weakly seismic zone
up to 40 km thick [Hacker et al., 2003]. The upper band is thought to represent the
seismicity that results from the dehydration of the crust and the lower band is thought
to represent the seismicity that results from the dehydration of antigorite in the
mantle [Brudzinski et al., 2007]. The presence of a double seismic zone beneath the
southern North Island has been established by Du et al. [2004]; Eberhart-Phillips et al.
[2017]; Evanzia et al. [2017]; Reyners et al. [2011]; Robinson [1986]; Zhang and Thurber
[2006]. The separation between the two bands of seismicity is about 30 km. The upper
band of seismicity aligns well with the subducting crust and probably indicates the
dehydration of altered gabbroic crust (Figure 3.6). The onset of the lower band of
seismicity under the North Island corresponds to where high upper mantle VP of
8.7-9.0 km/s is reported to be about 10-15 km underneath the Moho (Figure 3.8). This
is about 80 km west of the Hikurangi trough. The serpentinised mantle, either
through fluid-rock interactions along normal faults or through the increase in
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porosity first introduced by thermal cracks, dehydrates here at temperatures of
∼500-550◦C [Fagereng and Ellis, 2009] and pressures of ∼1.0-1.2 GPa [Guillot et al.,
2015], and the low velocities now revert to the high velocities of 8.7-9.0 km/s. This
phenomenon explains the variation in the depth to the faster upper mantle layer in
Figure 3.8. It also provides evidence to support the hypothesis that the lower band of
earthquakes in the double seismic zone is due to serpentinite dehydration processes
[Brudzinski et al., 2007].

The higher buoyancy of subducting thick crust could result in shallower subduction
angles and less bending-related faulting. Despite this, evidence for bending-induced
faulting in the outer rise region and possible hydration within the crust and upper
mantle can be found in the subducting ∼135 Ma old Indian Plate in eastern Java
where the crustal thickness varies from 9 to 18 km [Planert et al., 2010; Shulgin et al.,
2011]. Much younger (∼29-51 Ma old), but thick (∼15 km), crust of the Nazca Ridge
subducts at the Peruvian margin in Chile with a subduction angle ∼10◦

[Contreras-Reyes et al., 2019], before being subjected to flat slab subduction further
onshore. The presence of bending-induced normal faults in the subducting Nazca
ridge is evident from MCS images [Hampel et al., 2004]. Yet, bending-related velocity
reduction in the subducting crust or in the upper mantle is not observed
[Contreras-Reyes et al., 2019]. The extent of buoyancy depends on both crustal
thickness and the age of oceanic plateaus. Young plateaus are more likely to resist
subduction than an older plateau of similar crustal thickness. This is because the crust
becomes less buoyant as it cools [Cloos, 1993; Kerr, 2005]. Thus, although the
Hikurangi Plateau crust is thick, its age (∼120 Ma) may control its ability to bend
(Figure A.34), hydrate, and undergo subduction. The hydration of the subducting
Hikurangi Plateau appears analogous to processes documented elsewhere in oceanic
crust although spatial variations in the degree of hydration could be present along the
margin.

3.6.4 Deep-lithospheric Reflections from the Pacific Plate

R0 reflection at ∼35 sec two-way travel-time is observed only on one gather (Figure
3.5a) and is most likely to be a reflection from the top of a much faster (VP ∼8.9 km/s)
upper mantle layer at a depth of ∼65 km (Figure 3.5c). R1 and R2 reflections at ∼37-
40 sec two-way travel-time, or ∼70-80 km deep, are recorded on three receiver gathers
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Figure 3.8 Conceptual model of the Hikurangi Plateau being subjected to bending by subduction show-
ing the interpreted variation in depth to the high-speed upper mantle layer from the onshore region to
the trough. Intersection with Chadwick’s [1997] profile is denoted by the red dashed line. Also shown
in red is the depth and P-wave-speed of the faster upper mantle layer of Chadwick [1997]. Light blue
and yellow stars with red outline indicate the hypocentres of the upper and lower bands of the double
seismic zone reported by Du et al. [2004], respectively. Black lines indicate faults. Normal and reverse
faults are indicated by arrows showing relative movement on either side of the faults. Sense of move-
ment along strike-slip faults is denoted by cross (going into the page) and dot (coming out of the page).
Faults on the seabed of the forearc west of the Hikurangi trough have been approximated from Litchfield
et al. [2013]. Dark shaded regions indicate areas without ray coverage. PW-pore water, alt-alteration, PS-
partial serpentinisation, UM-ultramafic. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific
Plate respectively. Vertical exaggeration=4.
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(Figures 3.4, 3.5 and A.14). The interfaces from which the R1 and R2 reflections occur
correspond closely to those reported by Stern et al. [2015] from the onshore portion
of SAHKE transect, which were interpreted to represent a channel at the base of the
tectonic plate. These reflections are discussed in detail in Chapter 4.

3.7 Conclusions

The conclusions of this study are as follows:

1. The crustal thickness of the Hikurangi Plateau, east of the North Island, is 12±1
km.

2. There is a high P-wave-speed uppermantle (8.7 km/s) resident beneath a∼25 km
thick mantle of VP ∼8 km/s under the Hikurangi trough, and the upper mantle
of this part of the Hikurangi Plateau appears to be azimuthally isotropic.

3. There is an apparent ∼10% drop in P-wave-speed beneath the Hikurangi trough
in the subducting Hikurangi Plateau crust and upper mantle. We infer that it is a
result of hydration through bending-induced normal faults and/or the enhance-
ment of crack porosity originally formed by thermal cracking.

4. The upper and lower bands of seismicity in the double seismic zone observed in
the southern Hikurangi margin are likely to be due to dehydration of the altered
gabbroic crust and the mantle serpentinite, respectively.
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Chapter 4

Evidence for a Lithosphere-Asthenosphere
Boundary Zone of the Pacific Plate at the
Southern Hikurangi Margin

Abstract

Controlled-source, onshore-offshore seismic profiling off eastern North Island, New
Zealand, reveals a series of distinct reflection horizons from depths of 70-85 km. These
wide-angle reflections are interpreted as coming from the base of the Pacific Plate as
they line up with the same down-dip reflections identified from an earlier onshore
study based on near vertical incidence reflections. The horizons can thus be traced as
continuous over a length scale of ∼100 km. From the moveout, amplitude and
polarity of the reflections, we interpret the package in terms of two distinct layers: a
∼3-5 km thick layer with strong (∼13-15%) azimuthal P-wave anisotropy; beneath
this is a ∼8-10 km thick layer of low P-wave-speeds. This layer subdivides into an
upper layer with high VP/VS ratio (>>2.5) indicating the presence of fluid (melt
and/or volatiles) and a lower layer with low VP/VS ratio (∼1.85) with indicating a
lower fluid content. Strong azimuthal anisotropy in the top layer is interpreted to be a
result of olivine crystals realigning in response to the finite strain accumulated due to
the differential motion between the lithosphere and asthenosphere. Our results show
that it is not a single reflector or low-velocity channel that constitutes the
lithosphere-asthenosphere boundary (LAB), but a series of layers that make up what
we call the LAB zone (LABZ). Detection of this thin anisotropic layer would not be
possible with passive-source seismic methods, and thus our results also emphasise
the crucial role that controlled-source seismic methods play in defining the fine
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structure at the base of a tectonic plate.

4.1 Introduction

Unravelling the fine structure of the lithosphere-asthenosphere boundary (LAB) has
been a long-standing challenge to seismology [Fischer et al., 2010]. Up until quite
recently much of the inference about the structure of the LAB has been based on
passive-source seismic methods with either surface or body waves [e.g. Kawakatsu
et al., 2009; Kumar et al., 2007; Rychert et al., 2010]. These data typically have
frequencies less than 1 Hz and thus seismic wavelengths are >10 km. Determining
fine structure at length scales less than this is difficult, and therefore the view that the
LAB is a diffusive boundary with a length scale of 10 km or greater has evolved
[Fischer et al., 2010]. In particular, it is viewed as a staggered zone separating
convective heat-transfer below to solid state thermal conduction above the LAB. This
view was in keeping with a long-standing intuition that the lithosphere is in effect a
thermal boundary layer.

More recently, controlled-source seismic methods have been applied to image the LAB
at different tectonic settings and a different nuance on its structure is emerging [e.g.
Mehouachi and Singh, 2018; Stern et al., 2015]. These data, with frequencies as high as
14 Hz, are near vertical reflection images from both large explosive and airgun
sources, indicate a number of coherent reflective horizons that can be tracked
continuously for distances of up to 200 km at LAB depths. Based on polarity and
amplitudes, these reflections are interpreted to define a low-velocity channel in which
melt has accumulated, aided by the presence of either water or carbon dioxide in the
mantle. The thickness of the channel appears to reduce with increasing age of the
plate [Mehouachi and Singh, 2018].

In this study, we take the investigation of the fine structure within the upper mantle
one step further. We use wide-angle reflections to investigate the LAB from an
onshore-offshore gather [Okaya et al., 2003] where offshore air-guns shots are
recorded on static seismographs onshore. The advantage of wide-angle reflections is
that enhanced amplitudes are generated when the reflections approach the critical
angle (typically >55◦ [Castagna, 1993]). This is a key property because there are some
impedance contrasts that generate significant amplitudes only at these wide angles
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and are essentially hidden from near vertical reflection surveys. This way, we identify
a new reflective horizon, on top of the low-velocity LAB channel, which was not seen
in previous studies. We interpret this layer as a ∼3-5 km thick azimuthally anisotropic
layer generated by shear and finite strain at the base of the lithosphere.

4.2 Structure of the Pacific Plate at Hikurangi margin

The Pacific Plate, which contains the oceanic Hikurangi Plateau [Davy and Wood, 1994;
Taylor, 2006], subducts beneath the Australian Plate at the east coast of the North Island
of New Zealand (Figure 4.1a). The Pacific Plate moves with an absolute plate motion
vector of ∼45-60 mm/year at an azimuth of ∼325◦ [Kreemer, 2009] and a relative plate
motion vector (with respect to the Australian Plate) of ∼45 mm/year at an azimuth of
∼260◦ [DeMets et al., 2010] (Figure 4.1a). The depth to the base of the Pacific Plate under
the southern North Island is estimated to be ∼73 km [Stern et al., 2015]. The upper
∼10-12 km of the plate is made of the crust of the Hikurangi Plateau as suggested from
controlled-source seismic data [Henrys et al., 2013; Herath et al., 2020; Mochizuki et al.,
2019; Tozer et al., 2017]. The bottom ∼60 km is made of the lithospheric mantle, which
transitions into the asthenosphere through a ∼10 km thick low-velocity, sheared melt-
rich layer interpreted as the LAB channel [Stern et al., 2015]. A similar LAB channel is
also proposed for the oceanic Atlantic Plate based on multichannel seismic reflection
data [Mehouachi and Singh, 2018].

4.3 Data

SAHKE and PEGASUS multichannel seismic (MCS) lines of the Seismic Array
Hikurangi Experiment (SAHKE) [Henrys et al., 2013] were acquired by R/V Reflect
Resolution in 2009/2010 (Figure 4.1b). The airgun source of the seismic vessel had a
capacity of 98.3 litre (6,000 in3) for the SAHKE lines and a shot spacing of 100 m.
These parameters were reduced to 88.5 litre (5,400 in3) and 37.5 m for the PEGASUS
lines. The source was towed at a depth of 6±1 m for both configurations.
Simultaneous with the acquisition of the MCS data, the airgun sources were recorded
by a network of temporary seismographs and the permanent seismographs of the
GeoNet network.

The technique of using offshore airgun sources recorded at onshore seismographs is
known as the ”onshore-offshore” method [Okaya et al., 2003] and is visualised using
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common receiver gathers. Common receiver gathers are produced by extracting
seismograms from the continuously recorded data at the seismographs using
GPS-based airgun shot times and plotting them with source-receiver offset calculated
using GPS-based shot locations. The common receiver gathers are further processed
using a bandpass filter with 2-4-8-12 Hz corner frequencies and an automatic gain
control to enhance the signal-to-noise ratio.

4.4 Wide-angle Reflections in the Onshore-offshore Data

Common receiver gathers at BFZ and MRZ stations of the GeoNet network (Figure
4.1b) were produced using the airgun shots of the SAHKE01, and at MRZ, with the
airgun shots of the PEGASUS23 MCS lines. Several distinct seismic phases can be
observed at two-way travel-times >30 sec and source-receiver offsets >140 km (Figure
4.2).

In the common receiver gathers at BFZ and MRZ stations with the airgun shots of
SAHKE01 line, we identify a band of reflectivity spanning ∼3.5 sec at offsets ranging
from ∼140-260 km. These occur at reduced travel-times of 7-12 sec or true travel-times
of about 35 sec. Within the coda of this reflectivity, several wide-angle reflections (R0,
R1, R2 and R3) can be observed (Figure 4.2a, b). However, in the common receiver
gather at MRZ station with the airgun shots of PEGASUS23 line, the reflection signals
are weak and (R1 and R2) can be observed (Figure 4.2c). R1 and R2 in this gather have
lower amplitudes possibly due to the less powerful airgun source in the PEGASUS23
line. Of particular interest is the distinct relationship between R0 and R1 where the
latter appears to onlap on to the former at offsets around 190-210 km (Figure 4.2a).

These wide-angle reflected phases arrive after the Pn2 phase which is a refracted phase
from a faster upper mantle layer with a P-wave-speed of 8.7±0.2 km/s and at a depth
of ∼50 km in the upper mantle of the Pacific Plate [Herath et al., 2020]. The parabolic
nature of these late arriving phases suggest that they are wide-angle reflections rather
than refractions. Furthermore, the source-receiver offsets at which they are observed
confirm that they are reflections, because the shortest source-receiver offsets of these
phases are less than the critical distance for a refracted arrival from a ∼60 km deep
layer.

We tested the possibility of R0, R1 and R2 being peg-leg multiples of the Pn2 upper
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Figure 4.1 (a) Tectonic setting around New Zealand. HSM-Hikurangi subduction margin, AF-Alpine
Fault, FSM-Fiordland subduction margin. Coloured vectors indicate absolute plate motion of the Pacific
Plate (red) and relative plate motion of the Pacific Plate relative to Australian Plate (yellow). Green
rectangle indicates the extents of (b). (b) Study area. Red triangles are temporary seismographs of the
PEGASUS23 and PEGASUS25 onshore-offshore transects. Blue triangles are permanent seismographs
of the GeoNet network. Black lines are offshore multi-channel seismic (MCS) lines. Orange dashed lines
are the extended PEGASUS23 and PEGASUS25 onshore-offshore transects. Purple dashed lines indicate
source-receiver offsets greater than 150 km from MRZ and 160 km from BFZ stations to the airgun shots
of SAHKE01 line. Red dashed line marks the Hikurangi trough.
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Figure 4.2 Common receiver gathers at (a) BFZ station, (b) MRZ station with airgun shots of SAHKE01
line, and (c) MRZ station with airgun shots of PEGASUS23 line. Arrows indicate the identified re-
fractions (Pn2) and wide-angle reflections (R0-R3). The gathers are processed with a bandpass filter at
2-4-8-12 Hz and an automatic gain control with a window of 10 secs.
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mantle refraction, within prominent reflectors in the sedimentary column. For this,
the prominent reflectors in the MCS reflection data of SAHKE01 line were mapped
and depth converted. Travel-time picks of R0, R1 and R2 were raytraced using
RAYINVR [Zelt and Smith, 1992] with the raypaths defined as peg-leg multiples in
between reflectors A and B (Figures B.1 and B.2). The calculated travel-times could
not fit the observed travel-times at the maximum offsets unless the rays bounced back
and forth between the A and B reflectors up to 3 and 7 times (Figures B.1 and B.2).
This is an unlikely scenario as the amplitudes decay significantly in between such
reflections, and we would have expected to see earlier modes of such multiples at the
same offsets further up in the record. Furthermore, the calculated travel-times could
not account for the observed gradients of the phases. Secondly, we tested if these
phases could be explained by a P- to S- conversion where the P-wave from the airgun
source arrives at the seismograph as an S-wave after converting from an interface
along its way. For this, the north and east components of the seismograms for each
airgun shot were converted to radial and transverse components, and the particle
motion between different components were plotted. The particle motion diagrams
indicate prominent polarisation in the vertical component (Figure B.3 and B.4) and
therefore the arrivals are most likely P-waves, and not S-waves arriving at the onshore
seismograph. These particle motion diagrams also suggest that these arrivals are not a
result of a sideswipe (e.g. from a fault zone, vertical crack) as it would also require
the particle motion to be polarised in the horizontal components.

These arrivals are recorded at two permanent seismographs of the GeoNet network,
but not on the short-period temporary stations of SAHKE that were out during this
time. This is proposed to be a result of the permanent broadband stations being better
coupled to the ground than the temporary stations. Furthermore, the permanent
seismographs, MRZ and BFZ are stationed on firm greywacke basement rocks,
whereas the temporary stations were located on a variety of surface rocks. Therefore,
the permanent stations have a higher chance of recording seismic energy with a high
signal-to-noise ratio.

4.5 Methodology

We use the P-wave velocity models for the PEGASUS23 and PEGASUS25 transects of
Herath et al. [2020] that constrain the P-wave velocity structure down to a depth of ∼50
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km. In projecting the airgun shots from the SAHKE01 line onto the PEGASUS23 and
PEGASUS25 velocitymodels (Figure 4.1), the effect from the difference inwater depths
at the original shot locations and the projected shot locations on the travel-times of the
phases is considered negligible as themaximum travel-time delay induced is within the
pick uncertainties of 0.2 sec (Figures B.5 , B.6 and Table B.1). Using RAYINVR [Zelt and
Smith, 1992], the travel-times of thewide-angle reflected phaseswere forwardmodelled
in a top-down approach to minimise the travel-time residuals (Figures 4.3, B.7 and B.8
and Table B.1).

To verify the results from raytracing and to obtain an understanding of the
amplitudes, we conducted seismic wave propagation simulations based upon the 2D
velocity models obtained from raytracing. Simulations were done using SPECFEM2D,
which uses a spectral element modelling approach to solve the wave-equation [Tromp
et al., 2008]. SPECFEM2D was favoured over other finite-difference modelling codes
as it can have a topographic free surface and coupled acoustic and elastic materials in
the models, ideal for simulating wave propagation in an onshore-offshore experiment.
Furthermore, the ability to include anisotropic material defined by the elastic
parameters of the stiffness tensor was deemed an advantage as the lithospheric
mantle consists of anisotropic minerals, predominantly olivine. The stiffness tensor
for pure forsterite olivine (Mg2SiO4) at 2.5 GPa, corresponding to a depth of 70-80 km
in the lithospheric mantle was obtained by the linear interpolation of the elastic tensor
coefficients reported by Zha et al. [1996]. Using this, the stiffness tensor for an
aggregate of forsterite crystals with their crystallographic axes oriented in different
directions were obtained from MTEX Matlab toolbox [Mainprice et al., 2011]. For
isotropic layers, shear-wave velocities using appropriate VP/VS ratios between 1.8 and
2.5 and densities were used (Figure 4.4a). Attenuation was not considered in the
simulations as constraints on the attenuation parameters for the offshore regions were
not available. Therefore, the amplitudes of the synthetic waveforms may have been
affected.

Instead of simulating a number of marine sources being recorded by a seismograph
onshore, the simulations were made computationally efficient by replacing the
onshore receiver by a point source and marine airgun sources by a linear array of
receivers in water as reciprocity is valid for synthetic seismogram modelling [Igel,
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Figure 4.3 (a)Raypath diagram for the traced rays for the observedwide-angle reflections and refractions
in Figure 4.2a. (b) Travel-time picks of the phases observed in Figure 4.2a colour-coded as in (a). Height
of an observed travel-time pick is twice the pick uncertainty. Calculated travel-times are in black. Note
that the travel-time axis is reduced with a velocity of 8.0 km/s. (c) Zoomed-up section of the region
shown by the black, dashed rectangle in (a).
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Figure 4.4 (a) Velocity and density model used to calculate synthetic common receiver gather at BFZ
station with SAHKE01 airgun shots (b). The elastic tensor is given in Equation B.2.
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2017]. Thus, synthetic common receiver gathers were produced by plotting the
seismograms at the source against source-receiver offset (Figure 4.4b). We used a
point source for the simulation and convolved the resulting synthetic seismograms
with the source-time function of the airgun array of the seismic vessel [Djeffal et al.,
2021]. We also added a 1% random noise to the synthetic seismograms (Figure 4.4b).

4.6 Depths of Reflectors and Interval Velocities

Previous studies of the Hikurangi margin provide evidence for unusually high P-wave-
speeds in the uppermantle. Tomographic inversions [Eberhart-Phillips et al., 2020] show
P-wave-speeds of 9 km/s below about 45 km, and controlled-source work by Chadwick
[1997]; Herath et al. [2020]; Stern et al. [2020] estimate P-wave-speeds of 8.7 km/s at
depths ranging from 30 to 60 km.

In this study we adopt a P-wave speed of 8.7 km/s at a depth of 60 km which increases
to 8.9 km/s just above R0 reflector at a depth of ∼70±2 km (Figures 4.3a, B.7a, B.8a
and B.9). This velocity gradient is required for the Pn2 refraction to occur. Evidence
for P-wave speeds of ∼9 km/s are reported in the upper mantle of the Hikurangi
Plateau at depths of ∼60-80 km in the upper mantle [Eberhart-Phillips et al., 2010]. An
alternative model which can account for the travel-times with slight changes in depths
of the interfaces (and layer thicknesses) would be one which has a low P-wave
velocity layer (∼8.3 km/s) below the layer with a P-wave velocity of 8.7 km/s and
above the R0 reflector (Figure B.10). However in the common receiver gathers, there is
no evidence for a wide-angle reflection from the top of a low P-wave velocity layer
(∼8.3 km/s) in between (Figure 4.2a).

To replicate the deeper R1 reflection onlapping onto R0 (Figures 4.2a, b), the VP contrast
across the R0 reflector must be positive. Raytracing illustrates this property (Figure
4.5), i.e. if the interval velocity increases progressively, then each reflectionwill become
steeper and appear to onlap to shallower reflections in a travel-time plot (Figure 4.5).
Similarly, if the interval velocity decreases, reflections in a travel-time plot will tend to
show little or no increase in curvature andwill parallel the shallower event (Figure 4.5).

Zoeppritz equations for partitioning of seismic displacements at an interface can
provide information linking polarity and amplitude of a reflection to the impedance
contrast across the interface [Aki and Richards, 2002]. Determining the polarity can,
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Figure 4.5 (a)-(d) One-dimensional P-wave velocity models (left) and the travel-time curves for reflec-
tions at velocity discontinuities (right) for different low- and high-velocity combinations.
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however, be perilous especially for deep, emergent looking reflections. However, we
observe the following pattern in the relative polarities of the R0, R1, R2 and R3

reflections. The low-amplitude, positive first break (red deflection) for R0 (Figure
4.6b) is consistent with the impedance contrast across the boundary being positive
(red has been calibrated as the positive first break based on first breaks from shallow
refractions). Thus, the layer beneath R0 has VP > 9 km/s. At these depths, the mineral
that can explain P-wave-velocities >9 km/s is consistent with olivine, which can have
a maximum anisotropy of 23%, with VP ∼9.9 km/s along its [100] axis at 2.5 GPa [Zha
et al., 1996]. Amplitude versus offset (AVO) modelling results for isotropic media
using Zoeppritz equations and transversely isotropic media [Blangy, 1994] agree with
the observed low amplitude, positive first break of R0 within the range of the observed
angles of incidence obtained from raytracing (Figure 4.7a). Synthetic waveform
modelling using SPECFEM2D with a layer of olivine between R0 and R1 reflectors
suggests that the degree of anisotropy required in the olivine layer is ∼13-15%,
corresponding to VP of ∼9.1-9.5 km/s along the horizontal, and VP of ∼8.2-8.6 km/s in
the vertical directions (Figure B.11). Within these constraints, the thickness of this
layer is ∼3-5 km. Beyond these uncertainties, the merging nature of R0 and R1 at the
∼190-210 km source-receiver offset range disappears (Figure B.12).

R1, R2, and R3 reflections show a quasi-parallel character with each other, which is the
characteristic of two relatively thin, low-velocity layers (Figure 4.5). But the first break
of R1 has a positive polarity with a moderately high amplitude (Figure 4.6c)
suggesting that the material below could be a layer with high velocity. However, AVO
modelling suggests that the moderately high amplitude and positive polarity of R1

within the incident angles of 58◦-70◦ obtained from raytracing is consistent with a low
P-wave velocity layer with VP/VS >>2.5 (Figure 4.7b). We estimate a P-wave velocity
of ∼7.6 km/s for this layer and a thickness of ∼5 km based on raytracing (Figure 4.3b,
c), although there is no strong constraint on the velocity.

The R2 reflection is weak and its first break appears to be blue (negative) (Figure 4.6d)
whereas the first break of R3 is red (positive) (Figure 4.6e). This is consistent from
AVO modelling with a slightly higher or slightly lower VP layer (±0.2 km/s) with a
VP/VS ratio of∼1.85 (Figure 4.7c, d). For example, the data are consistent with the layer
below R3 being regular asthenosphere with VP of 8.1 km/s and VP/VS ∼1.8 [Kennett
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Figure 4.6 (a) Seismic phases observed in the common receiver gather at BFZ station produced using
the airgun shots of SAHKE01 line. (b)-(e) Flattened R0-R3 reflections (left) and the stacked trace (right)
showing the first breaks of the arrivals. First break polarity for R0-R3 are red, red, blue and red, respec-
tively, where red is positive and blue negative polarity.

and Engdahl, 1991] (Figure 4.7e, f). The thickness of this layer between R2 and R3 is
estimated to be ∼3-5 km from raytracing.

The depths, P- and S-wave velocities of the layers defined by the observed wide-angle
reflections are summarised in Figure 4.8. The non-uniqueness of the determined P-
and S-wave velocities in the preferred model could be explored using a grid-search or
optimisation approach to minimise the root mean squared (RMS) amplitudes of the
observed wide-angle reflections and the amplitudes calculated from Zoeppritz
equations for different combinations of velocities in a top-down approach.

4.7 Discussion

Our results suggest the presence of a 3-5 km thick azimuthally anisotropic layer at a
depth of ∼70 km in the lithospheric mantle that overlies a low P-wave-speed layer of
thickness ∼8-10 km (Figure 4.8a, b). The source-receiver raypaths are in the
southeast-northwest direction (Figure 4.1) implying that the top layer has a P-wave
velocity of 9.1-9.5 km/s subparallel to the direction of absolute plate motion [Kreemer,
2009], and a P-wave velocity of 8.2-8.6 km/s in the vertical direction normal to the
direction of absolute plate motion. This layer potentially marks a change in anisotropy
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Figure 4.7 Isotropic and anisotropic P-wave reflection coefficients versus incident angles for (a) R0, (b)
R1, (c) and (d) R2 for two impedances of the layer below R2 and (e) and (f) R3 for two impedances of
the layer above R3 corresponding to (c) and (d). P-wave velocity (VP), S-wave velocity (VS), density
(ρ), and Thomsen’s parameters δ and ǫ [Thomsen, 1986] for each layer are given in the table above each
plot. Green shade indicates the range of incident angles for each wide-angle reflected phase obtained
from raytracing.
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Figure 4.8 (a) Schematic diagram of the lithosphere-asthenosphere boundary zone at the Hikurangi
margin. Dashed rectangle indicates the extents of (b). (b) Interpretation of the observed anisotropic and
low-velocity layers. (c), (d) One-dimensional P- and S-wave velocity models for the section shown in
(b). (1) and (2) indicate the possible VP and VS combinations for the layer between R2 and R3 reflections,
obtained from AVO modelling.
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from strong radial anisotropy [Stern et al., 2020], to azimuthal anisotropy (Figure
4.8b). Below this layer, the parallel moveout of the reflections R1, R2 and R3, and
polarity of reflections, are consistent with the presence of: a ∼5 km thick layer with
low P-wave velocity (7.6 km/s) and a high VP/VS ratio (>>2.5); and a ∼3-5 km thick
layer with slightly lower (7.4 km/s) or higher (7.8 km/s) P-wave velocity and a
regular VP/VS ratio (∼1.85) (Figure 4.8). The higher VP/VS ratio in the upper layer
indicates that it is fluid-rich, containing either melt or volatiles, whereas the relatively
low VP/VS ratio in the lower layer may indicate a relatively lower fluid content. This
8-10 km thick, low VP layer is interpreted to be the lithospshere-asthenosphere
boundary channel of the Pacific Plate as it is consistent with the down-dip extension
of the same channel found by Stern et al. [2015]. This is proposed to be a melt- or
water-rich channel, with low-viscosity and higher strain rates. The depth of this
low-velocity layer also agrees well with the depth to the lithosphere-asthenosphere
boundary channel for a ∼120 Myr old oceanic plate of 70-80 km [Fischer et al., 2010;
Kawakatsu et al., 2009]. Receiver function studies have also found that in the LAB
channel, both P- and S- wave velocities decrease, which is attributed to a melt-rich
channel [e.g. Kawakatsu et al., 2009; Rychert et al., 2010]. Further evidence for the
existence of a melt-rich channel at the base of the lithosphere has come from the
observation of a high-conductivity layer from magnetotelluric data [Naif et al., 2013],
and from ultra-deep multichannel seismic reflection imaging [Mehouachi and Singh,
2018]. Previous controlled-source seismic studies [Mehouachi and Singh, 2018; Stern
et al., 2015], with near vertical reflections detected a low VP layer but did not see
evidence for the thin high VP layer above it. This is explicable with regard to AVO
modelling that predicts only wide-angle reflections will produce reflectivity values
>0.1 for reflections from the top of the anisotropic layer (Figure 4.7b).

Early long-range seismic reflection and refraction studies [Bean and Jacob, 1990; Díaz
et al., 1993; Fuchs, 1979; Hess, 1964; Hirn, 1977; Lund, 1979; Raitt et al., 1971] have also
raised the possibility of high VP, anisotropic layers at depths of 60-100 km in the
upper mantle. Anisotropy detected in these studies are confined to layers that are less
than 5 km thick and are separated by low-velocity layers attributed to be shear zones
[Bean and Jacob, 1990]. Hirn [1977] suggests that a ∼5 km thick anisotropic layer with
a P-wave velocity of 8.5 km/s is located at depths near the lithosphere-asthenosphere
boundary where the differential horizontal motion between the lithosphere and the
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asthenosphere occurs. This zone between the lithosphere and the asthenosphere is the
most long-standing and pervasive shear zone on Earth, which can accumulate large
finite shear strains. Modelling of seismic anisotropy in the upper mantle developed
due to the resistive drag of the sublithospheric mantle [Tommasi, 1998] suggests that
strain is localised in a horizontal shear zone several tens of kilometres thick between
the rigid lithosphere and the asthenosphere. The thickness of the deformed layers
depends on the displacement and the velocity of the plate. For a similar displacement,
faster plates accumulate larger shear strains over thinner and shallower layers
[Tommasi et al., 1996]. For a ∼100 million year old plate moving at a velocity of 30-60
mm/year, similar to the Pacific Plate at the Hikurangi margin, maximum finite shear
strains of 20-25 can be encountered at depths ranging from 40-80 km. However, to
produce the P-wave anisotropy of 13%-15% in the azimuthally anisotropic layer with
P-wave speeds of 9.1-9.5 km/s subparallel to the direction of absolute plate motion,
shear strains of 2%-4% are sufficient [Tommasi, 1998]. The thickness of the deformed
layer at these depths of 40-80 km from forward modelling of seismic anisotropy is
between 10 and 20 km [Tommasi, 1998; Tommasi et al., 1996]. Cooling of the plate with
age induces freezing of the upper part of the deformed layer and the fabric
responsible for the measured anisotropy observed in the oceanic lithosphere is
contained in two distinct layers: a frozen lithospheric layer and an asthenospheric
layer [Tommasi, 1998]. The anisotropic and the low P-wave velocity layers we have
detected in this study are consistent with this frozen lithospheric and asthenospheric
layers. Therefore, we suggest the strong azimuthal anisotropy in the layer above the
LAB channel we have detected in this study is a result of the reorientation of olivine
crystals in response to the strong shearing generated by the differential motion
between the lithosphere and the asthenosphere at the base of the lithosphere. Our
interpretation of the lithosphere-asthenosphere boundary emphasises that it cannot
be simply explained by a low-velocity, melt-rich channel. It is a complex system of
layers which we here term the lithosphere-asthenosphere boundary zone (LABZ).

Our study reflects the importance of using wide-angle seismic reflections to explore
the fine scale structures and anisotropy in the upper mantle. Although passive-source
seismic techniques, like shear-wave splitting are able to detect anisotropy in the
mantle, they are not able to accurately determine the depths and thicknesses of
anisotropic layers, primarily due to the longer wavelengths of the seismic waves used
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and possible contamination from anisotropy in the crust [Savage, 1999]. For example,
receiver function methods are reported to achieve a maximum resolution of ∼11 km
[Rychert et al., 2005]. Multichannel seismic surveys are also incapable of detecting
anisotropic high wave-speed layers as the near-vertical raypaths induce only small
amplitude reflections. But such experiments can identify a low-velocity layer at the
base of the lithosphere [Mehouachi and Singh, 2018]. Therefore, long-range wide-angle
reflection and refraction surveys allow for the detection of fine-scale layering and
anisotropy in the lithospheric mantle more accurately due to the higher frequencies of
the sources used and their precisely known source locations and origin times. In
addition to onshore-offshore seismic surveys, ocean bottom seismic surveys with long
source-receiver offsets and tuned-airgun sources may be a potential candidate in
exploring fine-scale layering and anisotropy at LAB depths.

4.8 Conclusions

Late-arriving, wide-angle reflections in the onshore-offshore data from the southern
Hikurangi margin have enabled us to look at the transition from the lithosphere to the
asthenosphere of the Pacific Plate from a completely different perspective. The
transition zone consists of a ∼3-5 km thick azimuthally anisotropic lithospheric layer
(fast direction subparallel to the direction of absolute plate motion) and ∼8-10 km
thick melt- or fluid-rich channel in the asthenosphere. Large finite shear strains
accumulated due to the differential motion between the lithosphere and the
asthenosphere results in the realignment of olivine crystals responsible for the
interpreted azimuthally anisotropic layer. Our results provide strong evidence to
suggest that the transition does not take place across a single reflector or a
low-velocity channel. Instead, it occurs through a series of layers with contrasting
properties. Therefore, characterising the lithosphere-asthenosphere boundary as a
zone, i.e. the lithosphere-asthenosphere boundary zone (LABZ), seems more
appropriate. Our results also have stressed the importance of using the full spectrum
of controlled-source seismic data in imaging deeper structure of the Earth to obtain a
complete picture of the structure and better understand the geodynamic processes.
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Chapter 5

VP/VS Ratio, Material and Slip-rate Deficit
Variations along Hikurangi Margin Forearc

Abstract

We use mode-converted waves from airgun shots recorded by an array of ocean bottom
seismographs along the Hikurangi margin forearc to estimate average VP/VS ratios of
the material above the subducting crust. The top layer of sediments at the seafloor has
average VP/VS ratios ranging from ∼2.5±1.0 to 6.0±2.5 indicating that they are water-
saturated and unconsolidated. Average VP/VS ratios of the sediments and rocks above
the top of the subducting crust range between 1.55 and 2.25 and show an along-strike
variation. Low-average VP/VS ratios between 1.55±0.08 and 1.78±0.12 are estimated
for a region of higher sedimentary thickness in the southern Hikurangi margin, which
may result in a higher degree of compaction. It is also coincident with the offshore
extension of the Pahau Torlesse Terrane which consists mainly of low-porosity, highly
compacted, Cretaceous greywackes. In contrast, high VP/VS ratios between 1.85±0.10
and 2.22±0.08 are observed in the central and southernmost regions with a relatively
low sedimentary thickness, which may reflect effects of a lower degree of compaction
and lithology. Furthermore, VP/VS ratios show a weak correlation with the slip-rate
deficits on the subduction thrust. Shear-wave splitting results indicate an anisotropy of
∼3.5% localised in the top layer of sediments beneath the seafloor and fast orientations
perpendicular to the plate interface contours suggest stress-aligned fluid-filled cracks.
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5.1 Introduction

Controlled-source seismology has traditionally been focused on developing P-wave
velocity (VP) models of the subsurface, especially because the energy released by a
controlled source contains P-waves. However, in such experiments, P- to S- mode
conversions can occur when the P-waves are obliquely incident on interfaces with a
significant impedance contrast. Yet, it has been a challenge for conventional
multichannel seismic (MCS) reflection surveys to capture such mode-conversions due
to the requirement of a double mode-conversion (from P- to S- and S- to P-) for the
wave to reach hydrophones in the streamer and higher incident angles for efficient
mode-conversion. This limitation can be overcome with the deployment of
multicomponent ocean bottom seismographs (OBS) which record long offset arrivals
(>50 km) and can potentially record both single and double mode-converted waves at
the ocean bottom from airgun sources. Multicomponent OBS experiments have been
successful in deriving the S-wave velocity structure beneath oceans using airgun
sources in different tectonic settings [e.g. Digranes et al., 2003; Eccles et al., 2009; Farfour
and Yoon, 2016; Kodaira et al., 1996; Tsuji et al., 2011].

P-wave velocity models provide useful information about the subsurface, yet they can
often lead to ambiguous interpretations as P-wave velocities can be affected
significantly by the presence of pore water. As S-waves cannot propagate in water,
S-wave velocities (VS) are observed to be even more responsive to changes in porosity,
clay-content and effective stress than P-wave velocities [e.g. Castagna et al., 1985;
Eberhart-Phillips et al., 1989; Lee, 2003]. Therefore, it is often desired to understand the
S-wave velocities in sedimentary environments where the presence of water/fluids
can play a major role in controlling the tectonic behaviour. For example, the presence
of fluids reduces the effective normal stress on faults and thus reduces its frictional
strength [Moreno et al., 2014]. S-wave velocity information is also more important than
P-waves when performing dynamic rupture simulations of earthquakes and
predicting associated ground shaking [e.g. Joyner, 2000; Kaneko et al., 2019].

The ratio of P-wave velocity to S-wave velocity, commonly referred to as the VP/VS ratio,
is an important diagnostic parameter of a rock, which can be estimated using mode-
converted arrivals in controlled-source seismic experiments. The VP/VS ratio is directly
related to the Poisson’s ratio (σ) (Equation 5.1) and can be used to understand the
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porosity, degree of consolidation, clay-content, effective stress, pore geometry and SiO2

content [e.g. Christensen, 1984, 1996; Eberhart-Phillips et al., 1989; Lee, 2003].

σ =
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
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[
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]

2 − 1



 (5.1)

Typically, crystalline rocks and consolidated sediments have VP/VS ratios <1.9 [e.g.
Christensen, 1984, 1996]. In contrast, unconsolidated sediments have VP/VS ratios >2
[e.g. Christensen, 1984, 1996; Zhu et al., 2020] (Figure 5.1).

The Hikurangi subduction margin off the East Coast of the North Island of New
Zealand (Figure 5.2a) displays a significant along-strike variation in
subduction-thrust slip behaviour. The subduction-thrust in the southern Hikurangi
margin is observed to be locked, as indicated by the higher slip-rate deficits and in the
northern Hikurangi margin subduction thrust is observed to be creeping (Figure
5.2b). In addition to this, deep (30-35 km) slow-slip events (SSE) occur in the
southern Hikurangi margin and shallow (5-10 km) SSEs occur in the northern
Hikurangi margin [Wallace, 2020; Wallace et al., 2012a].

This spatial variation is hypothesised to be due to porosity-related variation in
pore-pressure [Bassett et al., 2014; Fagereng and Ellis, 2009; Kaneko et al., 2019; Wallace,
2020; Wallace et al., 2004, 2012a]. High porosity and elevated pore pressures will result
in a lower effective normal stress on the subduction thrust that will facilitate stable
creeping, whereas low-porosity and reduced pore-pressure result in higher effective
normal stresses increasing the frictional strength of the plate interface. These
variations are reflected by VP/VS ratios. Lower VP/VS ratios are expected in locked
regions whereas higher VP/VS ratios are expected in creeping regions of the
subduction interface.

In this study, we identifymode-convertedwaves from airgun shots recorded by an array
of multicomponent ocean bottom seismographs along the Hikurangi margin forearc.
Using these mode-converted waves, we estimate the VP/VS ratios along the forearc to
examine its relationships between material properties and slip-rate deficits at the plate
interface (or plate interface coupling).
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Figure 5.1 Variation of Poisson’s ratio with VP/VS.

5.2 Tectonic Setting

Subduction of the Pacific Plate beneath the Australian Plate is marked by the
Hikurangi subduction margin offshore of the East Coast of the North Island of New
Zealand (Figure 5.2a). The relative plate convergence rates in the northeastern North
Island are 50-60 mm/year and reduce to ∼20 mm/year in the southern North Island
[Wallace et al., 2004]. More than 80% of the relative plate convergence occurs on the
subduction thrust, with the remainder accommodated by folding and reverse faulting
on the upper plate [Wallace et al., 2009, and references therein].

Geodetic modelling during interseismic time periods suggests that the plate interface
in the southern Hikurangi margin is currently locked down to depths of 25-30 km and
accumulates slip-rate deficits of up to∼30 mm/year [Wallace et al., 2004, 2012b] (Figure
5.2b). The accumulated slip-rate deficit may eventually be released in a megathrust
earthquake with Mw>8.0. Slow-slip events are observed at depths of 30-45 km in this
region [Wallace et al., 2004]. In the central and northern segments of the Hikurangi
margin, by contrast, the plate interface is observed to be creeping and shallow slow-slip
events occur at much shallower depths (5-15 km) [Wallace et al., 2012a,b] (Figure 5.2b).
A complex interplay between upper and lower plate structure, subducting sediment,
thermal effects, regional tectonic stress regime, and fluid pressures have been proposed
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Figure 5.2 (a) Tectonic setting around New Zealand. HSM-Hikurangi subduction margin, AF-Alpine
Fault, FSM-Fiordland subduction margin. Black rectangle indicates extents of (b). (b) Locations of the
ocean bottom seismographs (green triangles) along the Hikurangi margin forearc from SHIRE03 profile.
Green contours are slow-slip contours fromWallace et al. [2012a]. Slip-rate deficit values are fromWallace
et al. [2012b]. Black, dashed-line is the Hikurangi trough. Yellow dashed lines indicates the elevation of
the plate interface of Williams et al. [2013].
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to control the extent of the subduction thrust’s seismogenic zone [Wallace et al., 2009].

Furthermore, frontal accretion is observed to dominate in the southern Hikurangi
margin. The accretionary wedge here is characterised by contraction indicated by
folding and the presence of Torlesse Supergroup greywackes from the fossil
Gondwana subduction margin [Bland et al., 2015; Mortimer, 2004]. In contrast, the
central and northern segments of the margin are characterised by backarc extension,
less sediment accretion and subducting seamounts [Barker et al., 2009; Bell et al., 2010].

5.3 Data

The Seismogenesis at Hikurangi Integrated Research Experiment (SHIRE) was
conducted in 2017/2019 as a result of the joint efforts of scientists from New Zealand,
United States, Japan and the United Kingdom. It comprised of the acquisition of both
active- and passive-source seismic data to better understand the subsurface structure
of the Hikurangi margin. Active-source seismic acquisition included the recording of
offshore airgun shots at onshore seismographs and also ocean bottom seismograph
(OBS) deployments along four profiles.

The ∼528 km long “SHIRE03” OBS profile was deployed along the Hikurangi margin
forearc (Figure 5.2b). Forty-nine (49) OBSs were deployed along this profile by R/V
Tangaroa at a ∼10-15 km spacing. The OBSs were provided by Japan Agency for
Marine-Earth Science and Technology (JAMSTEC). These OBSs were
multi-component instruments which included a triaxial, short-period seismograph
(4.5 Hz natural frequency) and a hydrophone (Figure 5.3). The sampling rate was 200
Hz (5 ms) [Barker et al., 2019].

Airgun shots from R/V Marcus G Langseth (MGL) were recorded by the array of OBS
and also by the 12.75 km long streamer array onboard. The MGL acoustic source was
comprised of four gun-strings, each with nine Bolt airguns, towed at 9 m depth. The
airgun source chamber volume was 108 litre (6,600 in3) and was charged to 13.1 MPa
(1900±100 Psi). The airgun shots were spaced at ∼50 m for the southwestern part of
SHIRE03 and at∼150 m for the northeastern end of SHIRE03 [Bangs, 2018; Barker et al.,
2019].
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Figure 5.3 Key components of JAMSTEC OBS instruments. Modified after Barker et al. [2019].

5.3.1 OBS Gathers

OBS gathers, produced by cutting the continuously recorded data on OBSs based on
airgun shot times, were provided by JAMSTEC with separate gathers for the vertical,
two horizontal and the hydrophone components. The record length of a trace in each
gather was 60 sec at a sampling rate of 200 Hz.

5.4 Orienting OBS Horizontal Components

In wide-angle modelling it is useful to look at the radial and transverse components to
identify S-waves. This is because P- and SV-waves are polarised in the radial
component and SH-waves are polarised in the transverse component. In common
practise, the orthogonally fixed horizontal components of a seismograph are used to
rotate the seismograms into radial and transverse components based on the
backazimuth to the source from the seismograph. In onshore deployments, this is
straightforward as the orientation of the horizontal components are known. However,
in the case of ocean bottom seismographs, which are allowed to free-fall onto the
ocean bottom, the orientation of the horizontal components cannot be known without
processing.
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We calculate the orientation of the horizontal components of the triaxial seismograph
(H1, H2) by a hodogram analysis and a polarisation analysis of the direct water arrival
[Eccles, 2008]. The direct water arrival is used as it is not contaminated by any crustal
signature (e.g. anisotropy) [Eccles, 2008]. The angle between positive H1 direction and
the shot line can be calculated by analysing the particlemotion of the directwater arrival
on the horizontal components of the OBS.

The JAMSTEC OBSs used in the experiment employ a right-handed coordinate system
for the gimbal-mounted triaxial seismograph. Upward movement in the vertical
component (Z) results in a positive voltage. Movements in the positive directions of
the H1 and H2 components also result in positive voltages. In the horizontal plane
(assuming that the OBS is placed perfectly level), H1, H2 axes and the shot line are
shown in Figure 5.4.

5.4.1 Hodogram Analysis

A first order approximation of the H1-shot line angle is obtained by a cross plot of the
particle motion of the direct water arrival between the H1 and H2 components. Figure
5.5 shows the particle motion between the H1 and H2 components with sliding time
windows of length 0.2 sec in steps of 0.1 sec, within the offset range of the direct water
arrival. At far offsets of the direct water arrival, the direction of particle motion is the
same as the angle between the respective component and the shot line.

A linear regression analysis of the particle motion of the direct arrival inside a time
window of 0.2 sec centred on the hand-picked direct arrival was carried out. The slope
of the linear regression is equal to the angle betweenH1 and the shot-line (Figure 5.4). A
small but evident asymmetry can be observed in the angles in Figure 5.6 at far negative
and positive offsets. This is due to the deviation of the components from the horizontal
plane and/or offline position of the OBS. At small offsets, the angles also deviate from
those at far offsets due to the effect of small horizontal amplitudes as a result of near
vertical angles of incidence [Eccles, 2008].

5.4.2 Polarisation Analysis

A polarisation analysis of the direct water arrival is used to further ascertain the
orientations of the horizontal components of the OBS [Eccles, 2008] obtained from the
above methods. Polarisation angles are calculated by the eigendecomposition of the
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Figure 5.4 Schematic diagram showing the orientations of the positive axes of the vertical (Z+) and
two horizontal (H1+, H2+) components of an ocean bottom seismograph. Orientations of the positive
directions of radial and transverse axes of the study are also given. α is the angle between the H1+ and
the Radial+ directions.

Figure 5.5 Direct water arrival hodogram of the horizontal components at OBS 309.
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Figure 5.6 Linear regression analysis of the direct water arrival at OBS 309. Hodogram shown in Figure
5.5.

covariance matrix of the three components of the OBS [Flinn, 1965]. This is a 3×3
matrix of cross-correlations between the three components. Eigendecomposition of
this matrix provides the eigenvectors and eigenvalues of an ellipsoid that represents
the trajectory of particle motion in the 3D space.

Considering a horizontal plane, the covariance can be reduced to a 2×2 matrix.
Eigendecomposition of this matrix provides the eigenvectors and eigenvalues of an
ellipse that represents the trajectory of the particle motion on the 2D horizontal plane.
Eigendecomposition of H1 and H2 components in the offset range of the direct water
arrival was conducted within sliding time windows of 50 msec. The polarisation
angles are calculated from the inverse tangent of the corresponding eigenvectors. The
polarisation angle of the direct water arrival is similar to the H1-shot line angle
(Figure 5.7).
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Figure 5.7 Polarisation angles in the horizontal plane determined from the eigendecomposition of co-
variance matrix of the two horizontal components at OBS 309. The polarisation angle of the direct water
arrival is similar to the angle between the H1+ and the shot-line.

5.4.3 Resolving Ambiguity

The angle betweenH1 and the shot line determined from the abovemethods inherently
has an uncertainty of about ±10◦. In addition, the angle also has a 180◦ ambiguity.
To resolve this ambiguity, a further analysis was done by rotating the two horizontal
components into radial and transverse directions using the angle determined from the
linear regression method and its 180◦ ambiguous angle.

Simple algebraic solutions can be obtained for the radial and transverse components
(Equations 5.2 and 5.3) based on the trigonometrical relationships in Figure 5.4.
When the rotation into radial and transverse components has been performed with
the correct angle, particle motion of the direct water arrival in between the radial and
vertical components should have a ”christmas tree” like pattern (Figure 5.8). For
example, the correct angle between H1 and shot line at OBS 309 is -18◦ (Figure 5.9).

Radial = H1 cosα +H2 sinα (5.2)
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Transverse = −H1 sinα +H2 cosα (5.3)

A further check to see if the rotation has been performed properly was done by
plotting the particle motion of the direct arrivals of the vertical, radial and transverse
components (Figure 5.10). When the rotation is correct, particle motion should be
polarised in the radial component, and not in the transverse component (Figure 5.10b,
c).

Using thesemethods, orientations of the horizontal components were calculated (Table
5.1). However, orientations for all OBSs could not be calculated due to lower signal-to-
noise ratio (in some OBSs particularly in the north), shallower water depths and large
offline distances which would not register the direct water arrival as the first arrival.

5.4.4 Rotating to Radial and Transverse Components

After resolving the ambiguity of the orientation of the horizontal components of each
OBS, they were rotated to their radial and transverse components, based on Equations
5.2 and 5.3. Figure 5.11 shows the vertical, radial, transverse and hydrophone compo-
nents for OBS 309.

5.5 Processing OBS gathers

The rotated gathers were processed to increase the signal-to-noise ratio to assist
identify and distinguish between direct and mode-converted arrivals. The processing
was carried out using GLOBE Claritas™ seismic processing software.

A zero-phase, bandpass filter of corner frequencies 2-4-10-15 Hz was applied.
Predictive deconvolution using a filter length of 0.7 sec and a gap length of 0.5 sec was
applied to reduce “ringiness” of the arrivals (Section 2.4.2). Furthermore, runmixing
(Section 2.4.2) was used to boost up the signal-to-noise ratio where weak coherent
signals were observed.

5.6 Identification of Mode-converted Phases

Several types of mode-converted waves can be expected in wide-angle data recorded
by OBSs (Figure 5.13). PSS mode-conversions occur when the P-wave from the airgun
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Table 5.1 Orientations of the horizontal components of OBS stations. H1-shot line angles in degrees for
each OBS. Azimuths of H1 and H2 are in degrees positive clockwise.

OBS Station H1-shotline angle H1 azimuth H2 azimuth
301 46 81 351
302 128 163 73
303 151 186 96
304 136 171 81
305 131 166 76
306 38 73 343
307 -75 320 230
308 -79 316 226
309 -18 17 287
310 -42 353 263
311 131 166 76
312 149 184 94
313 48 83 353
314 -44 351 261
315 66 101 11
316 143 178 88
317 226 261 171
318 218 253 163
319 189 224 134
320 -15 20 290
323 -64 331 241
324 39 74 344
326 231 266 176
327 172 207 117
328 44 79 349
329 -15 20 290
331 53 88 358
337 75 110 20
338 18 53 323
339 54 89 359
340 67 102 12
341 204 239 149
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Figure 5.8 Schematic diagram showing the orientation of the particle motions of the direct arrival in the
radial and vertical (Z) components, when the H1 and H2 components have been rotated to their radial
and transverse components using the correct rotation angle.

shot converts to an S-wave at an interface on its way down, and arrives at the OBS as
an S-wave. PPS mode-conversions occur when a refracted wave from an airgun shot
converts to an S-wave on its way up and arrives at the OBS as an S-wave. A double
mode-conversion referred to as PSP occurs when the downgoing P-wave converts to an
S-wave, refracts as an S-wave, converts again to a P-wave on its way up and arrives as a
P-wave at the OBS (Figure 5.13).

In the rotated radial and transverse components, identification of mode-converted
waves arriving at the OBS stations in Table 5.1 were conducted. For this purpose,
polarisation angles and rectilinearity (ellipticity) of arrivals, linear moveout,
comparison with vertical and hydrophone components were used.

5.6.1 Polarisation Angles and Rectilinearity

As outlined in Section 5.4.2, eigendecomposition of the covariance matrix of the
triaxial seismograph components of the OBS provides eigenvectors and eigenvalues of
an ellipsoid that represents the trajectory of particle motion in the 3D space. The
eigenvectors representing the particle motion along the horizontal components are
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Figure 5.9 Hodograms of radial versus vertical components rotated using (a) H1-shot line angle=-18◦
and (b) H1-shot line angle=162◦. The hodogram that shows particle motion like a ”christmas tree” for
the direct water arrival indicates the correct rotation angle when compared with Figure 5.8. The correct
rotation angle at OBS 309 is -18◦.
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Figure 5.10 Hodograms of (a) radial versus vertical components, (b) transverse versus radial compo-
nents, and (c) transverse versus vertical components after correct rotation at OBS 309. Note the polari-
sation of the particle motion in the radial component than the transverse component.
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Figure 5.11 Common receiver gathers of (a) vertical, (b) radial, (c) transverse and (d) hydrophone
components at OBS 309. Note that the travel-time axes are reduced using a reduction velocity of 7.0
km/s. Identified seismic phases are labelled. Pg-refraction in the upper plate, Po-refraction in the oceanic
crust, Pn-uppermantle refraction, Px mul indicates thewater columnmultiple of the refractions. PPxSb are
the PPS mode-conversions from the refractions at the top-sediment basement interface (subscript ”b”).
PPxSc are the PPS mode-conversions from the refractions at the top of the oceanic crust (subscript ”c”).
x= {g, o, n}. Dashed rectangles indicate sections of each component zoomed in Figure 5.12.
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Figure 5.12 Zoomed sections of vertical, radial, transverse and hydrophone components at OBS 309. See
Figure 5.11 for a description of the identified phases.

Figure 5.13 Schematic diagram showing PSS, PPS and PSP mode-conversions at an interface.
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Linear Moveout

used to calculate the resultant vector in the horizontal plane. The angle between the
vertical component eigenvector and the resultant horizontal vector is a measure of the
polarisation angle in the vertical plane along the shot line. Polarisation angles within
±30◦ indicate strong polarisation in the vertical component and such arrivals are more
likely to be incoming P-waves, either primary arrivals or water column multiples.
Polarisation angles approaching ±90◦ indicate strong polarisation in the horizontal
plane, and they are more likely to represent incoming S-waves. This is particularly
useful in distinguishing PPS mode-conversions (Figure 5.14a), as both SH and SV

waves are likely to be polarised along the horizontal plane due to the near vertical
raypaths (Figure 5.13).

The ellipticity of the particle motion can be calculated from the square root of the ratio
of the largest eigenvalue to the second largest eigenvalue [Flinn, 1965]. Rectilinearity
of the particle motion is defined as 1 - ellipticity [Perelberg and Hornbostel, 1994]. Since
incoming P-waves to theOBS display a linear particlemotion, first arriving P-waves and
their multiples can be identified based on the degree of rectilinearity of arrivals (Figure
5.14b).

Polarisation angles in the vertical plane and rectilinearity of arrivals for sliding
windows of length 100 msec with a step of 50 msec were calculated to distinguish
between direct arrivals, water column multiples and mode-conversions (Figure 5.14).

5.6.2 Linear Moveout

Application of a linear moveout flattens out refracted arrivals from a layer whose
velocity is equal to the linear moveout velocity. This is particularly useful in
identifying PSS and PSP mode-conversions whose gradients in a travel-time versus
offset plot are inversely proportional to the S-wave velocity of the refracting layer. This
helps in differentiating P-wave arrivals based on the refracting velocity.

5.6.3 Comparison with Hydrophone Component

The OBSs used in the study are equipped with a hydrophone that resides in the water
column. As S-waves cannot propagate in water, S-waves arriving at the OBS will not be
recorded by the hydrophone component. Therefore, comparing the phases observed in
the hydrophone component with potential S-wave arrivals in horizontal components
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Figure 5.14 Polarisation angles and rectilinearity of the arrivals at OBS 309 overlain on the radial compo-
nent gather with the travel-time axes reduced at 7.0 km/s. Observed P and PPS phases are labelled.
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5.7. Identified Mode-converted Phases

helps to rule out any ambiguities with P-waves and water column multiples. This is
very useful in confirming PSS and PPS mode-conversions (Figure 5.12).

5.7 Identified Mode-converted Phases

A number mode-converted phases are identified in the radial component of OBS
stations between 301 and 328 (Figure 5.2b). At other stations where the horizontal
components could be oriented, gathers were noisy and therefore mode-converted
waves could not be identified (Figure C.1).

From the identified mode-converted arrivals, the majority are PPS type converted
phases (Figures 5.11, 5.12, 5.15, 5.16, 5.17 and 5.18). Some likely PSS phases can be
observed, but were not used for further analysis as they could not be confirmed to be
real PSS phases.

5.7.1 PPS Mode-converted Phases

PPS phases are those where the upgoing P-wave after refraction through a particular
layer is converted to an S-wave at an interface. In a travel-time versus offset plot, these
phases are parallel to its corresponding direct (unconverted) P-wave arrival and have a
time-lag representative of the difference between P-wave velocity and S-wave velocity
between the converting interface and the OBS station (Figure 5.19).

PPS phases are identified for all primary refracted phases and the conversions occur at
the sediment-basement interface and the top of the oceanic crust. Thematerial on either
side of these interfaces are likely to have contrasting physical properties (e.g. density, P-
and S-wave speeds), thereby facilitating effective P- to S- and S- to P- conversion (Figure
5.20).

The following PPS converted phases are observed in the radial components of the OBS
stations.

• PPgSb - Upgoing Pg to S at the base of top sediments

• PPoSb - Upgoing Po to S at the base of top sediments

• PPnSb - Upgoing Pn to S at the base of top sediments

• PPoSc - Upgoing Po to S at the top of oceanic crust
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Figure 5.15 Common receiver gathers of (a) vertical, (b) radial, (c) transverse and (d) hydrophone
components at OBS 301. Note that the travel-time axes are reduced using a reduction velocity of 7.0 km/s.
Identified seismic phases are labelled. Pg-refraction in the upper plate, Po-refraction in the oceanic crust,
Pn-upper mantle refraction, Px mul indicates the water column multiple of the refractions. PPxSb are the
PPS mode-conversions from the refractions at the base of the top-sediments (subscript ”b”). PPxSc are
the PPS mode-conversions from the refractions at the top of the oceanic crust (subscript ”c”). x= {g, o,
n}. Dashed rectangles indicate sections of each component zoomed in Figure 5.16.
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Figure 5.16 Zoomed sections of vertical, radial, transverse and hydrophone components at OBS 301. See
Figure 5.15 for a description of the identified phases.

• PPnSc - Upgoing Pn to S at the top of oceanic crust

The first subscript in the phases identified indicates the direct phase being converted to
an S phase (e.g. “g” for refraction in the upper crust, “o” for refraction in the oceanic
crust and “n” for upper mantle refraction). The second subscript indicates the interface
at which the conversion occurs (e.g. “b” for the base of top sediments, “c” for top of
oceanic crust).

5.8 Average VP/VS Estimation from PPS Mode-converted Phases

PPS mode-conversions can be modelled using conventional raytracing methods [e.g.
Kandilarov et al., 2015;Peacock et al., 2010]. However, raytracing requires a priori estimates
of the P-wave velocity and interface structure and is more convenient when good ray
coverage from PSS and PSP mode-conversions is available.

PPS mode-conversions can be used to estimate the average VP/VS ratio between the
OBS and the conversion interface using the analytical expression of Tsuji et al. [2011]
(Equation 5.4), which assumes that both direct P and PPS mode conversions have the
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Figure 5.17 Common receiver gathers of (a) vertical, (b) radial, (c) transverse and (d) hydrophone
components at OBS 327. Note that the travel-time axes are reduced using a reduction velocity of 7.0 km/s.
Identified seismic phases are labelled. Pg-refraction in the upper plate, Po-refraction in the oceanic crust,
Pn-upper mantle refraction, Px mul indicates the water column multiple of the refractions. PPxSb are the
PPS mode-conversions from the refractions at the base of top sediments (subscript ”b”). PPxSc are the
PPS mode-conversions from the refractions at the top of the oceanic crust (subscript ”c”). x= {g, o, n}.
Dashed rectangles indicate sections of each component zoomed in Figure 5.18.
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Calculating ∆T

Figure 5.18 Zoomed sections of vertical, radial, transverse and hydrophone components at OBS 327. See
Figure 5.17 for a description of the identified phases.

same near-vertical raypaths. The error due to this assumption in the estimated VP/VS

is <2.5% (assuming the crustal structure in Figure 5.20b) and thus can be considered
negligible.

V P
V S

=
2∆T + (T P − T Psf)

(T P − T Psf)
(5.4)

Here, ∆T is the travel-time lag of the PPS phase with the P-phase. TP is the zero-offset
travel-time of the reflected wave from the converted horizon and TPsf is the zero offset
two-way travel-time of the seafloor reflection in the coincident multichannel seismic
reflection image.

5.8.1 Calculating ∆T

The travel-time lag (∆T) is the difference between the travel-times of the PPS phase and
its corresponding P phase (Figure 5.19b). For this, the travel-times of the P-waves and
the PPS phases are picked. However, the pick error of the travel-times of the converted
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Figure 5.19 (a) Subsurface layers and the possible PPS converted arrivals and their conversion interfaces.
(b) Travel-time versus offset plot for the observed direct, first arriving refracted P-wave arrivals and
subsequent PPS arrivals.

phases could be as high as ∼0.15 sec, which would introduce higher uncertainties in
the estimated average VP/VS ratios (Equation 5.4).

Therefore, to clearly identify and pick the onset of the PPS phase, a one-secondwindow
centred around the P-phase arrival of the vertical component is cross-correlated with
a one-second window centred around the PPS phase in the radial component. This
is applied for all the traces in the vertical and radial components where both P and
PPS phases are identified. Travel-time lags are calculated when the cross-correlation
coefficient is greater than 0.75 and the corresponding time-shift is within the highest
pick uncertainty of ∼0.15 sec (Figures 5.21, 5.22). The mean travel-time lag is taken
from all the cross-correlations for a particular PPS conversion.
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Figure 5.20 (a) P- to S- transmission coefficients calculated from Zoeppritz equations for upgoing (solid
lines) and downgoing (dashed lines) incident plane P-waves with a unit magnitude at interfaces in (b).
Shaded sections in the solid curves indicate the range of incidence angles for P- to S- conversion of re-
fracted wave in the layer beneath that interface.

Figure 5.21 (a) Vertical and (b) radial component traces showing the travel-time lag between the first
arriving Po phase and the PPoSb converted phase. Continuous black line indicates the travel-time pick
of the PPS phase. Dashed black line indicates the travel-time pick arrival of the PPS phase from cross-
correlation.
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Figure 5.22 (a) Vertical and (b) radial component traces showing the travel-time lag between the first
arriving Po phase and the PPoSc converted phase. Continuous black line indicates the travel-time pick
of the PPS phase. Dashed black line indicates the travel-time pick arrival of the PPS phase from cross-
correlation.

5.8.2 Calculating TP and TPsf

Equation 5.4 requires two other parameters to calculate average VP/VS, TP and TPsf.
These values are usually obtained from multichannel seismic reflection data by
comparing with the radial component OBS gather [e.g. Tsuji et al., 2011].

However, in this study, it was not possible to obtain TP from MCS reflection data for
the following reasons. It is difficult to correlate a particular horizon in the MCS
reflection data with a refracted phase when the phase is observed at far offsets and is
non-linear due to the presence of seafloor topography. Sometimes deeper horizons,
where conversions occur, are not observed in the MCS reflection data.

For PPxSb phases (x=g, o, n), where the conversion is assumed to occur at the base of
top sediments, TP was taken from the most prominent horizon beneath the OBS station
(Figure 5.23). To calculate TP for the PPxSc phases (x=o, n), we assume that the top
of the oceanic crust, i.e. the converting interface, could be located at 0, 1 and 2 km
deeper than the plate interface of Williams et al. [2013]. This assumption is based on
the fact that such depths are observed to the top of the subducting crust from the plate
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Figure 5.23 Multichannel seismic reflection image along SHIRE03 OBS profile. Yellow squares indicate
the two-way travel-time to the sediment-basement interface, with approximate errors. Red, blue and
green dashed lines indicate two-way travel-times of the horizons at depths of 0 km, 1 km and 2 km,
respectively from the plate interface model of Williams et al. [2013] calculated from the VP model.

interface in the controlled-source seismic studies in the region [e.g. Bland et al., 2015;
Henrys et al., 2013]. The two-way travel-time to these interfaces beneath each OBS are
calculated (Figure 5.23) using the VP model derived from the tomographic inversion of
first arrivals along the SHIRE03 OBS profile [Bassett et al., 2018].

Two-way travel-time of the seafloor reflection (TPsf), at each OBS location was
determined from the MCS reflection section (Figure 5.23), assuming that deviation of
the OBS station from the MCS line is negligible.

Uncertainties in VP/VS are estimated using error propagation based on Equation 5.4, in
which the error in ∆T is the standard deviation of the travel-time delays calculated for
all the traces. Error in TPsf is 0.1 sec, which is the pick uncertainty of the ocean bottom
in the MCS reflection data (Figure 5.23). Error in TP for the base of the top sediments
(PPxSb phases) estimated by visual inspection of the MCS reflection data (Figure 5.23).
Error in TP for the top of the Hikurangi Plateau crust (PPxSc phases) is assumed to be
0.2 sec to account for an uncertainty of±1 km in the depth to the top of the subducting
crust.

Using this approach, the average VP/VS ratio for: (1) top sediments and; (2) entire
forearc sedimentary section overlying the top of the subductingHikurangi Plateau crust
were calculated for the OBS stations from 301 to 328 (Figure 5.24).
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Figure 5.24 (a) P-wave velocity model along Hikurangi margin forearc [Bassett et al., 2018]. Yellow
dashed line indicates the base of the top layer of sediments. Red, blue and green dashed lines indicate the
depths of 0 km, 1 km and 2 km, respectively from the plate interface model of Williams et al. [2013]. (b)
Average VP/VS ratio for the top layer of sediments beneath the seafloor. (c) Average VP/VS ratio for the
sediments and rocks above the top of the oceanic crust for different depths of the top of the oceanic crust
from the plate interface model of Williams et al. [2013] (red=0 km, blue=1 km and green=2 km). VP/VS
ratio for ”mudrock” [Castagna et al., 1985] is calculated using the average P-wave velocity between ocean
bottom and the top of the Hikurangi Plateau crust in (a). (d) Variation of sedimentary thickness above
the subducting crust (dashed lines colour-coded similar to (a)) and slip-rate deficit (pink) [Wallace et al.,
2012b] along the model.
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5.9. Shear-wave Splitting

5.9 Shear-wave Splitting

Shear-wave splitting is widely used to assess seismic anisotropy in the Earth. It is
based on the observation that when a shear-wave enters an anisotropic medium, it
splits into two separate waves, one which travels faster and the other slower [Savage,
1999; Stein and Wysession, 2003]. The faster wave is polarised parallel to the fast
direction and leads the orthogonal slow wave. Shear-wave splitting can be used to
calculate the fast polarisation direction (φ) and the delay time (dt), which can then be
used to infer tectonic processes, such as deformation or state of stresses in the region.
In addition to this, shear-wave splitting can provide insights as to whether the
determined VP/VS ratios are influenced by anisotropy.

Shear-wave splitting has been widely used with SKS phases in assessing the
anisotropic nature of the upper mantle [Gledhill and Gubbins, 1996; Savage, 1999; Silver
and Chan, 1988]. Crustal anisotropy using local earthquakes has also been assessed in
a variety of tectonic settings [e.g. Crampin, 1990; Graham et al., 2020; Savage et al., 2010;
Zal et al., 2020]. Shear-wave splitting has also been used to measure anisotropy with
mode-converted phases in controlled-source seismic data, specially PPS phases [e.g.
Kandilarov et al., 2015; Peacock et al., 2010; Pulford et al., 2003; Tsuji et al., 2011]. However,
most of these studies use hodogram analyses to estimate φ and dt.

In this study, we take a different approach to calculate φ and dt using the observed
PPS phases. We employ the fully automated MFAST package [Savage et al., 2010]. It
implements a multiple window and multiple filter splitting technique to calculate φ
and dt (Figure 5.25). To increase the signal-to-noise ratio, 10 sec long stacked radial
and transverse traces are produced by summing the traces using the PPS arrival time
as the reference point for the summation. Multiple bandpass filters between 1-12 Hz,
1-14 Hz, 1-16 Hz were employed.

MFAST calculates splitting parameters only when the signal-to-noise ratio is greater
than a given threshold (2 in this case), and calculates splitting parameters over 75
windows with different start and end times. The best-fit from all the windows is
determined from a cluster analysis and grading results based on the signal-to-noise
ratio, uncertainty, distinctiveness of the cluster, and whether the measured parameters
are a null measurement [Savage et al., 2010] (Figure 5.25). Adhering to these criteria, φ
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and dt could be calculated only at a few stations (Figure 5.27).

5.10 Results and Discussion

5.10.1 Average VP/VS Ratio from PPS Phases
5.10.1.1 Top Sediments of the Hikurangi Forearc

Average VP/VS ratios ranging from ∼2.5±1.0 up to ∼6.0±2.5 are estimated for the
seafloor sediments (Figure 5.24b). Uncertainties in the average VP/VS ratios are fairly
high as a higher error in the determination of TP is incorporated in to the calculation.
The thickness of these sediments is variable between the seafloor and the horizon
showing a clear impedance contrast beneath the seafloor in the MCS section (Figures
5.23 and 5.24a). These high VP/VS ratios indicate that these sediments are
unconsolidated and water-saturated. Based on the empirical relationships of Castagna
et al. [1985] between porosity and clay content with VP/VS ratio, these values are
consistent with sediments whose porosity can vary from ∼20% up to ∼55% for clay
contents varying from 0% to 100% (Figure 5.26).

Similarly, high average VP/VS ratios of∼5-10 are reported for the sediments in Cascadia
basin on top of the incoming Juan de Fuca Plate [Zhu et al., 2020]. Tsuji et al. [2011] also
reports average VP/VS ratios of 2.5-3.5 fo the top sediments at Nankai margin.

5.10.1.2 Sedimentary Section above the Subducting Hikurangi Plateau Crust

Average VP/VS ratios of the sedimentary section above the top of the subducting
Hikurangi Plateau crust range from from ∼1.60±0.06 to ∼2.4±0.09 with local
variations (Figure 5.24c), when the converting interface (i.e. top of the Hikurangi
Plateau crust) is at the plate interface of Williams et al. [2013]. When the depth to the
converting interface increases by 2 km, the average VP/VS ratios decrease by a
maximum of ∼0.2.

The following discussion is based on the average VP/VS ratios calculated with the
converting interface at a depth of 2 km from the plate interface model of Williams et al.
[2013] as similar depths are reported for the top of the Hikurangi Plateau crust from
the plate interface in the MCS reflection images [e.g. Bland et al., 2015].

In between OBS 301 and 307 (Region 1 in Figure 5.24c), average VP/VS varies between
∼1.75±0.11 and 2.10±0.08with an average of 2.00. It reflects the presence high-porosity
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Figure 5.25 Shear-wave splitting result at OBS 309 from MFAST. (a) Radial (r), transverse (t) and verti-
cal (z) components bandpass filtered at 1-16 Hz. Vertical black line is the S-wave arrival. Dashed lines
indicate the minimum start and maximum end times. Gray shaded region is the window of the final
measurement. (b) Normalised radial and transverse waveforms and radial and transverse waveforms
corrected for splitting. (c) φ and dt result for each window. Cross indicates the final result. (d) Clus-
tering of best results in phi, dt space. Cross indicates the final result. (e) Top plots indicate the match
between slow and fast waveforms before and after splitting. Bottom plots show the particle motion be-
fore and after splitting. (f) Clustering of best measurement with contour of the smallest eigenvalue of
the covariance matrix for final result. Cross mark indicates the final result.
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and potentially water-saturated material (Figure 5.24c). This region is closer to the
deformation front (Figure 5.2b) and the high VP/VS ratios may be due to the lower
thickness of the sedimentary section overlying the subducting crust, resulting in less
compaction (Figure 5.24d).

In between OBS 309 and 315 (Region 2 in Figure 5.24c), average VP/VS is
comparatively low (∼1.55±0.08 to 1.78±0.12) with an average VP/VS of 1.67. These
estimates fall close to the empirically derived VP/VS ratio for “mudrock”, which is
defined as a clastic silicate rock comprised of clay- or silt-sized particles [Castagna
et al., 1985] (Figure 5.24c). These VP/VS ratios are also consistent with SiO2 rich,
water-saturated, consolidated sediments with clay contents ranging from 0% to 30%
and porosity <30%, which are subjected to higher differential stresses [Lee, 2003]. The
low porosity, low clay content (high SiO2 content) may highlight the presence of
Cretaceous greywackes, possibly an offshore extension of the Pahau Torlesse Terrane
found onshore in the southeastern North Island [Mortimer, 2004]. This is further
corroborated as the VP/VS estimates from this study are comparable with those of the
Pahau Terrane (VP/VS<1.80) as well as the Rakaia Terrane west of Pahau
(VP/VS∼1.65-1.80) [Eberhart-Phillips et al., 2005], which are found to be lithologically
similar [Mortimer, 2004]. However, the Rakaia Terrane is thought to be impermeable
and therefore is suggested to be the cause of deeper down-dip plate interface locking
[Reyners and Eberhart-Phillips, 2009]. These compacted and lithified sandstones have
characteristic VP/VS ratios similar to metagreywackes (1.711-1.748) at 200-1000 MPa
[Christensen, 1996], which further confirms the low-porosity. In addition, the higher
thickness of the sedimentary section in this region (Figure 5.24d) may increase the
degree of compaction, which may also contribute to the lower VP/VS ratios. This
region also shows a highly reflective lower crust of the forearc capped by a high
amplitude laterally contiguous reflector (Figure 5.23). This highly reflective forearc
region has also been interpreted as the Pahau Torlesse Terrane [Mountjoy and Barnes,
2011].

From OBS 315 to 316, VP/VS ratio increases rapidly from ∼1.56±0.09 to ∼2.17±0.08.
It varies between ∼1.84±0.07 and ∼2.22±0.08 between OBS 316 and 328 (Region 3 in
Figure 5.24c) with an average of ∼2.08. In addition, material in this region has lower
sedimentary thicknesses (Figure 5.24d) and reduced P-wave velocities, indicated by the
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down-warping of velocity contours in the P-wave velocity model (Figure 5.24a). The
high VP/VS ratios cannot be explained by the mudrock line (Figure 5.24c), and clearly
reflect the presence of compositionally different sediments to those in the immediate
southwest. If porosity alone is used to explain the highVP/VS ratios here, it corresponds
to a porosity of∼40-45%. However, with increasing clay-content, the porosity required
to explain the high VP/VS ratios decreases to ∼5% at 100% clay content (Figure 5.26).
On the other hand, according to Lee [2003], the high VP/VS ratios are also consistent
with water-saturated, unconsolidated sediments with 0%-30% clay content and 20-40%
porosity and subjected to lower differential stresses.

5.10.2 Anisotropy and VP/VS Ratios

Shear-wave splitting results using PPS phases converted at the base of the top layer of
sediments and the top of the oceanic crust of the Hikurangi Plateau indicate similar
results (Figure 5.27). Fast shear-wave polarisation azimuths are nearly
margin-perpendicular except at OBS 309, which is subparallel to the margin (Figure
5.27a). The margin-perpendicular fast azimuths may indicate the stress state within
the forearc, potentially due to plate convergence indicated by similarly oriented
maximum horizontal compressive stress (SHmax) in this region [Evanzia et al., 2017;
Hirschberg et al., 2019; Townend et al., 2012]. However, with the few shear-wave
splitting measurements made at only seven OBS stations, it is difficult to reach a firm
conclusion regarding the origin of anisotropy. Similar margin-perpendicular fast
orientations are reported in the northern Hikurangi margin which are suggested to be
a result of closing microcracks due to plate convergence [Zal et al., 2020].

Figure 5.26 VP/VS variation with porosity and clay content for (a) non-porous, sand and clay mixtures,
(b) clean sand (i.e. no clays) and (c) porous, sand and clay mixtures, based on empirical relationships
of Castagna et al. [1985].

121



VP/VS Ratio, Material and Slip-rate Deficit Variations along Hikurangi Margin Forearc

PPS phases converted at the top-sediment basement (PPxSb), and the top of the
subducting crust (PPxSc) indicate coherent delay-times of ∼0.07-0.12 sec (Figure
5.27b). Typically, we would expect to see higher delay-times for PPxSc phases than
PPxSb phases due to the longer travel-path in the former. Except for OBS stations 309
and 315, PPxSb shows lower delay-times of ∼0.07 sec (OBS 313 and 316) than PPxSc

phases (OBS 303, 310 and 328) which have higher delay-times of ∼0.08 to 0.12 sec.
The similarity of delay-times suggests that the waves have been split in the last
segment of their travel-paths (e.g. at the base of the top layer of sediments which is at
a depth of ∼1-2 km from the seafloor). Delay-time of ∼0.1 sec for a travel-path of
∼10-13 km for PPxSc (average VS=2.0 km/s) phases represent an anisotropy of only
∼1.6-2.0%. However, the likely source of anisotropy here is due to a shorter
travel-path of ∼2 km. This represents an anisotropy of ∼3.5% (average VS=0.7 km/s)
for a delay-time of ∼0.1 sec [Silver and Chan, 1988]. A similar localisation of P-wave
anisotropy (>2%) near active faults within the top 3-4 km beneath the seafloor is
observed in the northern Hikurangi margin [Arai et al., 2020].

Because the anisotropy ismainly confined to the upper∼2 km, it is therefore reasonable
to say that the average VP/VS ratio of the sedimentary section above the subducting
crust estimated in this study are not affected by anisotropy.

5.10.3 Average VP/VS Ratio, Lithology, Sedimentary Thickness and Slip-rate
Deficit Variations

Along the Hikurangi margin forearc, three regions with distinct average VP/VS ratios
for the sedimentary section above the subducting crust can be identified (Figure
5.24c), which suggest the presence of compositionally different material and
variations in porosity and/or pore-pressure. These three regions occupy areas of
distinct sedimentary thicknesses above the subducting crust (Figure 5.2d) and distinct
slip-rate deficits on the subduction thrust (Figure 5.2b, d). Higher average VP/VS

ratios are observed where there the sedimentary thickness and slip-rate deficit are
low, whereas lower average VP/VS ratios are observed in the region with the highest
sedimentary thickness and slip-rate deficit (Figure 5.24c, d). Average VP/VS ratios
show a similar variation to the sedimentary thickness (Figure 5.24c,d). However, the
slip-rate deficits do not show rapid changes similar to the VP/VS across the adjacent
regions (Figure 5.24c,d). This could be due to the onshore geodetic measurements
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Figure 5.27 (a) Fast shear-wave polarisation azimuths. (b) Delay-times from PPxSb phases (red) and
PPxSc phases (blue).
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resulting in a lower spatial resolution of the determined slip-rate deficits offshore
[Wallace et al., 2012b], or sharp changes in material properties reflected by the average
VP/VS across these regions may result in gradual changes in the slip-rate deficits. This
correlation in VP/VS with slip-rate deficit is also observed to match with VP/VS ratios
obtained with adjoint tomographic inversions [Chow et al., 2020].

It is not clear on the extent to which the average VP/VS ratios between the seafloor and
the top of the subducting crust can explain the slip-rate deficit on the subduction
thrust. Nevertheless, it appears that the combined effects of sediments thickness and
lithology (porosity) are reflected in the estimated average VP/VS ratios. Variations in
these parameters may have influenced the effective normal stresses on the subduction
thrust. More specifically, a combination of a thicker sedimentary section and
low-porosity greywackes of the Pahau Torlesse Terrane may be the contributing
factors for the high slip-rate deficits offshore the southeastern North Island (Figure
5.2b). In contrast, a relatively thinner sedimentary section and the consequent
water-saturated porosity and elevated pore-pressures in the sediments of the
segments to the southwest and northeast of the strongly coupled plate interface may
contribute to low slip-rate deficits. Our interpretation is also consistent with that of
Bassett et al. [2014], who suggest that the contrast in P-wave velocities they observe
between the southern (VP=5.0±0.2 km/s) and northern (VP=3.5-4.5±0.1 km/s)
Hikurangi margin forearc sediments reflects higher effective stress levels transmitted
through the rock framework. They propose that pore space and conduits are more
likely to be localised on faults or sand layers in the southern Hikurangi margin, while
in the north, high fluid pressures are maintained by a large fluid inventory from
subducting sediment and a pore-space geometry characterised by pervasively
fractured rock and mudstone.

5.11 Conclusions

From the VP/VS ratios and shear-wave splitting parameters estimated along the Hiku-
rangi margin forearc we conclude:

1. The top layer of sediments at the ocean bottom along the Hikurangi margin
forearc are unconsolidated and water-saturated, indicated by high average
VP/VS between ∼2.5±1.0 and ∼6.0±2.5.
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2. Anisotropy (∼3.5%) is localised in the top layer of sediments beneath the
seafloor, with the fast axes oriented perpendicular to the plate interface
contours, suggesting stress-aligned fluid-filled cracks control the anisotropy.

3. Average VP/VS ratios of the sedimentary section above the subducting crust vary
between ∼1.55±0.08 and ∼2.22±0.08.

4. Average VP/VS ratios of the sedimentary section above the subducting crust
show a correlation with the sedimentary thickness, but a weak correlation with
slip-rate deficits. Higher VP/VS ratios are associated with regions of low
sedimentary thickness and lower slip-rate deficits where shallow slow slip
occurs. Lower VP/VS ratios are associated with region of higher sedimentary
thickness and higher slip-rate deficits. However, the slip-rate deficits do not
change rapidly as the VP/VS ratios.

5. Thicker sediments and rocks above the subduction thrust with higher slip-rate
deficits have lower average VP/VS ratios (∼1.55-1.78), indicating the presence of
low-porosity sediments, most likely to be Torlesse Terrane greywackes.

6. Relatively thinner, sediments and rocks above the subduction thrust with low
slip-rate deficits have higher average VP/VS ratios (∼1.85-2.22), indicating the
presence of high-porosity and water-saturated sediments.
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Chapter 6

Thesis Summary

6.1 Synthesis

The Hikurangi subduction margin in New Zealand is characterised by along-strike
variations in subduction-thrust slip behaviour and the subduction of an oceanic
plateau. A better understanding of the lithospheric structure at the Hikurangi margin
is important from a seismic hazard perspective and to improve our understanding of
an oceanic plateau, dynamics associated with its subduction and plate tectonics in
general.

In this thesis, we explored the offshore lithospheric structure of the Hikurangi margin
using controlled-source seismic data acquired during two major experiments, SAHKE
and SHIRE. Here, we summarise the findings from the top of the lithosphere, i.e. the
top of the overriding Australian Plate down to the base of the subducting Pacific Plate,
and their significance in a regional and global context.

Onshore-offshore seismic data from SAHKE, constrains the P-wave velocity structure
of the overriding Australian Plate in a swath perpendicular to the southern Hikurangi
margin. P-wave velocities and the thickness of the overriding plate vary from the
trough to further down-dip of the subduction zone, and therefore provide insights
into the composition and structure of the accretionary wedge. Our estimates on the
P-wave velocities and structure of the forearc wedge are similar to other studies in the
southern Hikurangi margin [e.g. Bassett et al., 2014; Henrys et al., 2013]. However,
results from the double-sided onshore-offshore SHIRE transect indicate contrasting
P-wave velocities and structure of the forearc wedge in the north. Here,
P-wave-speeds are slower and the plate interface dips steeper [Luckie et al., 2020]. This
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is further corroborated by modelling onshore-offshore data along the forearc wedge
[Bassett et al., 2014]. We estimated the VP/VS ratios along the Hikurangi margin
forearc using mode-converted phases observed in the ocean bottom seismograph data
from SHIRE. The results demonstrate the relationships between VP/VS ratios, crustal
composition and slip-rate deficits on the subduction thrust along the Hikurangi
margin forearc. A similar VP/VS variation along the Hikurangi margin is observed
from adjoint tomography [Chow et al., 2020]. Our results are analogous to other
subduction margins which display variations in plate interface locking and VP/VS

ratios [e.g. Moreno et al., 2014].

Onshore-offshore seismic data from SAHKE further provided constraints on the
P-wave velocity structure of the subducting Pacific Plate, which contains the
Hikurangi Plateau. Here we constrained the crustal thickness of the Hikurangi
Plateau. Our estimates on crustal thickness (12±2 km) are consistent with studies in
the southern [Henrys et al., 2013; Tozer et al., 2017] and northern Hikurangi margin
[Luckie et al., 2020]. On a global context, the Hikurangi Plateau crust is thinner than
most other oceanic plateaus. We confirmed the existence of fast upper mantle
P-wave-speeds (∼8.7 km/s) along margin-perpendicular azimuths, suggesting that
the upper mantle has high P-wave-speeds along all azimuths. Similar high upper
mantle P-wave-speeds reported for the Ontong-Java and Manihiki Plateaus provide
evidence for their association with the Hikurangi Plateau as a single super-plateau
[Furumoto et al., 1976; Hochmuth et al., 2019; Stern et al., 2020; Taylor, 2006]. We also
detected low P-wave-speed zones in the crust and the upper mantle beneath the
Hikurangi trough, which extends down to depths of ∼50 km in the upper mantle. It is
interpreted as an example for the subduction-related hydration of an older plate
(>100 Myr) with thick crust. We also investigated the origin of a series of wide-angle
reflections observed in the same onshore-offshore seismic data, which we interpret as
reflections from the lithosphere-asthenosphere boundary zone. Here we find
evidence for the existence of an azimuthally anisotropic layer with its fast axis
subparallel to the direction of absolute plate motion. It overlies a fluid- or melt-rich,
low-velocity channel, which we interpret as the lithosphere-asthenosphere boundary
(LAB). The LAB is proposed to be a low-velocity, melt-rich channel by both passive-
and controlled-source methods beneath the southern North Island of New Zealand
[Stern et al., 2015] and elsewhere [e.g. Fischer et al., 2010; Kawakatsu et al., 2009;
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Mehouachi and Singh, 2018; Rychert et al., 2010]. But the previous studies did not detect
the presence of an anisotropic layer above the low-velocity channel. This fine-scale
structure of the LAB zone reveal the footprints generated by tectonic plate movement
and is key in advancing our knowledge of plate tectonics.

Thus, in summary, the key discoveries on the lithospheric structure at the Hikurangi
margin from this thesis are:

1. A 12 km thick Hikurangi Plateau crust

2. High upper mantle P-wave-speeds (∼8.7 km/s) of the Hikurangi Plateau

3. Relationships between VP/VS ratio, composition of the upper plate and slip-rate
deficits on the subduction thrust along the Hikurangi margin forearc

4. Hydration of the crust and upper mantle of the Hikurangi Plateau beneath the
trough

5. A more structured lithosphere-asthenosphere boundary zone than previously
thought

Next, we answer the questions posed in Section 1.2 of the thesis. We also discuss the
drawbacks and limitations in each chapter and provide suggestions and directions for
future research.

6.2 Research Questions

6.2.1 Chapter 3 -Hydration of theCrust andUpperMantle of theHikurangi Plateau
as it Subducts at the Southern Hikurangi Margin

In this chapter, we constrained the crustal and upper mantle structure at the
Hikurangi margin along two, single-sided onshore-offshore transects. The research
questions posed in this chapter and the answers for those questions revealed from the
study are given below.

1. What is the crustal thickness of the Hikurangi Plateau? Is it consistent with
estimates from other studies nearby?

From onshore-offshore seismic data, the crustal thickness of the Hikurangi
Plateau in the southern Hikurangi margin is estimated to be ∼12±1 km. This is
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consistent with nearby controlled-source seismic experiments [e.g. Henrys et al.,
2013; Mochizuki et al., 2019; Tozer et al., 2017].

2. Is there evidence for anomalously fast upper mantle P-wave-speeds offshore
Hikurangi margin?

Onshore-offshore common receiver gathers show refracted arrivals with
apparent P-wave velocities >9 km/s which transitions into an upper mantle
layer with a P-wave velocity of ∼8.7±0.2 km/s at a depth of ∼50±2 km in the
subducting Pacific Plate. The source-receiver azimuths are margin
perpendicular and corroborates previous observations that the upper mantle of
the Hikurangi Plateau is characterised by anomalously fast P-wave-speeds along
all azimuths.

3. Does the bending-induced normal faulting of the subducting plate near the
Hikurangi trough result in the reduction of P-wave-speeds in the crust and
the upper mantle? What are the implications for crustal and upper mantle
hydration?

We find an area of reduced P-wave-speeds in the Hikurangi Plateau crust
beneath the trough as it starts to bend under the North Island of New Zealand.
The reduction in P-wave-speed is about 10%. A similar reduction in
P-wave-speeds is deduced down to depths of ∼50 km in the upper mantle. The
∼10% reduction in P-wave-speeds in the crust and the upper mantle could be
explained in two ways. First, it could be due to the formation of hydrous
minerals along the bending-induced normal faults in the crust (e.g. hornblende,
chlorite) and upper mantle which can potentially extend down to depths of ∼50
km in the upper mantle (e.g. antigorite). This is the most widely reported
explanation for similar observations at other subduction zones [e.g. Ranero and
Sallarès, 2004; Shillington et al., 2015; Van Avendonk et al., 2011]. Alternatively, the
∼10% reduction in VP could be due to the development of crack porosity by
thermal cracking [Korenaga, 2017]. In contrast to tensional normal faults, if the
thermal cracks are open, downward water pumping is possible and this would
result in rapid serpentinisation of the thermal cracks. Bending-induced normal
faults would further enhance the porosity introduced by thermal cracking.
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This studyprovided the first insights into the hydration of the crust anduppermantle of
the Hikurangi Plateau as it subducts beneath the North Island of New Zealand. It also
provided evidence for the presence of anomalously high upper mantle P-wave-speeds
offshore of the East Coast of New Zealand. Furthermore, it demonstrated the ability of
the onshore-offshore seismic profiling technique in undershooting attenuating areas in
the subsurface to obtain constraints on the deeper velocity structure.

The study indicated several limitations as the two onshore-offshore transects were
single-sided. Therefore, constraints on near surface velocities onshore could not be
accurately estimated. In addition, complementing single-sided onshore-offshore
transects with ocean bottom seismographs will be useful in imaging the subsurface at
a higher resolution and reduce limitations associated with unreversed shooting.

6.2.2 Chapter 4 - Evidence for a Lithosphere-Asthenosphere Boundary Zone of the
Pacific Plate at the Southern Hikurangi Margin

In this chapter, the series of far-offset, late-arriving wide-angle reflections observed in
the onshore-offshore common receiver gathers in Chapter 3 were further investigated.
The research questions posed in this chapter and the answers for those questions
revealed from the study are given below.

1. Do these wide-angle reflections come from the lithosphere-asthenosphere
boundary channel?

Raytracing suggests that the wide-angle reflections define a series of layers with
a combined thickness of 11-15 km at a depth of ∼70 km in the upper mantle.
The depth of these layers are consistent with the depth to the
lithosphere-asthenosphere boundary channel for a ∼120 Myr old oceanic plate
of 70-80 km [Fischer et al., 2010; Kawakatsu et al., 2009]. These depths are also
consistent with the downdip extension of the lithosphere-asthenosphere
boundary channel found beneath the southern North Island [Stern et al., 2015].

2. If yes, what do these wide-angle reflections reveal about the
lithosphere-asthenosphere boundary?

We explain our observations with the following set of layers: first layer is a 3-5 km
thick, azimuthally anisotropic layer whose fast azimuth subparallels the direction
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of absolute plate motion; second layer is an 8-10 km thick, low P-wave velocity,
fluid- or melt-rich layer, which is interpreted to be the lithosphere-asthenosphere
boundary channel. Shearing due to the differential motion of the lithosphere on
top of the asthenosphere at the lithosphere-asthenosphere boundary channel is
proposed to reorient the [100] axes of olivine crystals above it along the direction
ofmaximumfinite strainwhich results in the azimuthally anisotropic layer above;
third layer is the asthenosphere.

3. What are the alternative explanations for the wide-angle reflections? Are they
plausible?

Our interpretation is non-unique. Tests were therefore conducted to assess
whether these observed far-offset, late-arriving phases could be explained by
other phenomena. They included (1) peg-leg multiples within the sedimentary
column, (2) P- to S- converted phases, and (3) side-swipe. None of these
phenomenons could fully explain the characteristics of these far-offset,
late-arriving phases.

The study revealed the fine-scale structure at the lithosphere-asthenosphere boundary
zone of the Pacific Plate subducting at the Hikurangi margin and is a useful adjunct to
controlled-source studies based on near vertical raypaths [Mehouachi and Singh, 2018;
Stern et al., 2015]. This has allowed us to discover a more structured LAB zone than
previously reported. Themost prominent outcome of the studywas the evidence for an
azimuthally anisotropic layer above a low-velocity, fluid- and/or melt-rich lithosphere-
asthenosphere boundary. It also provided constraints on the thickness of the Pacific
Plate at the Hikurangi margin.

However, the wide-angle reflections were recorded only at two stations with a good
signal-to-noise ratio, which limited the tracking of the lithosphere-asthenosphere
boundary zone further across the margin. In addition, the assumption of a a
two-dimensional geometry of the subduction zone to project three-dimensional
source-receiver raypaths on to a two-dimensional model may have had some effect on
the amplitudes of the synthetic common receiver gathers. But it is unavoidable as the
generation of synthetic seismograms for a three-dimensional Earth model at
controlled-source seismic frequencies (>10 Hz) is extremely computationally
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expensive, when compared to a two-dimensional model.

Similar wide-angle reflections from the lithospheric mantle are observed in the
onshore-offshore data from the Nankai margin [D. Bassett, pers. comm., 31 July 2020].
Although there is a high density of permanent seismograph stations in Japan, the
reflections are observed only at the highest gain stations. Common receiver gathers at
adjacent stations (20 km apart) from the airgun shots of the same multichannel
seismic line show vastly different resolution of mantle reflections.

Our study has motivated colleagues to look at similar wide-angle reflections in
onshore-offshore data at other regions (e.g. at Nankai margin in Japan), which will be
influential in improving our understanding of the lithosphere-asthenosphere
boundary. It would also be useful in designing future controlled-source experiments
targeting the lithosphere-asthenosphere boundary.

6.2.3 Chapter 5 - VP/VS Ratio, Material and Slip-rate Deficit Variations along
Hikurangi Margin Forearc

In this chapter, mode-converted waves from airgun shots recorded by an array of ocean
bottom seismographs along the Hikurangi margin forearc were used to estimate the
average VP/VS ratio of the sediments and rocks above the subducting crust. Here we
answer the following questions raised at the beginning of the thesis.

1. How does the VP/VS ratio of the sediments and rocks above the subducting
crust vary along the Hikurangi margin forearc? Does it show any relationship
with the crustal composition and the subduction thrust slip behaviour?

Average VP/VS ratios of the sediments and rocks above the subducting crust
vary between ∼1.55±0.08 and ∼2.22±0.08. They show an along-strike variation
with three regions of distinct VP/VS ratios. In the southernmost section of the
ocean bottom seismograph array (between 0 km and ∼80 km model distances),
the average VP/VS ratios are high (mean average VP/VS=2.00). In between ∼80
km and ∼160 km model distances the mean average VP/VS ratio reduces down
to 1.67. The mean average VP/VS ratio increases again to 2.08 between ∼160 and
∼300 km. These values represent variable sediment (and rock) thickness,
crustal composition along the strike, and also effects of porosity, clay content
and pore-pressure. In particular the region with low mean average VP/VS ratio
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corresponds to a region found to be comprising of low-porosity greywackes. We
also observe a notable correlation between sediment thickness and the average
VP/VS ratios of the rocks and sediments above the subducting crust and the
slip-rate deficits. There is also a weak correlation between the average VP/VS

ratios of the rocks and sediments above the subducting crust and the slip-rate
deficits. In regions with higher sediment (and rock) thicknesses and high
slip-rate deficits, the average VP/VS ratios are low and in regions with relatively
lower sediment (and rock) thicknesses and low slip-rate deficits, the average
VP/VS ratios are high.

2. How does the anisotropy of the sediments and rocks above the subducting
crust vary along the forearc? Are the VP/VS ratios affected by anisotropy?

Shear-wave splitting results indicate delay-times of 0.07-0.12 sec and shear-wave
polarisation azimuths perpendicular to the plate interface contours. This suggests
that an anisotropy (∼3.5%) is localised in the top layer of sediments beneath the
seafloor. The fast shear-wave polarisation azimuths oriented perpendicular to the
plate interface contours suggest that stress-aligned fluid-filled cracks control the
anisotropy.

Average VP/VS ratios estimated from this study can be used to calculate the
shear-wave velocities (VS) combining with the compressional-wave (VP) model
derived independently from the tomographic inversion of first arrivals. An
understanding of VS is particularly important for performing dynamic rupture
simulations of earthquakes and predicting associated ground shaking in assessing
seismic risk. VP and VS are directly related to the bulk modulus (κ) and shear
modulus (µ), and can be used to estimate the strength of the upper plate and provide
insights into its competency with plate convergence.

However, average VP/VS ratios have been estimated only beneath ocean bottom
seismographs where mode-converted phases could be observed. Therefore, the
spatial resolution of VP/VS ratios is limited. The average VP/VS ratios estimated are
for the section of sediments and rocks between the OBS station and the conversion
interface (e.g top of the subducting crust). Thus they would not reflect any VP/VS

variations due to fine-scale layering between the ocean bottom seismograph and the
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converting interface (lower vertical resolution).

In this research project, several likely PSS and/or PSP mode-conversions could be
identified. But they were not used in the study as they could not be confirmed as such
mode-conversions. Further investigations into these potential mode-conversions
could be conducted. If confirmed they can be used to further fine-tune the VP/VS

ratios using conventional raytrace methods. This will also be useful in increasing the
spatial and vertical resolutions of VP/VS ratios.

6.3 Concluding Remarks

The findings presented in this thesis provide new insights into the material and
processes from the top to the bottom of an oceanic plate. The thesis sheds light into
the lithospheric composition, geodynamic processes and the seismic signatures
associated with the subduction of an oceanic plateau. A wider question is, ”Are the
phenomena we see here specifically related only to the subduction of a oceanic
plateau with thick crust, or are these processes common to all subduction zones?”.
From similar studies from other parts of the world [e.g. Mehouachi and Singh, 2018;
Moreno et al., 2014; Shillington et al., 2015], it appears that what we see at the Hikurangi
margin has parallels elsewhere and the research presented here contributes to our
understanding of plate tectonics in general.
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Figure A.1Uppermantle P-wave-speeds and their depths reported by previous authors and in this study
along PEGASUS23 and PEGASUS25 transects. Brown lines indicate the profiles of the velocitymodels by
the authors. Yellow circles-Locations of P-wave-speeds of the uppermanlte. P-wave-speeds are indicated
in blue with their depths inside parantheses. The orientation of the P-wave-speed labels indicate their
azimuth of measurement. Black line-Hikurangi trough. Black triangles indicate thrust direction. [1]
Chong [1982], [2] Kayal and Smith [1984], [3] Robinson [1986], [4] Bannister [1988], [5] Galea [1992], [6]
Chadwick [1997], [7] Eberhart-Phillips et al. [2010], [8] Stern et al. [2018], [9] Mochizuki et al. [2019], [10]
This study.

140



A.1. Pre-modelling Considerations

A.1 Pre-modelling Considerations

A.1.1 Defining the Transects

Due to difficulties in reaching specific locations in the field (e.g. terrain, waterways,
accessibility) the onshore seismographs could not be placed inline with the offshore
MCS lines (Figure 3.1b). Therefore, to model the wide-angle reflections and refractions
observed in the receiver gathers in terms of a 2D model, the onshore seismographs are
projected perpendicularly to the transect defined by a line that is a linear regression
of the individual airgun shots of a seismic line. In order to preserve the true source-
receiver offsets, the airgun shots are radially projected on to the regression line (Figure
A.2).

Figure A.2 Perpendicular projection of seismographs and radial projection of airgun shots to the transect
defined by the linear regression line to the airgun shots. This projection preserves true source-receiver
offsets.

A.1.2 Projection of SAHKE 01 airgun shots to PEGASUS23 and PEGASUS25 tran-
sects

SAHKE01 line deviates 10◦ from the PEGASUS23, and 15◦ from PEGASUS25 transects.
An implicit assumption in interpreting the gathers produced from SAHKE01 airgun
shots, in terms of 2D models along PEGASUS23 and 25 transects, is that the crustal
structure beneath the region defined by the surface projection of the ray-paths does not
vary. This 3D to 2D projection issue is further minimised by only using the shots that
have source-receiver offsets greater than 150 km forMRZ, 100 km for PEG3 and 130 km
for BFZ (Figure 3.1b).
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When the subsurface interfaces from which refractions occur are horizontal, the
velocity of the refracting layer is resolved from the gradient of a t-x plot. The velocity
determination here is a function of source-receiver offset only. Therefore, a change in
source-receiver azimuth from shot line would not affect velocity determinations as
long as true source-receiver offsets are preserved.

When the interfaces are dipping, the velocity determination is a function of both offset
and dip of the interface. A deviation in the source-receiver azimuth from the true
structural dip of an interface would result in sampling the apparent dip of the
interface (Equation A.1 [Dobrin, 1988]).

sinφ = cosψ · sin δ (A.1)

Here, φ is the apparent dip, ψ is the angle between the shot direction and the direction
of the true dip, δ is the true dip.

The azimuths of PEGASUS23 and PEGASUS25 transects can be considered to be inline
with the true dip of the plate interface. The dip angle is ∼3-5◦ [Williams et al., 2013].
The interfaces further beneath are more likely to be parallel to the plate interface and
their true dips can also be considered to be inline with the two transects.

The source and receiver pair with themaximumdeviation in azimuth from the true dip
are the airgun shot at 130 km offset from BFZ station and the BFZ station itself (Figure
3.1b), respectively. This deviation in azimuth is ∼28◦.

Consider a two-layer model, with an upper velocity of 8.0 km/s and a lower velocity
of 8.7 km/s separated by a dipping interface. The difference between the apparent
velocities of the refracted phase for different angles of true dip when source-receiver
azimuth is along the true-dip and when the source-receiver azimuth deviates from
the true dip azimuth, in a shooting up-dip case is shown in Figure A.3. For an
interface with a true dip of 5◦, which is sampled by a set of source, receiver pairs
whose azimuth deviates 28◦ from the true dip azimuth, the difference in apparent
velocity is ∼0.05 km/s (Figure A.3). This difference is very small and can be
considered negligible. In the case of this study, the deviation of the azimuth of the
source-receiver pair from the azimuth of the transect (true-dip azimuth) decreases as
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the source-receiver offset increases. Thus the difference in apparent velocity further
decreases.

Figure A.3 Difference between the apparent velocities of a refracted phase for different true-dip angles
when the source-receiver azimuth is along the true-dip and when the source-receiver azimuth deviates
from the true dip azimuth. A two layer case with upper velocity of 8.0 km/s and lower velocity of 8.7
km/s when shooting up-dip is considered here.
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TableA.1Original and projected location details of seismographs along PEGASUS23 and PEGASUS25 transects. Deviation gives the difference in the horizontal location
and in the elevation between the original and projected locations. All X and Y coordinates are in New Zealand Transverse Mercator 2000 projected coordinate system.
Z is the elevation. Loc. = location. Model X is the x-distance of the seismograph along the two-dimensional velocity models.

Transect Station Original location Projected location Deviation Model X (km)X (m) Y (m) Z (m) X (m) Y (m) Z (m) Loc. (km) Z (m)
PE

GA
SU

S2
3

MRZ 1817978.05 5495727.41 292.79 1814316.63 5492806.82 611.64 4.683 -318.85 0.000
HOWZ 1811860.23 5469594.71 342.95 1824677.12 5479818.32 240.42 16.395 102.53 16.614
PEG13 1828796.73 5473041.19 247.75 1829582.84 5473668.24 309.76 1.006 -62.01 24.481
TIWZ 1843523.34 5482096.23 434.55 1830895.11 5472023.11 315.05 16.154 119.50 26.586
PEG12 1834317.90 5466320.67 146.66 1835005.96 5466869.52 167.06 0.880 -20.40 33.178
PEG11 1841084.49 5461724.03 129.39 1839877.00 5460761.65 283.26 1.543 -153.87 40.991
PEG5 1843716.77 5454823.62 223.54 1844265.46 5455261.29 256.59 0.702 -33.05 48.027
PEG4 1845264.89 5452508.90 245.85 1845995.85 5453091.96 255.59 0.935 -9.74 50.802
PEG3 1847899.25 5449729.12 331.55 1848375.35 5450108.88 351.86 0.609 -20.31 54.618
TMWZ 1842714.94 5445382.66 368.43 1848478.26 5449979.87 346.49 7.372 21.94 54.783
PEG2 1853744.92 5444808.79 69.16 1853047.10 5444252.12 76.29 0.893 -7.13 62.110
PEG1 1854993.59 5441510.29 19.65 1855140.62 5441627.57 20.00 0.188 -0.35 65.476

PE
GA

SU
S2

5

PRWZ 1851558.35 5506430.52 261.61 1849637.23 5505163.92 408.93 2.301 -147.32 0.000
PEG10* 1856441.82 5493665.93 238.03 1856987.35 5494015.60 239.26 0.653 -1.23 13.353
PEG9* 1861839.16 5487890.32 330.90 1861272.20 5487516.53 340.06 0.679 -9.16 21.138
PEG8 1861285.42 5484829.44 196.24 1862511.05 5485637.50 259.99 1.468 -63.75 23.388
BFZ 1874354.07 5491735.13 285.87 1863297.11 5484445.25 254.01 13.244 31.86 24.752
PEG7 1864937.83 5479539.03 166.93 1866048.85 5480271.53 151.53 1.331 15.40 29.816

PEG6.5* 1866967.40 5476827.81 83.29 1867909.71 5477449.07 236.65 1.129 -153.36 33.196
PEG6 1870075.63 5472278.70 58.12 1870941.97 5472849.88 59.52 1.038 -1.40 38.705
CPWZ 1869646.42 5466319.54 108.92 1873550.44 5468893.47 -13.07 4.676 121.99 43.444

* Signal-to-noise ratio is very low at these stations and do not show any distinguishable arrivals.
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Figure A.4 (a) Common receiver gather at PEG1 station with airgun shots of PEGASUS23 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.5 (a) Common receiver gather at PEG2 station with airgun shots of PEGASUS23 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.6 (a) Common receiver gather at TMWZ station with airgun shots of PEGASUS23 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.7 (a) Common receiver gather at PEG4 station with airgun shots of PEGASUS23 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.8 (a) Common receiver gather at PEG5 station with airgun shots of PEGASUS23 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.

149



Supplementary Material for Chapter 3

Figure A.9 (a) Common receiver gather at PEG11 station with airgun shots of PEGASUS23 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.10 (a) Common receiver gather at PEG12 station with airgun shots of PEGASUS23 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.11 (a) Common receiver gather at TIWZ station with airgun shots of PEGASUS23 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.12 (a) Common receiver gather at PEG13 station with airgun shots of PEGASUS23 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.13 (a)Common receiver gather at HOWZ stationwith airgun shots of PEGASUS23 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.14 (a) Common receiver gather at MRZ station with airgun shots of PEGASUS23 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.15 (a) Common receiver gather at CPWZ station with airgun shots of PEGASUS25 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.16 (a) Common receiver gather at PEG7 station with airgun shots of PEGASUS25 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.17 (a) Common receiver gather at BFZ station with airgun shots of PEGASUS25 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.18 (a) Common receiver gather at PEG8 station with airgun shots of PEGASUS25 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.19 (a) Common receiver gather at PRWZ station with airgun shots of PEGASUS25 line. Differ-
ent seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b)
Observed travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of
an observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b)
are reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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Figure A.20 (a) Common receiver gather at PEG3 station with airgun shots of SAHKE01 line. Different
seismic phases are colour-coded. Pg-red, PintP-pink, Po-light green, Pm1P-yellow and Pn1-cyan. (b) Ob-
served travel-times (colour-coded as in (a)) and calculated travel-times (black dots). The height of an
observed travel-time pick is twice its pick uncertainty. Note that the travel-time axes of (a) and (b) are
reduced at 6 km/s. (c) Traced rays and the velocity model, with rays colour-coded as in (a) and (b).
Yellow triangle-location of seismograph. Grey shading indicates areas in the velocity model without ray
coverage. White numbers with black outline are P-wave-speeds at those locations in km/s. Dashed black
lines are inferred interfaces. Continuous black lines are confirmed interfaces. The x-axes in (a) and (b)
indicate the offset from the recording station and the x-axis in (c) indicates the model distance starting
from MRZ station. AUS. PLATE and PAC. PLATE are Australian Plate and Pacific Plate respectively.
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FigureA.21Multichannel seismic reflection image along PEGASUS23 line overlain by stacking velocities.
White lines are the prominent reflectors. Black lines are velocity contours (contour interval is 0.5 km/s).
X-axis is the same model distance as in the transect.

FigureA.22Multichannel seismic reflection image along PEGASUS25 line overlain by stacking velocities.
White lines are the prominent reflectors. Black lines are velocity contours (contour interval is 0.5 km/s).
X-axis is the same model distance as in the transect.
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Figure A.23 Multichannel seismic reflection image along SAHKE01 line overlain by stacking velocities.
White lines are the prominent reflectors. Black lines are velocity contours (contour interval is 0.5 km/s).
Origin of the X-axis is at TRWZ station (see Figure 3.1a).

Figure A.24 (a) Perturbation test results for the uncertainties in the P-wave-speed at the base and thick-
ness of the Australian Plate crust. (b) Perturbation test results for the uncertainty in the dip of the plate
interface and the P-wave-speed at the base of the Australian Plate crust. White contour-95% confidence
level contour.
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Figure A.25 Three-parameter perturbation test to estimate the uncertainties of the velocity at the base
of the regular mantle, depth and velocity of the top of the faster mantle layer. TRMS for model param-
eter combinations that could trace more than 90% of observed travel-time picks of Pn2 phase (106/118
points) with TRMS < 1 sec are plotted here. Dashed red, green and blue lines indicate the minimum and
maximum trade-offs of regular mantle base velocity, depth to and velocity of the top of the faster upper
mantle layer, respectively. Magenta and green stars indicate the preferred and minimum TRMS model
parameter combinations, respectively. Note that both preferred and minimum TRMS model parameter
combinations fall within the cuboid defined by the intersecting dashed lines. Corners of the cuboid are:
7.9 km/s and 8.2 km/s along the ”regular mantle base velocity” axis; 8.5 km/s and 8.9 km/s along the
”faster mantle top velocity” axis; and 24 km and 27 km along the ”depth” axis.
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Figure A.26 (a) Plot of travel-time misfits with model distance along PEGASUS23 transect. (b) His-
togram of travel-time misfits binned every 50 msec.

164



Projection of SAHKE01 Airgun Shots

−0.8

−0.6

−0.4

−0.2

0.0

0.2

0.4

0.6

0.8

T
ra

v
e

l 
T

im
e

 M
is

fi
t 

(s
)

0 50 100 150 200 250 300

Model Distance (km)

−0.8

−0.6

−0.4

−0.2

0.0

0.2

0.4

0.6

0.8

T
ra

v
e

l 
T

im
e

 M
is

fi
t 

(s
)

0 10 20

Picks (%)

(a) (b)

Figure A.27 (a) Plot of travel-time misfits with model distance along PEGASUS25 transect. (b) His-
togram of travel-time misfits binned every 50 msec.

Figure A.28 Ray density plot computed on a 100 m×100 m grid along PEGASUS23 transect. Dashed
black lines-layer boundaries

Figure A.29 Ray density plot computed on a 100 m×100 m grid along PEGASUS25 transect. Dashed
black lines-layer boundaries
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Figure A.30 (a) Comparison of plate interface along PEGASUS23 transect from this study (red dashed
line) and from Williams et al. [2013] (green dashed line), superimposed on the velocity model resolved
along raypaths. (b)Difference in depth ofWilliams et al.’s [2013] plate interface and that from this study.
Williams et al.’s [2013] plate interface model has been derived by interpolating upper envelopes of relo-
cated earthquakes and the plate interface identified from active source seismic surveys. (c) Histogram
of depth differences.
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Figure A.31 (a) Comparison of plate interface along PEGASUS25 transect from this study (red dashed
line) and from Williams et al. [2013] (green dashed line), superimposed on the velocity model resolved
along raypaths. (b)Difference in depth ofWilliams et al.’s [2013] plate interface and that from this study.
Williams et al.’s [2013] plate interface model has been derived by interpolating upper envelopes of relo-
cated earthquakes and the plate interface identified from active source seismic surveys. (c) Histogram
of depth differences.
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Figure A.32 Delay times for Pn2 (purple), R1 (orange) and R2 (blue) phases of the common receiver
gather at MRZ station with the shots of SAHKE01 line (Figure 4a) when the velocity structure of the
Hikurangi Plateau crust at offsets> 150 km is changed from the final preferredmodel along PEGASUS23
transect. Base velocity of oceanic crust 6.60 km/s (circles), 6.80 km/s (diamonds), 7.00 km/s (stars) and
7.20 km/s (triangles). Note that the thickness of the Hikurangi Plateau crust has not been changed from
the model as its thickness is found to be uniform (∼12 km).
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Figure A.33 (a) One-dimensional velocity models of Chadwick’s [1997] refraction profile and PEGA-
SUS23 transect at the point of their intersection. (b) One-dimensional velocity models of Chadwick’s
[1997] refraction profile and PEGASUS25 transect at the point of their intersection.

Figure A.34 Comparison of the curvatures of the subducting slabs and their ages. Solid lines show the
slab curvatures from the Slab 2.0 model for global subduction zones [Hayes et al., 2018]. Dashed line
shows the slab curvature for Hikurangi Plateau from the plate interface model of Williams et al. [2013].
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Figure B.1 Simple test to assess whether R0, R1 and R2 observed in the common receiver gather at BFZ
with the airgun shots of SAHKE01 line (Figure 4.2a) could be explained as peg-leg multiples between
prominent reflectors within the sedimentary section of Pn2 upper mantle refracted phase. (a) Structure
and raypath diagram. Blue rectangle indicates the extents of (b). (b) Zoomed section of the depth
converted multichannel seismic reflection image along SAHKE01 showing the two prominent reflectors
A and B in the sedimentary section. (c)Observed (colour-coded as in (a) and (b)) and calculated travel-
times (black).
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Figure B.2 Simple test to assess whether R0, R1 and R2 observed in the common receiver gather at MRZ
with the airgun shots of SAHKE01 line (Figure 4.2b) could be explained as peg-leg multiples between
prominent reflectors within the sedimentary section of Pn2 upper mantle refracted phase. (a) Structure
and raypath diagram. Blue rectangle indicates the extents of (b). (b) Zoomed section of the depth
converted multichannel seismic reflection image along SAHKE01 showing the two prominent reflectors
A and B in the sedimentary section. (c)Observed (colour-coded as in (a) and (b)) and calculated travel-
times (black).
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Figure B.3 Particle motion plots to test if (a) Pn2, (b) R0, (c) R1, (d) R2 and (e) R3 are incoming shear
waves into the onshore seismograph (BFZ) with airgun shots of SAHKE01 line. Particle motion corre-
sponds to the trace at the center of each rectangle within a time window of 400 msec (shown by the
height of each rectangle).

Table B.1 Raytracing statistics for the wide-angle reflections observed in the common receiver gathers
shown in Figure 4.2 in the main text.

Phase MRZ/PEGASUS23 MRZ/SAHKE01 BFZ/SAHKE01
Av. Unc. N TRMS χ2 Av. Unc. N TRMS χ2 Av. Unc. N TRMS χ2

R0 na na na na 0.200 590 0.084 0.175 0.200 741 0.202 1.021
R1 0.200 265 0.191 0.914 0.200 372 0.219 1.203 0.200 654 0.132 0.435
R2 0.200 439 0.039 0.038 0.200 1112 0.141 0.496 0.200 368 0.115 0.335
R3 na na na na 0.200 126 0.130 0.433 0.200 166 0.052 0.067

Av. Unc. = Average uncertainty in travel-time picks
N = Number of travel-time picks
TRMS = Root mean square travel-time misfit
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Figure B.4 Particle motion plots to test if (a) Pn2, (b) R0, (c) R1, (d) R2 and (e) R3 are incoming shear
waves into the onshore seismograph (MRZ) with airgun shots of SAHKE01 line. Particle motion cor-
responds to the trace at the center of each rectangle within a time window of 400 msec (shown by the
height of each rectangle).
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Figure B.5 (a) Difference in water depth between the original location of the airgun shots along the
SAHKE01 line and their projected locations on to the PEGASUS23 line. Note the hump near 200 km
model distance is due to the Hikurangi channel (b) Histogram of the depth differences in (a).

Figure B.6 (a) Difference in water depth between the original location of the airgun shots along the
SAHKE01 line and their projected locations on to the PEGASUS25 line. (b) Histogram of the depth
differences in (a).

Table B.2Density (in kgm-3) and velocity (in kms-1) parameters used for synthetic waveformmodelling
in SPECFEM2D.

Layer Density VP VP/VS
Water 1000 1500 ∞

Upper Crust 2400 4500 1.9
Oceanic Crust 2700 6700 1.8
Upper Lithospheric Mantle 3300 8000 1.8
Lower Lithospheric Mantle 3300 8700 1.8
Anisotropic Layer 3350 Stiffness Tensor*
Low-velocity Channel (Upper) 3100 7600 2.5
Low-velocity Channel (Lower) 3100 7400/7800 1.85
Asthenosphere 3300 8100 1.8
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Figure B.7 (a)Velocity model and traced rays for the upper mantle refraction and wide-angle reflections
in the common receiver gather at MRZ station with the airgun shots of PEGASUS23 line (Figure 4.2(c)).
Pn2-purple, R0-green, R1-yellow, R2-blue and R3-red. (b) Observed travel-times colour-coded as in (a)
and calculated travel-times (black dots). Note that the height of an observed travel-time pick is twice the
pick uncertainty.
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Figure B.8 (a)Velocity model and traced rays for the upper mantle refraction andwide-angle reflections
in the common receiver gather at MRZ station with the airgun shots of PEGASUS23 line (Figure 4.2(c)).
R1-yellow and R2-blue. (b) Observed travel-times colour-coded as in (a) and calculated travel-times
(black dots). Note that the height of an observed travel-time pick is twice the pick uncertainty.

Figure B.9 Uncertainty estimate for the depth to R0 reflection observed in the common receiver gather at
BFZ station from the airgun shots of SAHKE01 line.
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Figure B.10 (a) Raypath diagram for the traced rays for the observed wide-angle reflections and refrac-
tions in Figure 4.2a. (b) Travel-time picks of the phases observed in Figure 4.2a colour-coded as in (a).
Height of an observed travel-time pick is twice the pick uncertainty. Calculated travel-times are in black.
Note that the travel-time axis is reducedwith a velocity of 8.0 km/s. (c) Zoomed-up section of the region
shown by the black, dashed rectangle in (a).
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Figure B.11 (a)-(h) Synthetic common receiver gathers for different elastic tensors defining the velocities
in the anisotropic layer. Yellow and green arrows indicate R0 and R1 wide-angle reflections. Light-green
shaded region indicates the offset range where R0 is observed to merge with R1 in the actual common
receiver gather in Figure 4.2a.
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Figure B.12 (a)-(h) Synthetic common receiver gathers for different thicknesses of the anisotropic layer.
Yellow and green arrows indicate R0 and R1 wide-angle reflections. Light-green shaded region indicates
the offset range where R0 is observed to merge with R1 in the actual common receiver gather in Figure
4.2a.
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Figure C.1 Common receiver gathers of (a) vertical, (b) radial, (c) transverse and (d) hydrophone
components at OBS 331. Note that the travel-time axes are reduced using a reduction velocity of 7.0 km/s.
Identified seismic phases are labelled. Pg-refraction in the upper plate, Po-refraction in the oceanic crust.
Note that converted phases cannot be identified confidently in the radial and transverse components.
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